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Abstract 8 

Direct and semi-direct radiative effects of biomass burning aerosols from Southern African fires 9 

during July-October are investigated using 20 year runs of the Community Atmospheric Model 10 

(CAM) coupled to a slab ocean model. Aerosol optical depth is constrained using observations in 11 

clear skies from MODIS and for aerosol layers above clouds from CALIPSO. Over the ocean, 12 

where the aerosol layers are primarily located above cloud, negative top of atmosphere (TOA) 13 

semi-direct radiative effects associated with increased low cloud cover dominate over a weaker 14 

positive all-sky direct radiative effect (DRE). In contrast, over the land where the aerosols are 15 

often below or within cloud layers, reductions in cloud liquid water path (LWP) lead to a 16 

positive semi-direct radiative effect that dominates over a near-zero DRE. Over the ocean, the 17 

cloud response can be understood as a response to increased lower tropospheric stability (LTS) 18 

which is caused both by radiative heating in overlying layers and surface cooling in response to 19 

direct aerosol forcing. The marine cloud changes are robust to changes in the cloud 20 

parameterization (removal of the hard-wired dependence of clouds on LTS), suggesting that they 21 

are physically realistic. Over land decreased LWP is consistent with weaker convection driven 22 

by increased static stability. Over the entire region the overall TOA radiative effect from the 23 

biomass burning aerosols is almost zero due to opposing effects over the land and ocean. 24 

However, the surface forcing is strongly negative requiring a reduction in precipitation. This is 25 

primarily realized through reductions in convective precipitation on both the southern and 26 

northern flanks of the convective precipitation region spanning the equatorial rainforest and the 27 

ITCZ in the southern Sahel. The changes are consistent with the low-level aerosol-forced cooling 28 

pattern. The results highlight the importance of semi-direct radiative effects and precipitation 29 

responses for determining the climatic effects of aerosols in the African region. 30 
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1. Introduction 31 

The effects of aerosols emitted by biomass burning on Earth’s radiation budget are 32 

significant but their magnitude and extent are not yet fully understood (Schultz et al. 2006; 33 

Ramanathan and Carmichael 2008). Southern Africa is a region characterized by intense biomass 34 

burning emissions during the months of June to October (Cooke et al. 1996). Biomass burning 35 

contributes to over 86% of the total global emissions of black carbon -soot, and the largest 36 

source of biomass burning emissions is the African savannas (Levine et al., 1995). These 37 

emissions form extensive aerosol layers which advect primarily westward over the southeastern 38 

Atlantic Ocean (e.g. Matichuk et al. 2007, Chand et al., 2009), where they overlay vast decks of 39 

stratocumulus clouds.  40 

The reflection and absorption of solar radiation by aerosols changes the radiative balance 41 

of the lower atmosphere and may plausibly induce feedbacks on clouds and the hydrological 42 

cycle (e.g. Lau et al., 2006). Climate model studies have found that the climate sensitivity to 43 

absorbing aerosols such as black carbon can be two or more times larger than the sensitivity to 44 

carbon dioxide for a given top-of-atmosphere (TOA) radiative forcing (Hansen et al., 1997; 45 

Cook and Highwood, 2004). This is in part because, in addition to the aerosol direct effect, 46 

models show a reduction in cloudiness driven by the aerosol heating profile (Ackerman et al. 47 

2000), a response termed the semi-direct aerosol effect (Hansen et al. 1997). Studies have also 48 

indicated that there may be important aerosol indirect effects associated with absorbing aerosols 49 

acting as cloud condensation nuclei that may partially cancel their warming effect (Chen et al. 50 

2010).  51 
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Observations indicate that, for a given aerosol single scattering albedo, the direct 52 

radiative forcing efficiency (direct radiative forcing per unit of aerosol optical depth) depends 53 

primarily on the amount of cloud cover (Chand et al., 2009) since it is dependent on the albedo 54 

of the underlying surface (Chylek and Coakley 1974). Over the southeastern Atlantic, there is no 55 

consensus in the models as to the sign or magnitude of the direct aerosol forcing (Schulz et al. 56 

2006), and this may be caused in part due to differences in the representation of clouds across 57 

models. Observationally-derived estimates, assuming plausible single scattering albedos, indicate 58 

that the aerosol TOA direct forcing over the southeastern Atlantic switches from positive to 59 

negative for regions where the cloud cover exceeds about 40% (Chand et al. 2009).  60 

The semi-direct aerosol effect is caused by a change in cloud cover or cloud liquid water 61 

path due to heating from aerosol absorption of solar radiation. Morgan et al. (2006) found a lack 62 

of consensus as to the sign and magnitude of the global semi-direct effect among twenty-four 63 

expert atmospheric and climate scientists, while estimates of direct and indirect effects were 64 

more consistent among the experts. Unraveling the uncertainties in the semi-direct effects is 65 

important as some studies found that the magnitude of semi-direct effects could exceed the direct 66 

forcing (Johnson et al., 2004) and the atmospheric feedback processes that arise from semi-direct 67 

effect could play an important role explaining the total aerosol radiative effect (Lau et al., 2010).  68 

Several studies have estimated semi-direct effects in global and regional scales (Hansen 69 

et al., 1997, Penner et al. 2003, Cook and Highwood 2004, Johnson et al. 2004; Allen and 70 

Sherwood 2010), but little consistency is seen among their results. Johnson et al. (2004) 71 

examined the dependence of the aerosol radiative effect on the vertical distribution of aerosols. 72 

They found that the sign of direct and semi-direct effects can be different depending on whether 73 

absorbing aerosol is located above, in, or both in and above the boundary layer. Other studies 74 
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(Cook and Highwood, 2004; Yoshimori and Broccoli 2008, Sud et al., 2009; Allen and 75 

Sherwood, 2010) also recognize the dependence of the vertical distribution of aerosols on the 76 

radiative forcing. It is also known that the semi-direct effect estimated from modeling studies is 77 

dependent on the cloud scheme of the models (Cook and Highwood, 2004; Williams et al., 78 

2004). There is a lack of plausible hypotheses for how clouds respond to absorbing aerosols, and 79 

numerous questions remain. For example, to what extent might reductions in downwelling solar 80 

radiation impact clouds underlying aerosol layers, compared with changes in the lower 81 

tropospheric static stability that are observed to impact cloud cover (Klein and Hartmann 1993, 82 

Wood and Bretherton 2006)? Can static stability metrics derived primarily from regions without 83 

aerosol layers offer useful guidance as to the response of low clouds to overlying absorbing 84 

aerosols? Or do the changes in the large scale atmospheric circulation (e.g. vertical velocity) 85 

induced by aerosol heating also play a major role in driving cloud responses?  86 

In this study, we use a global atmospheric model coupled with a slab ocean to assess the 87 

aerosol direct and semi-direct radiative effects at the regional scale associated with carbonaceous 88 

aerosols emitted by southern African biomass burning. A global model is used because regional 89 

simulations that restrict advection at the boundaries may lead to unrealistic or amplified results 90 

(Sud et al. 2009). We choose to examine a limited regional system where the configuration of 91 

aerosols and clouds is fairly simple and yet the scenarios are realistic compared with idealized 92 

models. Global studies, while all-encompassing, have the limitation of inclusion of a whole host 93 

of different aerosol-cloud configurations which renders understanding the responses more 94 

difficult.  We conduct simulations with and without carbonaceous aerosols to derive the aerosol 95 

direct and semi-direct effects. We break down the aerosol direct radiative effect (DRE) into that 96 
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for clear sky and cloudy sky, and the semi-direct effect into components caused by changes in 97 

cloud cover and liquid water path separately.  98 

Section 2 describes the numerical experiments performed, and uses observations to 99 

constrain the aerosol properties used in the model. Section 3 describes the results of the 100 

simulations, while Section 4 presents a discussion and conclusions.  101 

2. Experiments and set-up 102 

We use NCAR’s global atmospheric model, the Community Atmospheric Model (CAM) Version 103 

3.0 - Slab Ocean Model (CAM3-SOM) to interpret the impact of biomass burning aerosol layers 104 

at the regional scale. Our study focuses on the examination of direct and semi-direct effect and 105 

therefore this model does not include aerosol indirect effects. The cloud nucleating properties of 106 

biomass burning aerosols may be important (Chen et al. 2010), but we do not consider these 107 

effects here since CAM Version 3.0 does not resolve aerosol activation. In addition, over the 108 

ocean many of the aerosol layers are not in direct contact with the underlying cloud layers which 109 

would imply weaker indirect effects than one might observe elsewhere.    110 

Aerosol fields are provided to the model rather than emissions, and are derived using the 111 

method of Collins et al. (2001) and Rasch et al. (2001) which uses the Model for Atmospheric 112 

Chemistry and Transport (MATCH) (Rasch et al., 1997) a chemical transport model to produce 113 

model fields that are then adjusted to give approximate agreement with satellite observations (see 114 

Section 2.1 below). The model aerosol species are natural and anthropogenic sulfate, sea-salt, 115 

organic and black carbon, and dust. The aerosols are annually-cyclic monthly values. Additional 116 

details are provided in the CAM Science Description document (Collins et al. 2004).   117 
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Two 20-year simulations are performed: one (termed PD) with present day aerosol fields 118 

and another (termed NC) in which all the carbonaceous aerosols (organic and black carbon) are 119 

removed over the region 10N-30S, and 20W-50E (see map Fig. 1) during the main southern 120 

African biomass burning season (July-October). During the other months when the effect of 121 

biomass burning from southern Africa is minimal, the aerosols in the two simulations are set to 122 

present day levels. The carbonaceous aerosol fields in the present day simulation are taken from 123 

the MATCH model and we found that while the geographic distribution of the aerosol optical 124 

depth matched satellite observations well, better quantitative agreement was obtained by 125 

doubling the organic and black carbon masses over the region 10N-30S, and 20W-50E. 126 

Comparisons of the model and satellite-derived aerosol fields are discussed in the next section.  127 

2.1 Constraining the model aerosol fields with observations 128 

To constrain the aerosol fields used in the model, we use data from both the Moderate 129 

Resolution Imaging Spectroradiometer (MODIS), and from the Cloud Aerosol Lidar and Infrared 130 

Pathfinder Satellite Observation (CALIPSO). From MODIS we use clear-sky passive visible 131 

retrievals (Remer et al. 2005) of aerosol optical depth (AOD) at a wavelength of 500 nm, and of 132 

the fine mode aerosol fraction. These retrievals include improved estimates over land (Levy et al. 133 

2007), although there are still problems over bright surfaces. We use Collection 5 of the MOD04 134 

aerosol product as included in the Level-3 MODIS Atmosphere Daily product gridded to 11, 135 

and from this we create a July-October mean (2001-2008) clear-sky AOD climatology (Fig. 2) 136 

for all aerosols and for the fine mode separately.     137 

In addition, we use active spaceborne lidar observations from CALIPSO to estimate the 138 

AOD at 532 nm of aerosol layers above clouds using the retrieval method of Chand et al. (2008). 139 
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We use two years of data (2006 and 2007) to create estimates of the mean AOD of elevated 140 

aerosol layers above low clouds, following the methodology described in Chand et al. (2009). 141 

Figure 2 shows maps of mean total (fine+coarse) AOD at 500 nm for all-sky from CAM (PD 142 

simulation), for clear-sky from MODIS, and for aerosol layers above clouds from CALIPSO. We 143 

additionally screen MODIS AOD for days where cloud fraction was less than 0.5 to reduce 144 

contamination from the effects of broken clouds (see e.g. Kaufman et al. 2005, Loeb and 145 

Manalo-Smith 2005). Good agreement of the spatial pattern of AOD is seen between the aerosol 146 

fields from the CAM and from the observations (Fig. 2).  147 

We compare the fields using regression and mean values for the region with CALIPSO 148 

observations (7.5N-22.5S, 27.5W-17.5E). For the spatial correlation,  r=0.87 between CAM 149 

and MODIS total AOD and r=0.74 between CAM and CALIPSO. The mean MODIS total AOD 150 

over ocean is 0.26 (vs 0.38 over land) while it is 0.24 (vs 0.40 over land) for CAM, indicating 151 

that our adjustment of the CAM fields produces a good match with the observations over both 152 

ocean and land. The CALIPSO AOD estimates are smaller (see Fig. 2c), but this is expected 153 

since CALIPSO retrieval used here only captures those aerosol layers that lie above clouds, and 154 

the CAM aerosol fields indicate that there are carbonaceous aerosols both above and below 155 

clouds over the ocean. In addition, data from CALIPSO (Chand et al. 2008) indicates that the 156 

aerosol layers above clouds have high Angstrom exponents of ~2, and so a fairer test of the 157 

fidelity with which biomass burning aerosol is represented in the model would be to compare 158 

CAM AOD from carbonaceous aerosols with MODIS fine mode AOD. These compare 159 

extremely well (Fig. 2d and 2e, and Fig. 3), with mean values over ocean (land) of 0.16 (0.23) 160 

for MODIS fine mode AOD and 0.14 (0.27) for CAM carbonaceous aerosols. Recalling the 161 

lower AOD for aerosols above clouds from CALIPSO (Fig. 3, with means of 0.09 and 0.13 over 162 
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ocean and land respectively), it is reasonable to conclude that perhaps 50-75% of the fine mode 163 

AOD over the ocean in regions influenced by carbonaceous aerosols is coming from layers 164 

above clouds. The ratio of the mean AOD from CALIPSO to that from the MODIS fine mode is 165 

0.56 over ocean (see also Fig. 3). This is consistent with the model vertical aerosol structure: a 166 

longitude-height cross section of cloud occurrence and carbonaceous aerosols averaged over 0-167 

20S from the CAM (Fig. 4a) shows that the carbonaceous aerosols peak near the surface over 168 

land but the majority of the mass loading is above the low clouds in the marine boundary layer 169 

(MBL) over ocean (Fig. 4b gives mean ocean profiles). This is also in agreement with in-situ 170 

aircraft observations made over the ocean in this region (Anderson et al. 1996) which show a 171 

peak in fine mode aerosols at 3-4 km altitude and considerably lower aerosol concentrations 172 

close to the surface. This configuration of aerosols being primarily above the clouds over the 173 

ocean to the west of southern Africa is a result of prevailing winds in the MBL over the ocean 174 

mainly bringing relatively clean air from the south while the winds at 850 hPa and above are 175 

advecting aerosols from the South African continent (see also Matichuk et al.2007, Chand et al. 176 

2009).   177 

2.2 Partitioning the radiative response into direct and semi-direct components 178 

Differences between the PD and NC simulations are used to examine the effects of the 179 

biomass burning smoke on the radiative budget and regional climate. Here, we focus on the 180 

months of July to October, so all quantities we present are means over this period. We only 181 

consider shortwave effects here since the longwave effects of the changes in aerosols and the 182 

responses they incite in low clouds are small. Each of the simulations is run with an offline 183 

calculation of the aerosol direct radiative effect (DRE), which allows us to parse the total change 184 

in net solar irradiance (at an arbitrary level and horizontal location) F into four terms: 185 
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S2                             S1                        D2                          D1                     

)}({}{}{)}1({ , CLRCLDYLWPCLDYCLDYCLR FFCFFCFDRECFCFDREF 
        [1] 

186 

Throughout, the symbol  represents the difference between the two simulations (PD - NC), and 187 

F is the net solar irradiance. A derivation of [1] is given in Appendix A. The first term in Eqn. 188 

[1], D1 )}1({ CFDRECLR   is the aerosol direct radiative effect in clear sky conditions weighted 189 

by the fractional clear sky amount. The second term, in Eqn. [1], D2 }{ CLDYDRECF   is the 190 

aerosol direct radiative effect in cloudy-sky conditions weighted by cloud fractional amount. The 191 

sum of these two terms is the total aerosol direct radiative effect. The third term, S1 192 

}{ ,LWPCLDYFCF   is the semi-direct aerosol effect in cloudy sky conditions associated with 193 

changes in the cloud liquid water path (LWP). The fourth term, S2 )}({ CLRCLDY FFCF   194 

represents the semi-direct aerosol effect due to cloud cover change. The semi-direct aerosol 195 

effects in this study are a result of changes in the radiative heating profile and their effects on 196 

meteorological fields forced by presence of carbonaceous aerosols. Since we are using a slab 197 

ocean model, these meteorological changes include those stemming from surface temperature 198 

reductions due to reduced solar irradiance. Cloudy-sky solar flux is calculated in the standard 199 

way from the model outputs using shortwave cloud radiative effect (SWCRE) and the difference 200 

between the clear sky and all-sky solar fluxes. The sum of the third and the fourth terms 201 

represents the total aerosol semi-direct radiative effect. We calculate and examine these terms at 202 

the top of atmosphere and at the surface, and the difference between them constitutes the 203 

atmospheric aerosol radiative effect.  204 
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We also define a radiative forcing efficiency by carbonaceous aerosols as the forcing F205 

(or term in [1] contributing to F ) per unit of carbonaceous aerosol optical depth (i.e. the 206 

difference in AOD between the PD and NC model runs), which has units of Wm-2-1.  207 

3. Results 208 

3.1 Regional maps of aerosol radiative effects 209 

Table 1 and Fig. 5 provide details of the time-mean (July-October) shortwave radiative 210 

effects (flux differences) due to carbonaceous aerosols, averaged over the region for which the 211 

aerosol perturbations have been applied, i.e. 20W-50E, 10N-30S (see Fig. 1). Table 1 gives 212 

mean, median and spatial standard deviation of the aerosol radiative effect and contributing 213 

terms (i.e. D1, D2, S1 and S2) at the TOA, the surface and for the atmosphere, broken down by 214 

ocean,land, and ocean+land respectively. Figure 5 presents maps of these terms including the 215 

sum total of all the effects.  216 

3.2 Direct radiative effects and efficiency 217 

Negative top of atmosphere clear-sky DRE (term D1) indicates that over dark surfaces 218 

aerosol scattering dominates (Fig. 5a). Over the region of high surface albedo such as around the 219 

Kalahari Desert in southern Africa (Fig. 5a), high surface albedo leads to weak positive clear-sky 220 

DRE at the TOA. Over the ocean, because there are extensive low clouds, the magnitude of term 221 

D2 (cloudy-sky DRE weighted by cloud cover) exceeds term D1 in the mean (Table 1). Term D2 222 

is positive because the clouds are sufficiently bright, and the aerosol absorption sufficiently 223 

strong (Fig. 3k,l), and agrees with observationally-derived satellite estimates constrained with in-224 

situ aerosol single-scattering albedo (Chand et al. 2009). However, the cancellation between 225 
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terms D1 and D2 in the mean over the ocean belies a highly spatially variable signal in cloudy-226 

sky DRE (term D2, Fig. 5b) compared with D1 (Table 1). Term D2 greatly exceeds D1 over the 227 

region where there is both extensive low cloud cover and carbonaceous aerosols  (Figs. 1, 2 and 228 

Fig. 10). In this region close to the southern African coast the carbonaceous aerosol layers are 229 

primarily located above low clouds (Fig. 4) which maximizes the effects of aerosol absorption 230 

and leads to a strong positive DRE at the TOA.  231 

Over land, the TOA DRE terms are smaller than over ocean, but there is more or less 232 

complete cancellation of terms D1 and D2 leading to near-zero DRE. This is interesting given 233 

that the low cloud cover is much smaller over land than over ocean (Fig. 6). However, there is 234 

considerable total cloud over the land (almost 50%, see Table 1), much of which is in the form of 235 

thin cirrus. Satheesh (2002) uses radiative transfer calculations to show significant positive DRE 236 

at the TOA even the case where clouds with an optical thickness of 4 are above absorbing 237 

aerosols. The TOA DRE would become more positive still for optically thinner clouds.  238 

The atmospheric aerosol radiative effect (i.e. the difference between TOA and surface) 239 

comes almost exclusively from the DRE (Table 1 and Fig. 5k-n), which is strongly positive due 240 

to aerosol absorption of solar radiation. The clear sky, atmospheric DRE (not weighted by clear 241 

sky amount) linearly increases with AOD (r = 0.97). The cloudy sky atmospheric DRE has a 242 

maximum where low cloud fraction has its relative maximum (Fig. 5l). This further emphasizes 243 

the importance of low clouds underlying the absorbing aerosol layers.  244 

The DRE at the surface is strongly negative (Table 1 and Fig. 5f,g) and is dominated by 245 

the clear sky contribution over the land. Over ocean, there are approximately equal contributions 246 

from the clear and cloudy sky, which is interesting and has potentially important implications for 247 
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the impacts on the upper ocean heat budget, which can feed back and impact the semi-direct 248 

effects. 249 

Because the aerosol DRE is approximately linearly dependent on aerosol optical depth 250 

(Chylek and Coakley, 1974), the dependence of the DRE on other aerosol and cloud properties 251 

can be efficiently examined using the concept of radiative forcing efficiency (RFE, the radiative 252 

effect per unit of AOD change between the PD and NC simulations). Maps showing the total 253 

direct RFE (sum of terms D1+D2 per unit of carbonaceous aerosol optical depth) for the TOA, 254 

surface, and the atmosphere are shown in Fig. 6. Consistent with Chand et al. (2009), there is a 255 

high correlation between mean low cloud fraction and total direct RFE for both the atmosphere 256 

and TOA over ocean (r=0.84 for RFE at the TOA and r=0.79 for the atmospheric RFE). The 257 

correlation is weaker over land (r values of 0.73 and 0.66 for the TOA and atmosphere 258 

respectively), but is still strong, highlighting the important role that clouds play in determining 259 

the DRE of biomass burning aerosols. In contrast, the correlation of the direct RFE at the surface 260 

with low cloud cover is strong over land (r=0.92) while no significant correlation is found over 261 

ocean (r=0.17), a point to which we return below.  262 

For the atmospheric absorption, the two key factors that contribute to the land-ocean 263 

contrasts are the vertical profile of aerosols relative to cloud height and the albedo of the surface 264 

underlying the aerosol layer. Figure 7 shows a contrasting dependence of total atmospheric direct 265 

RFE as a function mean low cloud fraction. When clouds are primarily found above aerosol 266 

layers, the total atmospheric absorption RFE weakens with cloud cover, whereas it strengthens 267 

when aerosol layer are primarily above clouds. Since aerosol layers are primarly found above 268 

clouds over ocean and in/below clouds over land (Fig. 4), the atmospheric direct RFEs over 269 

ocean and land have opposing dependencies on low cloud cover. When the absorbing aerosols 270 
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are in and below the low clouds, the aerosol absorption of solar radiation is weaker because 271 

clouds reflect a significant fraction of the incoming solar radiation before it can reach the aerosol 272 

layer. However when the absorbing aerosols are above clouds, aerosol absorption is stronger 273 

with more low cloud cover because reflection from clouds gives the aerosols a second 274 

opportunity to absorb solar radiation.  275 

As mentioned above, the surface direct RFE is poorly correlated with low cloud cover 276 

over ocean (r=0.17), but is well-correlated with cloud LWP (r=0.79) indicating that thick low 277 

clouds shield the ocean surface from the radiative effects of aerosols since high LWP regions are 278 

those with the weakest negative surface RFE (Fig. 6). Over land, the surface direct RFE is well 279 

correlated with low cloud cover and liquid water path, but since low cloud fraction and cloud 280 

liquid water path over land are tightly coupled (r=0.85), it seems reasonable to suggest that it is 281 

the thickness of the cloud that is the primary control on the surface direct RFE over land as it is 282 

over ocean.   283 

Over land, clear sky direct RFE at the TOA is highly dependent on surface albedo.  284 

Surface albedo explains almost 90% of the variance in clear sky direct RFE at TOA over land 285 

and the  critical surface albedo where the direct RFE changes its sign is 0.230.01. All-sky direct 286 

RFE at the TOA becomes less negative as low cloud cover increases over both land and ocean. 287 

Over land, where the aerosols are mainly in and below the low clouds, the positive atmospheric 288 

DRE weakens with increasing low cloud fraction at about half of the rate the negative surface 289 

DRE weakens. Therefore the all-sky RFE at the TOA, which is the sum of the surface and 290 

atmospheric RFE, increases with low cloud cover. The total direct RFE increases with low cloud 291 

cover over the ocean as well, but the mechanism is different than that over land. Since the albedo 292 

of sea surface is low, the aerosol reflection of solar radiation leads to negative RFE at the TOA 293 
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where cloud cover is low. However as the low cloud cover increases, absorption of solar 294 

radiation due to the aerosol layers above the clouds reduces the radiation going out at TOA and 295 

leads to positive RFE.  296 

Over the ocean, the linear slope of the all-sky direct RFE at the TOA against low cloud 297 

cover (Fig. 8) is similar to that from observationally-derived estimates of Chand et al. (2009). 298 

Chand et al. (2009) used an observational data of aerosol optical depth for layers above clouds 299 

from CALIPSO, together with MODIS-derived cloud optical thickness, to run a radiative transfer 300 

model to estimate the mean direct radiative effect of elevated aerosol layers above regions with 301 

partial cloudiness. Most land regions were excluded from the Chand et al. analysis, so their 302 

results should be compared to our results over ocean. The TOA direct RFE over ocean increases 303 

from -33 to +43 W m-2 as low cloud fraction increases from zero to unity in the model (Fig. 8), 304 

compared with  -35 to +51 W m-2 in Chand et al.,   in good agreement. The TOA results, 305 

however, mask the fact that there are considerable differences in the surface and atmospheric 306 

direct RFE low cloud trends (Fig. 8) which largely offset each other. Specifically, we find that 307 

the increase of the atmospheric direct RFE with cloud fraction in the model is approximately 308 

twice as large as that from Chand et al. (2009), while the model surface direct RFE increases 309 

much more weakly with cloud cover in the model compared with the observations. Overall, the 310 

model atmospheric direct RFE is lower than that found in Chand et al. (2009). Some of this 311 

behavior may be explained by the fact that the Chand et al. study only considered aerosol optical 312 

depth above clouds while our simulations incorporate the effects of aerosols regardless of 313 

position in the vertical column. The observational methodology would therefore be expected to 314 

enhance the effects of clouds on the atmospheric absorption compared to cases where the 315 

aerosols are sometimes in or below clouds as they are in the model (and in reality).  On the other 316 
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hand, the largest discrepancies are found for low cloud fraction suggesting that the aerosol single 317 

scattering albedo is also responsible. We note that the single scattering albedo in the model (see 318 

e.g. Fig. 9) is typically higher than the value of 0.85 assumed in Chand et al. (2009). The lack of 319 

accurate single scattering albedo observations for these aerosol layers is a significant impediment 320 

to our understanding of their radiative effects.  321 

 322 

Another factor that might affect  differences between the model and observationally-323 

derived RFEs is that the model single-scattering albedo (SSA) has spatial variability whereas in 324 

Chand et al. (2009) it was assumed constant (SSA=0.85, consistent with the mean from surface-325 

based observations over southern Africa, Leahy et al. 2007). The discrepancies between the 326 

model and observationally-derived direct RFEs may therefore not entirely be due to a poor 327 

model representation of the aerosol direct effects. Chand et al. (2009) found a dependence of the 328 

critical cloud fraction (CF*, the cloud fraction at which total direct RFE at the TOA changes its 329 

sign from negative to positive) on aerosol SSA. Since direct 330 

RFEALL-SKY=(1-CF)RFECLR+CFRFECLDY, the critical cloud fraction CF* is derived by setting 331 

RFEALL-SKY = 0, to give 332 

1

1*













CLDY

CLR

RFE

RFE
CF

     [2]
 333 

Over ocean where surface albedo is universally low, we use linear regression of the direct 334 

TOA RFECLR and RFECLDY against aerosol SSA from the model to give a curve of CF* against 335 

SSA. The aerosol SSA used here is the AOD-weighted mean from the PD and NC simulations. 336 

The correlation coefficients for TOA RFECLR and RFECLDY against the mean aerosol SSA are 337 
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0.74 and 0.16 respectively. Figure 9 shows that this derived function separates regions of 338 

positive and negative all-sky TOA direct RFE fairly well even though it contains a significant 339 

error range due to low correlation between cloudy sky direct RFE and aerosol SSA. As the 340 

aerosols become more absorbing (lower SSA), the critical cloud fraction reduces from ~0.7 for 341 

SSA=0.96 to ~0.33 for SSA=0.86. Alternatively, from Fig. 8 we can infer that CF* is 0.44 over 342 

ocean for the region as a whole. Chand et al. (2009) found that CF*0.4 for SSA=0.85, which is 343 

a little higher than for the model simulations (at the same SSA), although the model SSA is in 344 

most places higher than that assumed in the observational analysis, which leads to a slightly 345 

higher CF* for the model as a whole. We think that this is because the model-derived SSA 346 

includes aerosol species other than carbonaceous aerosols which are likely to be less absorbing. 347 

Nevertheless, the dependence of CF* on the aerosol SSA is consistent with that found in the 348 

observational analysis (see supplementary material for Chand et al. 2009), and these findings 349 

give us some confidence that the configuration of aerosol and cloud fields in the model are a 350 

reasonably faithful representation of reality.  351 

3.3 Semi-direct radiative effects 352 

Table 1 shows that the semi-direct radiative effects at the TOA have magnitudes 353 

comparable to the direct radiative effects, and therefore play an important role in determining the 354 

net forcing at TOA. However, there are important land-ocean contrasts in the semi-direct effects. 355 

Cloud responses over the ocean (Table 1) are dominated by increases in cloud cover (with little 356 

LWP change), while land responses are dominated by reductions in LWP (with little cloud cover 357 

change). We will examine reasons for the cloud changes in the following sections. It is also 358 

important to note that the semi-direct atmospheric radiative effect (Figs. 5m,n) indicates that 359 

changes in cloud cover and LWP have only small effects on the shortwave absorption in the 360 
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atmosphere compared with the absorption by aerosols themselves. Thus, the surface and TOA 361 

semi-direct effects are almost equal (Table 1).   362 

The mean semi-direct effect at the TOA is positive over the land (+1.3 W m-2 for LWP 363 

and cloud fraction effects combined, see Table 1) and negative over the ocean (-2.6 W m-2). The 364 

strong land-ocean differential is consistent with a recent climate model study (Allen and 365 

Sherwood 2010) but whereas we find significantly negative TOA semi-direct effect over the 366 

ocean, Allen and Sherwood (2010) find almost zero oceanic semi-direct effect for the globe as a 367 

whole. However, our analysis is focused on a limited region where over most of the oceanic 368 

regions the aerosols overlay clouds.  369 

The spatial patterns of semi-direct effects (Fig 5c,d) are generally more variable than 370 

those for the DRE indicating a complexity in the cloud responses in the model which includes 371 

nonlocal feedbacks. Over the ocean the TOA semi-direct radiative effect due to cloud cover 372 

changes provides a significant offsetting of the cloudy sky direct radiative effect (compare Figs. 373 

5b,d) and not surprisingly these effects maximize off the Angolan coast (5-15S) where the 374 

carbonaceous AOD is maximal (see Fig. 1) and the cloud cover is large (Fig. 10). Over the land, 375 

the TOA semi-direct effect adds to the positive cloudy sky DRE, making the impact of clouds on 376 

the total radiative effect at the TOA significantly positive.   377 

Interestingly, the total TOA radiative effect (sum of terms D1, D2, S1, and S2) is almost 378 

equal and of opposite sign over the ocean and land. Since the land cover in our focus region is 379 

slightly less than 50%, this indicates that the total TOA radiative effect for the region as a whole 380 

is close to zero. 381 

The semi-direct radiative forcing efficiency SRFE can be defined analogously to the 382 

direct RFE as the sum of terms S1 and S2 in Eqn. 1 per unit of AOD change between the PD and 383 
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NC simulations. As with the direct RFE we calculate the SRFE at the surface, for the 384 

atmosphere, and at the TOA. However, since we find that the atmospheric semi-direct radiative 385 

forcing is very small, factors controlling the TOA and the surface SRFE are essentially one and 386 

the same (compare Figs. 5c,h and 5d,i), which simplifies the analysis. We do not study the 387 

longwave component of the semi-direct effects in this paper but note that because the model 388 

cloud changes are primarily associated with low clouds, we anticipate these effects to be quite 389 

small.  390 

The SRFE in general is related to changes both in cloud fraction and cloud LWP, as 391 

would be expected since we already saw above that significant semi-direct effects are associated 392 

with changes in these parameters (Table 1 and Fig. 5). Over the land, where the changes in cloud 393 

fraction CF between the PD and NC simulations are quite small (Table 1), the SRFE is well-394 

correlated with the change in LWP, with generally decreasing LWP leading to positive SRFE 395 

almost everywhere. The correlation coefficient between SRFE and  LWP is r = -0.87 over land. 396 

For both land and ocean taken together, we use multiple linear regression of SRFE against CF 397 

and LWP which gives a multiple regression coefficient r = 0.78. However, we actually find that 398 

the semi-direct radiative effect itself (rather than the efficiency) is better multiply correlated with 399 

CF and LWP with a regression coefficient r = 0.85. This indicates that the changes in low 400 

clouds driven by the carbonaceous aerosols are not simply a function of the carbonaceous aerosol 401 

loading itself, but may be displaced in space most likely due to feedback processes that amplify 402 

the initial response. For example, whereas the heating of the troposphere due to the addition of 403 

absorbing aerosols would be expected to be more or less linearly related to the aerosol loading, 404 

the surface temperature response (itself a key determinant of the change in stability that might be 405 

expected to force cloud changes) will depend upon the surface direct RFE which is not simply a 406 
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function of aerosol loading (see Fig. 6a and associated discussion in Section 3.2). We will 407 

examine further the causes of the cloud responses in Section 3.4.    408 

 3.4 What drives the model cloud responses? 409 

The model cloud responses to carbonaceous aerosols that constitute the semi-direct 410 

effects appear to be largely driven by increased lower tropospheric stability (LTS), which is 411 

typically defined as the difference in potential temperature between 700 hPa and the surface (see 412 

e.g. Klein and Hartmann 1993). Increased LTS is caused both by increased atmospheric heating 413 

and surface cooling from the absorbing aerosols. There is a good physical basis for expecting 414 

that LTS increases over the ocean would drive increases in low cloud cover by increasing the 415 

inversion strength, suppressing cloud vertical extent and maintaining a well-mixed boundary 416 

layer (Klein and Hartmann 1993, Wood and Bretherton 2006). Nevertheless, these previous 417 

studies are not focused on clouds driven by aerosol-driven stability changes, but by stability 418 

changes driven by continent-atmosphere dynamics (Richter and Mechoso 2004, 2006, Takahashi 419 

and Battisti 2007). It is therefore useful to understand the extent to which the aerosol-driven 420 

cloud and stability changes resemble those driven by other processes. 421 

3.4.1 Sensitivity to model cloud scheme 422 

Three types of clouds are diagnosed by the cloud scheme in CAM3: marine stratus, 423 

convective, and layered clouds (Boville et al. 2006). The cloud scheme is described in some 424 

detail in the CAM3 documentation1. Marine stratus cloud fractional cover is computed using the 425 

empirical linear relationship (the “Klein-line”) with lower tropospheric stability (LTS) derived 426 

from observations by Klein and Hartmann (1993). The diagnosed marine stratocumulus cloud 427 

                                                            
1 Available online at http://www.cesm.ucar.edu/models/atm-cam/ 
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fraction is assigned to a layer below the layer of maximum static stability (inversion) and its 428 

amount is limited to be equal to the relative humidity within this layer. The total cloud fraction 429 

for a given layer is the sum of convective cloud and the maximum of the layered cloud and 430 

stratocumulus cloud fractions. Layered clouds are computed from the gridbox mean relative 431 

humidity, which has to exceed a pressure (i.e. height) dependent threshold (Boville et al. 2006). 432 

In order to assess the impact of the stability-based parameterization on determining the low cloud 433 

fraction and the importance of changes in these clouds for the semi-direct aerosol radiative 434 

effects, two more sets of simulations were performed, each of which PD and NC aerosols but 435 

where the Klein-line is not used in the determination of low clouds. We refer to these additional 436 

simulations as cloud scheme modification CLDMOD1 and CLDMOD2, and the one without any 437 

cloud modification CONTROL for this section. 438 

The first set of simulations (call this CLDMOD1) –with and without carbonaceous 439 

aerosols, is run with the stability-based marine stratus cloud parameterization formula turned off. 440 

In the other words, the stratus cloud fraction is always computed from the maximum relative 441 

humidity in the layer below inversion. Comparison of stratus cloud fraction from these 442 

simulations with the original simulations without any cloud scheme modification showed that 443 

about 40-43% of the time stratus cloud computed from the stability-based parameterization does 444 

not exceed the maximum relative humidity within the layer and about 42% of the time they are 445 

equal. This indicates that there are only about 15-18% of the time the stability-based 446 

parameterized stratus cloud does not exceed the maximum relative humidity within a layer, 447 

which means that stratus cloud fraction in the CONTROL simulation is largely controlled by the 448 

Klein-line in our region of interest.  449 
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Then another set of simulations (termed CLDMOD2) is run neglecting the stratus cloud 450 

entirely in the computation of total cloud fraction in order to see the importance of stratus cloud 451 

on the carbonaceous aerosol radiative forcing. In other words, total cloud fraction is always 452 

computed as the sum of convective and layered cloud. Low cloud fraction  in the PD or NC 453 

simulation with the cloud scheme modification CLDMOD2 is highly correlated (r = 0.99) with 454 

that in the CONTROL simulation over land, as expected since the model produces almost no 455 

stratus over land. However, over ocean the low cloud fraction is everywhere decreased by 456 

neglecting stratus cloud (CLDMOD2) in the computation of total cloud fraction, indicating that 457 

stratus cloud fraction is generally greater than layered cloud fraction in this region. However, the 458 

correlation of mean low cloud fraction between the CONTROL and CLDMOD2 modification 459 

remains quite high (r2 = 0.73) demonstrating that even without the Klein and Hartmann 460 

diagnostic parameterization, the model is able to reproduce the geographical variability in mean 461 

low cloud cover over the ocean quite skillfully 462 

Statistically significant differences are seen between CLDMOD2 and CONTROL in 463 

terms of the change in low cloud fraction due to carbonaceous aerosols (i.e. PD-NC). Even over 464 

land where the model produces almost no stability-based  low cloud, change in low cloud 465 

fraction due to the aerosols is different in both magnitude and spatial pattern, which indicates 466 

that changes in the atmospheric circulation associated with changes in the cloud scheme are 467 

important. That is, the effect of the cloud scheme changes are not solely local, but involve 468 

teleconnections associated with changing surface temperatures. This has been noted before in 469 

simulations of the tropical Pacific where adjustments to low clouds in the stratocumulus region 470 

over the cool part of the ocean effected changes throughout the rest of the basin (Ma et al. 1996, 471 

Gordon et al. 2000). We do not explore this further in this manuscript. 472 
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Over ocean, the magnitude of the low cloud fraction changes due to carbonaceous 473 

aerosols are   generally reduced over ocean when the KH parameterization is not used (see Table 474 

3), but the sign of the changes remains the same, This is also the case for the changes in cloud 475 

LWP, and thus the semi-direct effects are also reduced to around 60% of their values when the 476 

KH parameterization is included. Therefore, while the magnitude of the semi-direct effect is 477 

uncertain, the sign is not simply a built-in response to free-tropospheric heating associated with 478 

the diagnostic KH parameterization. Although this does not assure that the modeled cloud cover 479 

responses over the ocean are consistent with the real-world responses, it does add credibility to 480 

the results suggesting oceanic increases in low clouds. Figure 11 shows the changes in low cloud 481 

fraction against those in LTS driven by carbonaceous aerosols for the KH and CLDMOD2. As 482 

might be expected, the spatial correlation between changes in low cloud fraction and lower 483 

tropospheric stability over ocean is reduced (r2 reduced from 0.64 with KH to 0.35 without it), 484 

but for most of the regions where the LTS increases most markedly, the low cloud cover also 485 

increases regardless of which parameterization is adopted. This gives us some confidence that 486 

the sign of the model cloud changes over ocean, both in terms of cloud fraction and cloud liquid 487 

water path, are robust with respect to changes in the way in which low clouds are parameterized.  488 

Since a large fraction of the total TOA aerosol radiative effect (sum of terms D1, D2, S1 and S2) 489 

is associated with the semi-direct effects (Table 3) the total TOA radiative effect due to the 490 

carbonaceous aerosols is roughly halved by removing the KH parameterization Thus, there 491 

remains considerable uncertainty regarding the magnitude of the aerosol effects associated with 492 

the parameterization of low clouds. The spatial pattern of thetotal aerosol effect at the TOA is 493 

altered but the effects with and without the KH parameterization are still quite well correlated 494 

over ocean and over land (Table 3). In contrast, at the surface and for the atmosphere the total 495 
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radiative forcing is not largely effected by the stratus cloud parameterization since the majority 496 

of the total radiative forcing comes from direct forcing.  497 

3.4.2 Lower tropospheric meteorological changes over ocean 498 

Low cloud cover changes (PD – NC) over the ocean are significantly correlated with LTS 499 

changes (Fig. 11), and these changes approximately follow those expected from the Klein and 500 

Hartmann (1993) relationship, with cloud cover increasing at approximately 0.05 per 1 K of 501 

LTS (Fig 11). 502 

The low cloud cover increases from NC to PD over the ocean despite the specific 503 

humidity decreasing in the cloud layer. Unlike the situation seen in Perlwitz and Miller (2010) 504 

where cloud cover increased due to increase in specific humidity exceeding the temperature 505 

warming, we find low cloud cover increases in our simulations are associated with a cooling of 506 

the marine boundary layer (Fig. 12) which leads to saturation specific humidity decreases that 507 

are greater than the decrease in specific humidity, resulting in an increase in relative humidity 508 

(Fig 14). The surface temperature cools (Fig. 12), and the surface latent heat flux reduces, 509 

because of the strong negative surface radiative effect (Table 1 and Fig 5), which is primarily a 510 

result of direct radiative effects (Table 1). However, although surface cooling is the primary 511 

driver of LTS increases, it is not the only driver, since the lower free-troposphere warms (Fig. 512 

13a) by absorption of solar radiation by aerosols which reside primarily above cloud over the 513 

ocean (Fig. 4).  514 

Another factor that might influence the marine low clouds is the significant change in 515 

large scale vertical velocity caused by the aerosol absorption in the lower troposphere. Figure 516 

13d shows that the carbonaceous aerosols reduce the subsidence by as much as 20-30% in the 517 

height range 0.5-4 km in the region of heaviest carbonaceous aerosol loading. In response, the 518 
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model MBL deepens (Fig. 13b,c indicates that the drop-off in relative humidity and the cloud 519 

fraction both move upwards). Over regions of the ocean not strongly impacted by biomass 520 

burning, deeper boundary layers tend to be accompanied by decreased cloud cover (e.g. Wood 521 

and Hartmann 2006), and so it seems reasonable to suppose that, given this forcing alone, the 522 

cloud cover would decrease in response to the carbonaceous aerosol. The fact that this does not 523 

happen suggests that the effect of increased stability overwhelms that of reduced subsidence.   524 

Apart from changes in LTS and the large scale vertical velocity over ocean, we might 525 

expect that reduced downwelling solar radiation at cloud top associated with absorption and 526 

scattering from the aerosols aloft might enhance the net (LW+SW) cloud top cooling which 527 

would drive thicker or more extensive clouds. We can crudely estimate the potential for this 528 

effect as being proportional to the diurnal reduction in low cloud fraction associated with the 529 

diurnal cycle of downwelling solar flux. Given this assumption, the expected low cloud cover 530 

increase due to the aerosol-induced reduction of cloud-top downwelling solar flux reduction is 531 

only 0.0035, which less than one fifth of the actual modeled overall low cloud fraction increase 532 

(0.02) due to the aerosol effects (see Table 1). Therefore, we conclude that the great majority of 533 

the low cloud cover increase is associated with factors other than reduced solar burn-off. 534 

3.4.2 Lower tropospheric meteorological changes over land 535 

Over the land, there are substantial reductions in cloud liquid water, but the low cloud 536 

cover changes are minimal (Fig. 10). The low cloud cover is quite small over the land, since the 537 

clouds are predominantly cumuliform, but the clouds extend to higher levels in the vertical 538 

compared with the marine clouds. The increased stability is associated with low level cooling 539 

and warming aloft. This appears to reduce the vertical transport of moisture by suppression of 540 

shallow convection (Fig. 14) resulting in a moister surface and a drier and warmer troposphere 541 
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above this, especially between at altitudes 2-3 km where the aerosol heating is strongest. The 542 

reduction in shallow convection is the reason why the cloud liquid water path decreases over 543 

land. These results are in accordance with cloud resolving and GCM modeling studies showing 544 

that absorbing aerosols tend to suppress cloud when the heating is within the cloud layer itself 545 

(Ackerman et al. 2000, Penner et al. 2003, Johnson et al. 2004, Ming et al. 2010).    546 

3.5 Effects on precipitation 547 

 Figure 15 shows the mean precipitation rate during July-October together with the 548 

changes induced by the carbonaceous aerosols. The changes in precipitation rate are quite large 549 

in places, particularly around the NE part of the Gulf of Guinea and the adjacent land areas to the 550 

east. This area represents the southerly flank of the region of convective precipitation during the 551 

late boreal summer (Fig 15a) and is at the northerly limit of the strong aerosol-induced surface 552 

cooling (Fig. 12). Thus, the strong surface cooling appears to be limiting the extent of the ITCZ 553 

during this season, and there is evidence that the Atlantic ITCZ is moved northward (Fig. 15b). 554 

Weaker reductions in precipitation are also seen at the northern flank of the ITCZ too (Fig 15b). 555 

There are also increases in precipitation in the Arabian Peninsula (Fig 15b) but the model tends 556 

to produce way too much precipitation in this region compared with observations (Fig. 15a) 557 

reflecting a long term bias in CAM, and this signature should not be trusted. 558 

4. Conclusion 559 

In this paper we use the CAM 3.0 model with a slab ocean to conduct simulations to 560 

explore the regional direct and semi-direct effects of carbonaceous aerosols associated with 561 

biomass burning over southern Africa during the July-September dry season. In this region, 562 

burning over the southern African region generates large quantities of carbonaceous (both 563 
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organic and black carbon) aerosols, which are lofted by convection to altitudes up to 5 km and 564 

then advected over the southeastern Atlantic Ocean where there are extensive low level clouds. 565 

We adjusted the model aerosols using satellite observations and introduced a new approach to 566 

quantifying the optical thickness of above-cloud aerosols. We neglected aerosol indirect effects 567 

in this particular study.   568 

 Our primary findings are that the total TOA aerosol radiative effect of biomass buring 569 

aerosols over the southern African/Atlantic region is significantly altered by the inclusion of 570 

semi-direct effects. These semi-direct effects are primarily driven by changes in cloud cover and 571 

to a lesser extent liquid water path over the ocean, and by changes in liquid water path over land. 572 

The total TOA aerosol effect averaged over both land and ocean due to carbonaceous aerosols is 573 

quite close to zero since there is a significant degree of cancellation of direct effects by semi-574 

direct effects by land and ocean effects that are of opposite sign. The TOA direct effect over the 575 

ocean is strongly controlled by the mean low cloud cover in accordance with previous studies. In 576 

the model we find that the sign of the TOA direct effect changes sign from negative to positive at 577 

a cloud fraction of around 40-50% in accordance with previous observationally-based estimates 578 

(Chand et al. 2009), which suggests a good degree of skill in the model representation of the 579 

albedo of the clouds underlying the aerosol layers. Although the net forcing for the analyzed 580 

region at TOA is near zero, the differing signatures over land and ocean can produce significant 581 

changes in land/sea circulations. 582 

The cloud changes responsible for the semi-direct effects are driven by (a) reductions in 583 

near-surface temperature, (b) increases in free-tropospheric temperature, and (c) reduced large-584 

scale subsidence, all three of which are driven to first order by the aerosol direct effects. The 585 

importance of surface cooling means that models not permitting a surface temperature response 586 
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(e.g. atmosphere-only models) will most likely underestimate the semi-direct effects. These 587 

effects increase marine low cloud cover and thickness and reduce convection and its associated 588 

liquid water over land. The results are sensitive to the parameterization of low clouds. Removing 589 

the Klein and Hartmann diagnostic parameterization from the cloud scheme does change the 590 

magnitude of the cloud responses but does not change their sign, which gives us some 591 

confidence that the general nature of the results presented here is robust.  592 

There also appear to be significant changes in the precipitation pattern driven by the 593 

carbonaceous aerosols. Overall, precipitation over the African convective region is decreased in 594 

our simulations, primarily through limitation of the extent of the convective region. Analyses 595 

suggest that that much of the southern African biomass burning is anthropogenic and has 596 

therefore likely increased somewhat contemporaneously with increases in sulfate aerosols in the 597 

northern hemisphere (e.g. Ito and Penner, 2005). One prevailing view is that reductions in Sahel 598 

precipitation over the second half of the 20th century may have been caused in part by increases 599 

in sulfate aerosol which cooled the northern Atlantic thus driving the ITCZ southward. Our 600 

results lead us to hypothesize that the increases in biomass burning aerosol may also play a 601 

significant role in limiting the horizontal extent of the ITCZ and driving down the magnitude of 602 

the convective precipitation in the northern African summer season. We plan to conduct further 603 

model studies to explore this issue in future work.  604 

  Overall, the model results show the merits of conducting aerosol perturbation modeling 605 

studies focusing on limited areas to complement global aerosol-climate assessments and highly 606 

idealized process model studies.  607 

 608 

 609 
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Appendix A 615 

Derivation of equation [1] 616 

 617 
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Figure Captions 751 

Figure 1: Change in AOD between simulation with and without carbonaceous. The dashed box 752 

represents the region where carbonaceous aerosol mass is modified. 753 

Figure 2: Top row: July-October mean AOD at 500 nm (a) for all-sky conditions from CAM 754 

(nominally at 500 nm); (b) for clear-sky conditions from MODIS; (c) for aerosol layers above 755 

clouds from CALIPSO. Bottom row: (d) the difference in AOD between CAM with and without 756 

carbonaceous aerosols; (e) the MODIS fine mode fraction AOD for clear-sky conditions. 757 

Figure 3: Observed mean aerosol optical depth (ordinate, red circles for MODIS fine mode 758 

AOD, and blue circles for CALIPSO above-cloud AOD) plotted as a function of the mean AOD 759 

used in CAM due to carbonaceous aerosols only. Each point represents a mean over a 55 760 

region. Filled circles indicate locations over ocean, open circles locations over land. The dashed 761 

line shows the one-to-one line. 762 

Figure 4: (a) Longitude-height cross section of July-October mean cloud fraction (colored 763 

contour) and mixing ratio of total carbonaceous aerosols (dashed line) from the CAM PD 764 

simulation, meridionally averaged over 0-20S. Note that the mean longitude of the southern 765 

African coastline is 12E. (b) vertical profiles of cloud fraction and mixing ratio of total 766 

carbonaceous aerosols averaged over ocean only from (0-20S, 20W-30E). 767 

Figure 5: Radiative forcing terms at TOA(left column, a-e), Surface(middle column, f-j), and Atmosphere 768 

(right colu1mn, k-o); first row(a,f,k): TermD1, second row(b,g,l): Term D2, third row(c,h,m): Term S1, 769 

fourth row(d,i,j): Term S2, fifth row(e,j,o): Sum of the four terms. Note that the different color scale is 770 

used for each column.  771 

Figure 6: Total direct radiative forcing efficiency (Wm-2-1), (a) at the top of atmosphere (TOA); 772 

(b) at the surface; (c) for the atmosphere.  773 

Figure 7: Mean low cloud fraction against total direct RFE at atmosphere; colored by whether 774 

cloud layer is above (red) or below (blue) the aerosol layer 775 
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Figure 8: Surface, atmospheric, and TOA direct RFE from the model against the mean low cloud 776 

fraction over (a) land; (b) ocean. The critical low cloud fractions CF* where the sign of the TOA 777 

direct effect changes from negative to positive are shown. 778 

Figure 9: Total cloud fraction vs. weighted mean aerosol SSA; black line showing the derived 779 

cloud critical fraction line; positive (blue) and negative (red) total direct RFE at TOA; the size of 780 

circles indicates the magnitude of the forcing 781 

Fig. 10: (a) Low cloud cover (clouds at and below 700 hPa) for the simulation with carbonaceous 782 

aerosols; (b) the change in low cloud cover between PD and NC simulations (with and without 783 

carbonaceous aerosols); (c) high cloud cover (clouds above 700 hPa), and (d) change in high 784 

cloud cover (PD-NC); (e) cloud liquid water path, and (f) change in liquid water path (PD-NC). 785 

Fig 11: Changes (PD – NC) in low cloud fraction against changes in LTS over the ocean, for  786 

standard run (red); CLDMOD2 (blue); and expected low cloud cover change from the Klein line 787 

(dashed black line).  788 

Figure 12: Change in surface air temperature between PD and NC runs. Strong cooling is 789 

observed throughout the region with strong negative radiative effect at the surface (see Fig. 5j).   790 

Figure 13: Means and changes (PD-NC) of (a) potential temperature, (b) relative humidity RH, 791 

(c) cloud fraction, and (d) vertical velocity, for a region (8-18S, 0-10E) over the ocean with large 792 

cloud cover changes (see Fig. 10). 793 

Figure 14: Meridional cross sections (averaged over 0-20S as in Fig. 4) showing changes in low 794 

clouds (colored contours), change in RH (solid lines showing positive changes and dashed lines 795 

showing negative changes). 796 

Figure 15: (a) Mean precipitation rate during July-October, and (b) difference (PD-NC) in 797 

precipitation caused by carbonaceous aerosols.  798 
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Tables  800 

Table 1: Total cloud cover, radiative effects at the TOA, surface, and atmosphere, and their 801 

contributing terms (D1, D2, S1 and S2) averaged over 20W-50E, 10N-30S, given for the 802 

land and ocean separately, and for both land and ocean together. The column σ* gives the 803 

standard deviation over space. An estimate of the uncertainty in the terms can be obtained from 804 

the difference between the sum of four terms and the model output total forcing 805 

)( mod
net

calculated
net

el FF  . This error is less than 0.1 W m-2 for the TOA and surface effects, and 806 

slightly higher for the atmospheric effects.  807 

 808 

Variable 
Land Ocean Both land and ocean 

mean median σ* mean median σ* Mean median σ* 

 തതതത௧௢௧௔௟ 0.488 0.510 0.265 0.533 0.507 0.118 0.501 0.494 0.195ܨܥ

 ௧௢௧௔௟ 0.003 0.004 0.015 0.020 0.017 0.025 0.011 0.009 0.023ܨܥ∆

T
O

A
 [

W
 m

-2
] Term D1  -0.80 -0.46 0.93 -1.36 -1.13 0.77 -1.15 -0.95 0.90 

Term D2 0.98 0.80 0.90 2.30 1.03 3.46 1.56 0.87 2.48 
Term S1 1.71 1.04 2.72 -0.68 -0.50 2.44 0.32 0.22 2.84 
Term S2 -0.41 -0.31 1.17 -1.93 -1.45 2.46 -1.08 -0.69 2.04 

Sum of all 
terms 

1.48 1.27 2.78 -1.67 -1.63 2.80 -0.34 -0.41 3.19 

S
ur

fa
ce

 

Term D1  -9.27 -8.65 7.22 -4.50 -3.88 2.53 -6.64 -4.83 5.66 
Term D2 -3.81 -2.74 3.48 -3.17 -2.40 2.61 -3.39 -2.40 3.13 
Term S1  1.78 1.07 3.05 -0.88 -0.60 2.85 0.22 0.12 3.25 
Term S2  -0.46 -0.31 1.26 -2.29 -1.65 2.94 -1.26 -0.77 2.38 

Sum of all 
terms 

-11.76 -11.87 7.71 -10.84 -9.32 7.66 -11.06 -10.24 7.56 

A
tm

os
ph

er
e 

Term D1 8.47 7.30 6.97 3.14 2.80 1.79 5.49 3.52 5.43 
Term D2 4.80 3.72 3.21 5.48 3.48 5.51 4.95 3.50 4.40 
Term S1 -0.07 -0.003 0.36 0.21 0.13 0.44 0.10 0.07 0.43 
Term S2 0.04 0.03 0.09 0.35 0.21 0.49 0.18 0.06 0.36 

Sum of all 
terms 

13.24 11.92 7.50 9.17 6.94 7.29 10.72 8.48 7.54 
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Table 2: Radiative forcing efficiency [20W-50E, 10N-30S] 810 

Radiative forcing efficiency 
(Wm-2-1) 

Over land Over ocean 

mean median 

Standard 
deviation 

over 
space 

mean median 

Standard 
deviation 

over 
space 

D
ir

ec
t TOA 3.63 2.05 7.77 1.97 -1.58 12.40 

Atmosphere 61.61 60.59 7.81 60.18 57.64 11.10 

Surface -57.95 -58.58 11.74 -58.18 -59.68 9.20 

S
em

i-
di

re
ct

 TOA 6.62 4.02 24.42 -23.42 -17.42 38.05 

Atmosphere 0.052 0.26 4.49 3.92 3.34 5.38 

Surface 6.56 3.88 27.71 -27.35 -20.88 42.79 

T
ot

al
 TOA 10.25 5.78 22.42 -21.44 -14.72 35.37 

Atmosphere 61.66 61.92 9.18 64.10 60.28 14.49 

Surface -51.39 -57.66 28.91 -85.54 -77.12 42.91 

 811 

  812 
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Table 3: Radiative forcing and cloud fraction comparison with (CONTROL) and without 813 

(CLDMOD2) the Klein and Hartmann stability-based diagnostic parameterization of marine 814 

stratus clouds [30W-50E, 10N-30S]. The column headed r2 shows the spatial correlation 815 

between a particular variable for the CONTROL and CLDMOD2 simulations respectively. Thus, 816 

a value r2=1 indicates that the effect of changing the low cloud parameterization does not 817 

influence the spatial pattern of the variable.  818 

Variable 
Over land Over ocean 

CONTROL CLDMOD2 r2 CONTROL CLDMOD2 r2 
തതതത௟௢௪ 0.171 0.178 1.00 0.470 0.373 0.73ܨܥ
௟௢௪ 0.003 0.013 0.61 0.023 0.012 0.75ܨܥ∆
തതതത௧௢௧௔௟ 0.488 0.493 1.00 0.533 0.443 0.70ܨܥ
௧௢௧௔௟ 0.003 0.002 0.54 0.020 0.008 0.68ܨܥ∆
തതതതതതതതതതതതܹܲܮܦܮܥ  78.28 79.70 1.00 68.99 66.08 0.98
ܹܲܮܦܮܥ∆  -3.80 -1.44 0.71 2.69 1.28 0.69

തതതതതܵܶܮ  8.05 8.24 1.00 18.42 18.57 0.99
ܵܶܮ∆  0.50 0.54 0.78 0.47 0.44 0.99
ܦܱܣ∆  0.104 0.105 1.00 0.069 0.069 1.00

T
op

 o
f 

A
tm

os
ph

er
e 

Term D1 (Wm-2) -0.80 -0.82 1.00 -1.36 -1.66 0.92
Term D2 (Wm-2) 0.98 1.11 0.96 2.30 2.27 0.99
Term S1 (Wm-2) 1.71 0.95 0.70 -0.68 -0.38 0.65
Term S2 (Wm-2) -0.41 -0.51 0.38 -1.93 -0.99 0.72
Sum of all terms 

(Wm-2) 
1.48 0.73 0.68 -1.67 -0.76 0.60

Error (Wm-2) 0.03 0.08 0.37 0.005 0.003 0.84

S
ur

fa
ce

 

Term D1 (Wm-2) -9.27 -9.16 1.00 -4.50 -5.64 0.90
Term D2 (Wm-2) -3.81 -3.85 1.00 -3.17 -2.24 0.84
Term S1 (Wm-2) 1.78 0.84 0.70 -0.88 -0.53 0.67
Term S2 (Wm-2) -0.46 -0.57 0.36 -2.29 -1.17 0.74
Sum of all terms 

(Wm-2) 
-11.76 -12.74 0.95 -10.84 -9.58 0.92

Error (Wm-2) 0.034 -0.030 0.18 -0.047 -0.038 0.77

A
tm

os
ph

er
e 

Term D1 (Wm-2) 8.47 8.34 1.00 3.14 3.97 0.90
Term D2 (Wm-2) 4.80 4.96 1.00 5.48 4.52 0.97
Term S1 (Wm-2) -0.07 0.11 0.61 0.21 0.15 0.77
Term S2 (Wm-2) 0.04 0.07 0.20 0.35 0.18 0.81
Sum of all terms 

(Wm-2) 
13.24 13.47 1.00 9.17 8.82 1.00

Error (Wm-2) -0.011 0.10 0.51 0.05 0.04 0.77
 819 
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Figures 821 

 822 

 823 

 824 

Figure 1: Change in AOD between simulation with and without carbonaceous. The dashed box 825 

represents the region where carbonaceous aerosol mass is modified. 826 

  827 
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 828 

Figure 2: Top row: July-October mean AOD at 500 nm (a) for all-sky conditions from CAM 829 

(nominally at 500 nm); (b) for clear-sky conditions from MODIS; (c) for aerosol layers above 830 

clouds from CALIPSO. Bottom row: (d) the difference in AOD between CAM with and without 831 

carbonaceous aerosols; (e) the MODIS fine mode fraction AOD for clear-sky conditions. 832 
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 834 

 835 

 836 

Figure 3: Observed mean aerosol optical depth (ordinate, red circles for MODIS fine mode 837 

AOD, and blue circles for CALIPSO above-cloud AOD) plotted as a function of the mean AOD 838 

used in CAM due to carbonaceous aerosols only. Each point represents a mean over a 55 839 

region. Filled circles indicate locations over ocean, open circles locations over land. The dashed 840 

line shows the one-to-one line. 841 

  842 
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     843 

Figure 4: (a) Longitude-height cross section of July-October mean cloud fraction (colored 844 

contour) and mixing ratio of total carbonaceous aerosols (dashed line) from the CAM PD 845 

simulation, meridionally averaged over 0-20S. Note that the mean longitude of the southern 846 

African coastline is 12E. (b) vertical profiles of cloud fraction and mixing ratio of total 847 

carbonaceous aerosols averaged over ocean only from (0-20S, 20W-30E).  848 
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 849 

Figure 5: Radiative forcing terms at TOA(left column, a-e), Surface(middle column, f-j), and Atmosphere 850 

(right colu1mn, k-o); first row(a,f,k): TermD1, second row(b,g,l): Term D2, third row(c,h,m): Term S1, 851 

fourth row(d,i,j): Term S2, fifth row(e,j,o): Sum of the four terms. Note that the different color scale is 852 

used for each column.  853 
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 854 

 855 

Figure 6: Total direct radiative forcing efficiency (Wm-2-1), (a) at the top of atmosphere (TOA); 856 

(b) at the surface; (c) for the atmosphere.  857 
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 859 

Figure 7: Mean low cloud fraction against total direct RFE at atmosphere; colored by whether 860 

cloud layer is above (red) or below (blue) the aerosol layer 861 

 862 

 863 

 864 
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 880 
 881 

 882 

Figure 8: Surface, atmospheric, and TOA direct RFE from the model against the mean low cloud 883 

fraction over (a) land; (b) ocean. The critical low cloud fractions CF* where the sign of the TOA 884 

direct effect changes from negative to positive are shown.885 
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  886 

 887 

Figure 9: Total cloud fraction vs. weighted mean aerosol SSA; black line showing the derived 888 

cloud critical fraction line; positive (blue) and negative (red) total direct RFE at TOA; the size of 889 

circles indicates the magnitude of the forcing 890 

  891 
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 892 
Fig. 10: (a) Low cloud cover (clouds at and below 700 hPa) for the simulation with carbonaceous 893 

aerosols; (b) the change in low cloud cover between PD and NC simulations (with and without 894 

carbonaceous aerosols); (c) high cloud cover (clouds above 700 hPa), and (d) change in high 895 

cloud cover (PD-NC); (e) cloud liquid water path, and (f) change in liquid water path (PD-NC). 896 
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 897 

 898 

Fig 11: Changes (PD – NC) in low cloud fraction against changes in LTS over the ocean, 899 

for  standard run (red); CLDMOD2 (blue); and expected low cloud cover change from the Klein 900 

line (dashed black line).  901 

 902 
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 904 

Figure 12: Change in surface air temperature between PD and NC runs. Strong cooling is 905 

observed throughout the region with strong negative radiative effect at the surface (see Fig. 5j).   906 

 907 
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 909 

Figure 13: Means and changes (PD-NC) of (a) potential temperature, (b) relative 910 

humidity RH, (c) cloud fraction, and (d) vertical velocity, for a region (8-18S, 0-10E) over the 911 

ocean with large cloud cover changes (see Fig. 10). 912 
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 914 

Figure 14: Meridional cross sections (averaged over 0-20S as in Fig. 4) showing 915 

changes in low clouds (colored contours), change in RH (solid lines showing positive changes 916 

and dashed lines showing negative changes). 917 
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 919 

Figure 15: (a) Mean precipitation rate during July-October, and (b) difference (PD-NC) in 920 

precipitation caused by carbonaceous aerosols.  921 

 922 


