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ABSTRACT

This paper presents a series of dynamical states using an idealized three-dimensional general circulation

model with gray radiation and latent heat release. Beginning with the case of radiative–convective equilib-

rium, an eddy-free two-dimensional state with zonally symmetric flow is developed, followed by a three-

dimensional state that includes baroclinic eddy fluxes. In both dry and moist cases, it is found that the

deepening of the tropical tropospheric layer and the shape of the extratropical tropopause can be understood

through eddy-driven processes such as the stratospheric Brewer–Dobson circulation. These results suggest

that eddies alone can generate a realistic tropopause profile in the absence of moist convection and that

stratospheric circulation is an important contributor to tropopause structure.

1. Introduction

The boundary between the troposphere and strato-

sphere is known as the tropopause and has been empiri-

cally characterized in a number of ways that include an

abrupt change of atmospheric lapse rate, an increase in

static stability, a rapid change in potential vorticity, and

a difference in chemical composition. Prominent atmo-

spheric circulations, such as the Hadley circulation, as well

as most weather systems are confined to the troposphere,

and air parcels in the troposphere that rise to the tropo-

pause lose most of their water so that the stratosphere is

comparatively dry. Nevertheless, the troposphere and

stratosphere are known to interact significantly with one

another, such as through the exchange of mass, momen-

tum, and energy (Holton et al. 1995; Stohl et al. 2003).

The time-mean structure of the tropopause can be ap-

proximated to first order as the result of radiative forcing

only (Manabe and Wetherald 1967), but an atmosphere in

pure radiative equilibrium is convectively unstable near

the surface. The use of a convective adjustment mecha-

nism restores stability and allows tropopause height to be

determined as the result of both radiation and convection

(Manabe and Strickler 1964; Held 1982; Thuburn and

Craig 1997, 2000). This model is often applied in the tropics

(latitude f , 308), where moist convection raises tropo-

pause heights to produce a sharp discontinuity between the

tropopause in the moist tropics and the drier extratropics

(Held 1982; Xu and Emanuel 1989; Highwood and Hoskins

2006). This ‘‘subtropical jump’’ in tropopause height (at

f ’ 308) is also evident in observations (Hoerling et al.

1991; Hoinka 1998; Seidel and Randel 2007).

Radiative–convective equilibrium cannot fully explain

the shape of the extratropical tropopause because the

extratropics (f . 308) are baroclinically unstable. It has

been widely discussed that baroclinic eddies modify lapse

rate through horizontal and vertical heat transport to

sharpen and raise the extratropical tropopause (Held 1982;

Lindzen 1993; Schneider 2004). This effect of baroclinic

eddies on extratropical tropopause height is also evident

in numerical models (Gutowski 1985; Gutowski et al.

1992; Egger 1995; Ambaum 1997; Barry et al. 2000;

Haynes et al. 2001; Wirth 2003; Schneider 2004; Wirth

and Szabo 2007; Schneider and O’Gorman 2008) and

observational analyses (Birner et al. 2002; Dell’Aquila

et al. 2007). Stratospheric processes are also thought to

contribute to tropopause structure in the extratropics

(Gabriel et al. 1999; Kirk-Davidoff and Lindzen 2000;

Thuburn and Craig 2000; Bordi et al. 2002; Seidel and
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Randel 2006; Son et al. 2007; Birner 2010) through the

Brewer–Dobson circulation (Holton et al. 1995). All of

these features of the tropical and extratropical tropopause

are evident in our model results. However, we also find

that the same features, including a raised tropical tropo-

pause and subtropical jump, occur under dry conditions in

the absence of moist convection. This suggests that pre-

vious hypotheses for tropopause height may overestimate

the role of moisture and underestimate the role of eddies

in maintaining tropical tropopause structure.

In this paper we investigate the explicit effect of baro-

clinic eddies on the height of the tropical and extra-

tropical tropopause. To make consistent comparisons

between eddy-free and eddy-permitting atmospheres, we

develop a hierarchy of three dynamical states: radiative–

convective equilibrium (RCE), a two-dimensional state

(2D), and a three-dimensional state (3D). We initialize

RCE by suppressing explicit motion, including eddies

and the mean meridional circulation. Adding in advec-

tion by overturning meridional circulation to RCE yields

the 2D state, which is baroclinically unstable and still

lacks transport by eddies. The final 3D state is then

obtained when the 2D state is perturbed so that eddies

develop. By comparing these RCE, 2D, and 3D cases

under both dry and moist conditions, we find that mid-

latitude eddy fluxes significantly contribute to the struc-

ture of both the tropical and extratropical tropopause.

2. Dynamical hierarchy

The general circulation model (GCM) used in these

calculations is based on the spectral model developed at

the Geophysical Fluid Dynamics Laboratory (GFDL)

(Gordon and Stern 1982; Anderson et al. 2004) and

is thoroughly described by Frierson et al. (2006) and

Haqq-Misra (2010). This GCM builds upon the hydro-

static primitive equation dynamical core of Held and

Suarez (1994) by including latent heat release by large-

scale condensation. In addition, gray radiation directly

forces the atmosphere, instead of Newtonian relaxation

to a fixed profile, and an explicit boundary layer scheme

replaces Rayleigh damping as surface friction. The at-

mosphere is assumed to be transparent to solar radiation

so that the surface slab ocean absorbs sunlight in a per-

petual equinox configuration. Optical depth values at

the equator and pole are specified at the surface, and the

vertical profile of optical depth is specified as a function

of pressure. These radiation parameters are identical to

those described in detail by Frierson et al. (2006).

This model is still highly idealized because water vapor

content has no effect on the radiation budget, and the sur-

face is parameterized as a mixed-layer slab ocean of con-

stant heat capacity and albedo. For these calculations we

use NL 5 25 vertical levels with sigma coordinates spaced

according the expression s 5 exp[25(0:05~z 1 0:95~z3)],

where ~z is equally spaced in the interval 0 # ~z , 1, and

a spectral dynamical core with triangular truncation at

wavenumber 42 (i.e., T42, which approximately corre-

sponds to 2.88 horizontal resolution). Each simulation is

run for a 3000-day spinup period to reach a statistically

steady state. We then use the subsequent 1000 days of

model runtime in our analysis.

The RCE state is reached by setting v � $T 5 v � $v 5

$p 5 0 in the primitive equations so that the horizontal

advection of temperature and momentum, along with the

pressure gradient, is zero. (It would seem that RCE could

be achieved simply by setting all horizontal and vertical

winds to zero, but such a configuration is numerically

unstable in a GCM because pressure gradients are still

present.) The model is initialized with a constant tem-

perature of 264 K at all grid points, and no perturbation is

introduced into the system at initialization. The resulting

steady state has no zonal or meridional wind and is con-

ceptually equivalent to applying a one-dimensional radi-

ative convective model to calculate a vertical temperature

profile at every surface grid point. To reach the 2D state,

no terms in the primitive equations are suppressed, but we

still refrain from perturbing any zonally asymmetric mo-

tion in the model at initialization. This yields a baroclini-

cally unstable climate state with zonally symmetric steady

flow and no eddy fluxes. The final 3D climate state re-

sembles an idealized earth climate and is reached by nu-

merically perturbing the vorticity field at initialization to

induce the formation of baroclinic eddies.

Because radiative transfer strongly destabilizes the at-

mosphere to convection, some convective parameteriza-

tion must be used in all simulations. In the dry cases,

we apply convective adjustment toward a dry adiabat

(Manabe et al. 1965) by mixing unstable layers while

conserving the vertical integral of potential temperature

with respect to pressure. For our moist cases, we use

a simplified penetrative adjustment scheme (Betts 1986)

that is fully developed by Frierson (2007). This pene-

trative adjustment scheme uses a reference relative hu-

midity of 80% to calculate an adjustment to temperature

that satisfies conservation of enthalpy [we use the

‘‘shallower’’ scheme developed by Frierson (2007)]. We

initially attempted to use a moist convective adjustment

scheme as a counterpart to dry convective adjustment;

however, moist convective adjustment proved unsuitable

for producing a stable moist RCE state because the lack

of meridional transport in RCE causes water vapor to

accumulate in the tropical troposphere. [This is because

water vapor content is variable in our model configura-

tion and therefore requires either poleward transport or

an explicit cloud scheme to stabilize RCE (Emanuel
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1994).] By contrast, a simplified penetrative adjustment

scheme adequately stabilizes the model atmosphere for

all our dynamical configurations, which makes it a suit-

able choice for our moist simulations.

A summary of the RCE/2D/3D hierarchy is given in

Fig. 1, which shows the zonal mean potential temperature

u for all three dynamical states, with dry cases in the left

column and moist cases in the right column. Each panel

also includes a tropopause (dark curve) defined by the

World Meteorological Organization (WMO 1957) with

a typical lapse rate of 2 K km21. Dry RCE is character-

ized by a dry adiabatic lapse rate du/dp 5 0 (where p is

pressure) in the troposphere, while the addition of ad-

vection in dry 2D allows an overturning meridional cir-

culation to develop. The corresponding moist cases fall

nearly along moist adiabats in the troposphere (not

shown), and tropopause heights are generally higher than

the dry counterparts. When eddies are included in 3D,

a more realistic meridional variation in tropopause

height appears. We have also plotted an overlay of the

RCE, 2D, and 3D tropopauses under dry and moist

conditions in Fig. 2 to highlight the changes in tropo-

pause height among these three dynamical configura-

tions. Our model results differ in this respect from other

idealized GCM calculations (e.g., Held and Suarez 1994)

because of our use of explicit radiative transfer and

boundary layer processes. Other GCM studies (e.g.,

Schneider and O’Gorman 2008) present a subset of

some of the calculations shown here, although they do

not systematically compare dry and moist cases in order

to isolate the effects of moisture. Indeed, our construc-

tion of this single-model dynamical hierarchy allows us

to systematically explore the explicit effects of baro-

clinic eddies on atmospheric structure.

FIG. 1. T (shading) and u (lines) for dry and moist RCE, 2D, and 3D cases with a contour interval of 10 K. The dark

curve indicates the height of the tropopause according to the WMO lapse rate definition.
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3. Tropical tropopause

Conventional wisdom attributes the height of the trop-

ical tropopause to the presence of moist convection, which

is illustrated in our moist suite of models. (Our analysis in

this paper is based on a tropopause defined by lapse rate

and neglects the presence of the tropical tropopause layer.)

Moist RCE shows a tropopause height that peaks at the

equator, where the greatest amount of moisture is present.

This moist RCE tropopause then declines in height

throughout the wet tropics and into the drier extratropics.

(The bumps in the moist RCE tropopause profile result

from the fact that we are forcing the GCM into an RCE

state that would otherwise be numerically unstable.) In

moist 2D, an overturning meridional circulation develops

that mixes water vapor within the tropics (not shown).

Eddies are still absent in moist 2D, but the tropopause is

now a constant height throughout the tropics. When eddies

are included in moist 3D, the subtropical tropopause near

f ’ 308 rises slightly, which produces the characteristic

time-mean tropopause shape from observations.

Contrary to this conventional argument, a realistic me-

ridional variation in tropopause height also can be ach-

ieved in a dry atmosphere with the complete absence of

moist convection. [Thuburn and Craig (1997) hint at this

behavior, where some of their drier model experiments

show a slightly lower tropopause that retains many realistic

structural features.] Our state of dry RCE shows maximum

heating at the equator and a tropopause that smoothly

declines toward the poles. The overturning circulation in

dry 2D reduces the tropical horizontal temperature gra-

dient so that the tropopause flattens somewhat throughout

the tropics. Our dry 2D state is somewhat approximate to

our dry RCE state, though, and does not show a significant

rise in tropical tropopause heights as in moist 2D. How-

ever, when we add eddies to our dry model in the dry 3D

state, we find a tropopause with a shape quite similar to

that of moist 3D. The height of the dry 3D tropopause in

the tropics is nearly as high as the moist 3D tropopause,

and the abrupt subtropical jump is also evident. [It is also

worth noting that the meridional temperature gradient

is reduced in moist 3D when compared to its dry coun-

terpart because the inclusion of latent heat transport

enhances the net poleward heat transport by baroclinic

eddies. Although this behavior is worthy of future in-

vestigation (e.g., Frierson et al. 2007), such calculations

are beyond the scope of the present study.] The realistic

shape of our dry 3D tropopause occurs in the complete

absence of moisture, which suggests that tropospheric

and stratospheric eddies alone can constrain the shape

of the tropical tropopause.

The effect of eddies on tropopause shape can be un-

derstood by considering the structure of potential tem-

perature in the atmosphere. To conduct our analysis, we

interpret the difference d of a field x between 2D and 3D

dynamical states as the net eddy effect:

d(x) 5 x3D 2 x2D. (1)

This allows us to explicitly calculate the contribution of

eddies to any atmospheric quantity. We first show the

net eddy effect of potential temperature d(u) in Fig. 3

under dry and moist conditions. In both instances we see

that eddies yield cooling in the tropics, with the steepest

vertical gradient of cooling just beneath the tropical

tropopause. We have defined the tropopause in terms of

lapse rate ›u/›p, so we can examine the contribution of

eddies to the vertical temperature gradient by consid-

ering the static stability of the atmosphere. As a measure

of static stability, we use the quantity N2, defined as

N2 5 g
› lnu

›z
5

g2p

RdT

› lnu

›p
, (2)

which describes statically stable conditions for N2 . 0

and statically unstable conditions for N2 , 0. (Here g is

FIG. 2. Tropopause heights according to the WMO lapse rate definition for the RCE (thin line), 2D (dashed line), and

3D (thick line) dynamical states under (left) dry and (right) moist conditions.
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a constant gravitational acceleration, z is height, T is

temperature, Rd is the specific gas constant for dry air, and

overbars denote a zonal mean.) The change in static sta-

bility due to the presence of eddies can be described by the

net eddy effect d(N2). We plot N2 as well as d(N2) for our

2D and 3D cases in Fig. 4. In the tropics, the stratospheric

cooling by eddies corresponds to a decrease static sta-

bility [d(N2) , 0] in the upper troposphere through

a reduction in the vertical temperature gradient ›u/›z,

whereas it corresponds to an increase static stability

[d(N2) . 0] in the lower stratosphere due to the decrease

in temperature. Together, these changes lift the tropical

tropopause from the eddy-free 2D state to the eddy-

permitting 3D state. This result is consistent with the

work of Birner (2010), who also points out that the region

of negative net eddy effect beneath the tropopause helps

sharpen the subtropical jump. Likewise, the observational

analysis by Pan et al. (2004) also finds that an abrupt

change in the magnitude of N2 is associated with sharp-

ness in tropopause structure. Under both dry and moist

conditions, we find that eddies lift the height of the tropical

tropopause through an increase in static stability above

the tropopause and a decrease in static stability beneath.

One way that eddies modify static stability in the

stratosphere is through the Brewer–Dobson circulation,

which we describe using the residual meridional mass

streamfunction (see below). On the earth, this circulation

provides equator-to-pole mass transport with a maximum

in the winter hemisphere (Brewer 1949; Holton et al.

1995; Callaghan and Salby 2002; Austin and Li 2006) and

is driven in part by the convergence of the eddy heat flux

y9u9 and the eddy momentum flux u9y9 (by modifying

horizontal motion y and vertical motion v). The equator-

to-pole motion of the Brewer–Dobson circulation

suggests that a corresponding cooling in the equatorial

stratosphere and warming in the polar stratosphere may

provide one mechanism by which stratospheric eddies

can contribute to tropopause structure. To explore this

hypothesis, we calculate the residual meridional circu-

lation in the stratosphere as a proxy to the Brewer–

Dobson circulation.

In general, the residual circulation approximates mass

transport across isentropes, which is relevant for exchange

between the stratosphere and troposphere. We can de-

scribe the residual meridional circulation with a trans-

formed Eulerian mean formulation (Eliassen and Palm

1961; Andrews and McIntyre 1976) that approximates

mean meridional flow associated with diabatic processes.

Following Edmon et al. (1980), we define the components

of the residual velocity as

y* 5 y 2
›

›p

y9u9

›u/›p

� �
, (3)

v* 5 v 1
1

a cosf

›

›f

y9u9 cosf

›u/›p

� �
, (4)

which we can use to calculate the residual meridional

circulation C* as

C* 5
2pa2 cosf

g

ðp9

0
y* dp, (5)

where P9 is a particular pressure level for the mean

meridional circulation and a is planetary radius. The

residual meridional streamfunction C* is shown in Fig. 5

for our 3D state with both contours and shading to en-

hance readability. [Because much of the residual circu-

lation is driven by eddies, the change in residual

circulation d(C*) from 2D to 3D is similar to the total

FIG. 3. d(u) for dry and moist cases. Dashed curves indicate negative values, and shading shows jd(u)j. Contours are

drawn every 10 K, and the dark line follows the tropopause.
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3D circulation of Fig. 5. The C* field for the eddy-free 2D

state reduces to the mean meridional circulation (MMC)

and is confined to a narrow band in the tropical tropo-

sphere. We have not included a plot of the MMC in this

paper because it is tangential to the discussion of tropo-

pause height, although we intend to investigate the role of

eddies in the Hadley circulation in a future study.] The

equator-to-pole transport mechanism discussed above for

the stratosphere is evident in both the top and bottom

rows of Fig. 5 along with vertical upwelling at equatorial

latitudes. Note that even though the tropospheric residual

circulation is stronger in dry 3D, the magnitude of the

Brewer–Dobson circulation in the stratosphere is nearly

identical between dry and moist 3D because the vertical

stability ›u/›p is similar in the relatively dry stratosphere

of these two cases. We can compare d(u) in Fig. 3 with

Fig. 5 to see that the region of cooling just beneath and

above the tropical tropopause corresponds to a rising

branch of the residual circulation. The associated decrease

in static stability d(N2) beneath the tropical tropopause,

seen in the bottom row of Fig. 4, results from a decrease in

the vertical potential temperature gradient by this over-

turning circulation (also evident in Fig. 3)—although part

of this response may also be due to eddy-driven changes in

tropospheric longwave radiation. In this way we see that

eddies can raise tropical tropopause heights out of the

reach of convection (Birner 2010) through the Brewer–

Dobson circulation, even in the absence of moisture.

4. Extratropical tropopause

The shape of the tropopause in the extratropics has

been considered a result of baroclinic eddies (in part) at

least since Held (1982). The influence of baroclinic eddies

FIG. 4. N2 for dry and moist (top) 2D and (middle) 3D cases and (bottom) d(N2) between the 3D and 2D cases.

Contours are drawn at an interval of 5 3 1025 s22. Dashed contours show negative values, and shading shows jN2j
and jd(N2)j. The dark solid line follows the 3D tropopause and the dark dashed line follows the 2D tropopause.
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on extratropical tropopause structure can be seen from our

dynamical hierarchy in Fig. 1. Our RCE and 2D states

show nearly identical tropopause shape in the extratropics,

where radiation and convection are the only constraining

processes (in addition to some tropical heat transport from

the mean meridional circulation in 2D). When we induce

eddies under dry conditions to form our dry 3D state, we

find that the tropopause lowers significantly throughout

the entire extratropics. This contrasts with our moist 3D

state, which shows a rise in polar tropopause height due to

eddies. Baroclinic eddies evidently exert a different effect

on extratropical tropopause structure based on the pres-

ence or absence of moisture. As we discuss below, the

behavior of both our dry and moist 3D states can be at-

tributed in part to a competition between the Brewer–

Dobson circulation and the tropospheric eddy heat flux.

The prominence of baroclinic eddies in shaping the

extratropical tropopause is illustrated by static stability

N2 shown in Fig. 4, which shows that eddies act to sta-

bilize the stratification in the extratropics. The regions of

negative static stability net eddy effect d(N2) above the

extratropical tropopause are almost identical in strength

and shape between our moist and dry cases. This is as-

sociated with warming and an increase in lapse rate in the

extratropical stratosphere that lowers the extratropical

tropopause, which can be explained as warming by in-

creased upward infrared radiation and the downward

motion of the Brewer–Dobson circulation. Eddy-driven

processes lead to a rise in tropospheric temperatures,

which causes an increase in upward infrared radiation

into the stratosphere. The resulting stratospheric warm-

ing is similar between our dry and moist calculations

because moist static energy fluxes are nearly equal in the

two cases (Frierson et al. 2007), which ensures that up-

ward infrared radiation into the stratosphere is also equal.

The Brewer–Dobson circulation also contributes to the

structure of temperature in the stratosphere and likewise

shows equivalent tendencies between our dry and moist

cases (Fig. 5). This stratospheric warming is certainly

important in shaping the extratropical tropopause, but

some other mechanism must also be present to explain

the difference in tropopause slope between our dry and

moist simulations.

We describe our hypothesis for the shape of the ex-

tratropical tropopause as a schematic diagram shown in

Fig. 6. The top panel considers dry conditions where

tropospheric heating processes are limited to radiation,

dry convective adjustment, and the boundary layer. In

this case, the stratospheric residual circulation (along

with changes in upward infrared radiation) may cause

cooling at low latitudes and warming at high latitudes that

exceed the corresponding warming and cooling from

poleward sensible heat fluxes in the troposphere. This

would cause a lowering of the extratropical tropopause.

This lowering of the extratropical tropopause from dry

2D to dry 3D is consistent with our dry calculations shown

FIG. 5. Plots of C* (1017 m2 s Pa). Contours are drawn irregularly according to 6f1, 2, 4, 6, 8g3 10n, where 22 # n # 4,

and dashed contours mark negative values. Shading follows the logarithmic scale on the side and indicates jC*j.
(top) Plot for the full atmosphere, with a dark curve showing the tropopause, and (bottom) in the stratosphere only.
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in Fig. 1. Under moist conditions, however, the presence

of moist convection and latent heat fluxes may cause

eddies to raise the extratropical tropopause rather than

lower it. We illustrate this response of the moist tropo-

pause in the lower panel of Fig. 6. The strength of the

stratospheric warming is similar between our dry and

moist cases, as discussed above, so the resulting warming

and cooling in the stratosphere could likewise be similar.

In the tropics, moist processes result in convective heat-

ing that cause the tropical tropopause to rise above its dry

3D counterpart. Moist processes also create an additional

poleward and upward flux of sensible heat, as evidenced

by greater eddy-driven dynamic warming for the moist

case than for the dry case. In this case, low-latitude

cooling and high-latitude warming in the troposphere

should dominate that in the stratosphere and cause the

extratropical tropopause to rise. This raising effect of

baroclinic eddies is also consistent with our moist calcu-

lations in Fig. 1. According to our hypothesis, the shape of

the extratropical tropopause is constrained by a compe-

tition between warming in the stratosphere and the in-

fluence of latent heat fluxes in the troposphere.

We can examine the magnitude of this heating by

calculating the net eddy effect of dynamical heating and

physical heating. We define dynamical heating D as the

sum of advection and pressure work terms,

D 5 2v � $T 1
RdTv

cpP
, (6)

so that the net eddy effect of dynamical heating is d(D).

We represent eddy heating from nonradiative physical

processes as d(Qnorad). Here we have written heat-

ing due to nonradiative physical processes as Qnorad 5

Q
conv

1 Q
vdif

1 Q
lsc

(so that total heating due to physical

processes Q 5 Q
norad

1 Q
rad

), where the three terms on

the right-hand side represent the temperature tendency

due to convection, vertical diffusion, and large-scale con-

densation, respectively. Temperature change caused by

latent heat transport is included in Qconv and Qlsc. We

plot d(D) and d(Qnorad) as well as the total nonradiative

net eddy effect d(D) 1 d(Qnorad) in Fig. 7 for dry and

moist conditions. If we examine the top row showing

d(Q
norad

), we see that warming and cooling from physical

processes are largely confined to heights below 400 hPa,

which suggests that such processes have little direct im-

pact on the stratospheric energy budget. Warming by

moist convective adjustment does allow tropical heights

to rise higher than under dry convective adjustment.

Moisture also causes Qnorad to extend farther poleward

and upward. Consistent with this influence of moisture,

the middle row of Fig. 7 shows that dynamical warming

d(D) is greater in the extratropical troposphere when

moisture is included. The combined effect of these

physical and dynamical processes d(D) 1 d(Qnorad) in the

bottom row of Fig. 7 also shows a greater net warming

beneath the extratropical tropopause when moisture

is present. Warming and cooling in the stratosphere is

similar between moist and dry conditions, which suggests

that tropospheric processes contribute to the difference

in the eddy-driven determination of tropopause slope.

We describe the shape of the tropical and extratropical

tropopause as a result of eddy-driven processes that in-

clude the Brewer–Dobson circulation. The change in

upwelling motion of the residual circulation in the tropical

stratosphere (as evident in Fig. 5) reduces the vertical

temperature gradient and causes tropopause heights to

rise, while downwelling motion toward the poles yields

both an increase in temperature and an increase in vertical

temperature gradient. Eddies likewise increase the verti-

cal temperature gradient in the extratropical troposphere

and give the tropopause its characteristic shape. This leads

FIG. 6. A schematic diagram illustrating the influence of the re-

sidual circulation on tropopause height. The dashed line shows the

2D tropopause and the dark solid line shows the 3D tropopause.

(top) Results for dry conditions, where stratospheric cooling in the

tropics results in a rise in the tropical tropopause, while the cor-

responding warming at higher latitudes from the Brewer–Dobson

circulation causes the extratropical tropopause to sink. (bottom)

Results for moist conditions, where the addition of convective

heating causes an even greater rise in tropical tropopause height.

Likewise, the presence of latent heat fluxes results in a rise in the

extratropical tropopause.
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to a steepening of the tropopause in dry 3D and flattening

in moist 3D. Our moist simulations contain a latent

poleward heat flux in addition to the sensible heat flux in

our dry cases, which causes the amount of warming due to

eddies in the extratropical troposphere to be greater in

moist 3D than in dry 3D so that the moist tropopause

flattens while the dry tropopause steepens. We thus see

that eddies act to sharpen the tropical and subtropical

features of the tropopause and steepen the extratropical

tropopause in a competition with latent heat fluxes.

5. Transient evolution

So far our analyses have been confined to the time-

mean state of our dynamical hierarchy, but the temporal

evolution of tropopause height in response to eddies

provides us with further insight. We begin with a statis-

tically steady-state 2D simulation, as in the middle row

of Fig. 1, and perturb this dynamical state to induce the

formation of baroclinic eddies. We make this numerical

perturbation using a Mersenne twister pseudorandom

number generator to adjust either vorticity zk / zk 1 ~z

by a stochastic value 1028 , ~z , 1026 s21 in the lowest

three layers NL 2 2 # k # NL or temperature

Tk / Tk 1 ~T by a stochastic value 0 , ~T , 1 K in all

vertical levels 0 # k # NL at f 5 908S and longitude

l 5 08. This perturbs our baroclinically unstable 2D dy-

namical state to form baroclinic eddies and evolve toward

a 3D dynamical configuration. Because individual simu-

lations of adjustment from 2D to 3D dynamical states are

FIG. 7. (top) d(Qnorad), (middle) d(D), and (bottom) d(D) 1 d(Qnorad), for (left) dry and (right) moist cases. Dashed

curves indicate negative values, and shading marks jd(D) 1 d(Qnorad)j. The dark solid line follows the 3D tropopause

and the dark dashed line follows the 2D tropopause. Contours are drawn every 0.25 K day21.
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sensitive to initial conditions, we calculate a 10-member

series of these random perturbations in order to find an

ensemble mean tropopause height. (The magnitude of

our perturbations is relatively small with ~z , zk, so we

are reasonably confident that our calculations should all

converge to a similar steady state. If we were to increase

our perturbations to make the magnitude of perturbation

about equal to vorticity in our model layer so that ~z ’ z
k
,

then we could end up with several different final steady

states or a final climate configuration that does not re-

semble our 3D state.)

We show transient evolution of zonal mean tropo-

pause height from 2D to 3D under dry and moist con-

ditions with our 10-member ensemble in Fig. 8, where

shading indicates the pressure level of the tropopause

at a given latitude and time. The tropical tropopause in

both cases rises in response to eddies relatively quickly

and is close to a steady state after the 500th day of

evolution. (It should also be noted that the equatorial

tropopause lowers between days 30 and 100, particularly

in the moist case. This is largely in response to a decrease

in tropical temperature from the eddy-driven poleward

heat transport. The equatorial tropopause then slowly

rises on a longer time scale as the Brewer–Dobson cir-

culation develops and cools the lower stratosphere.) The

extratropics, on the other hand, take much longer to

equilibrate and are not yet at a steady state at the end of

our 500-day window. We see that the subtropical jump

begins to take shape by 150 days, although the regions

poleward of f ’ 458 latitude are markedly higher than

their time-mean 3D configuration. In general, tropopause

heights in the tropics tend to reach their near-final level

much more quickly than in the extratropics, although the

entire atmosphere requires about 1000 days to reach a

statistically steady state. We can also see that the first 30

days of model evolution include a much more rapid ad-

justment period to the onset of baroclinic eddies that

precedes the gradual refining of tropopause shape over

hundreds of days. We therefore describe this transient

evolution toward a 3D state with two time scales: a 30-day

baroclinic adjustment followed by a 5001-day radiative

adjustment period.

The slow adjustment time scale of our model is ap-

parent from day 30 onward in Fig. 8 (as well as our sub-

sequent figures showing transient evolution) as a slow and

steady transition of contours toward an equilibrium 3D

dynamical state. We find that tropospheric temperatures

have nearly equilibrated after 100 days while the upper

atmosphere continues to cool in the tropics and warm in

the extratropics. Because the stratosphere has a much

smaller optical depth than the troposphere, it can take

a long time to reach a statistically steady state using ex-

plicit radiative transfer (such as our gray radiation) in

a GCM. This behavior is made even more apparent by

FIG. 8. Time evolution of zonal mean tropopause height for 500 days from the 2D to 3D dynamical state for an

ensemble of calculations under (top) dry and (bottom) moist conditions. (right) Magnification of the first 100 days of

evolution. Shaded contours are drawn at an interval of 50 hPa.
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the temporal evolution of N2, shown in Fig. 9, where the

tropopause has reached a steady state after 500 days

while the stratosphere continues to adjust.

The troposphere responds to eddies with a shorter

baroclinic adjustment time scale. We magnify the first

100 days of evolution in Fig. 8, which shows two tropo-

pause height pulses with midlatitude rising at 10 and 20

days. We associate these features with the life cycle of

baroclinic waves as the atmosphere adjusts from a baro-

clinically unstable 2D state to a 3D state containing

baroclinic eddies. The adjustment from 2D to 3D occurs

relatively quickly and seems to require only two baro-

clinic life cycles for the troposphere to reach a 3D steady

state. This time scale is consistent with existing theories

for baroclinic adjustment in the atmosphere (e.g.,

Simmons and Hoskins 1978). It is also interesting to

observe that y9u9, shown in Fig. 10, has a maximum value

at day 20 that seems to precede the rising of the tropo-

pause at midlatitudes between days 20 and 200 in re-

sponse to baroclinic waves. Additionally, u9y9 shown in

Fig. 11 has maxima near days 3 and 20 that coincide with

the minimum heights in midlatitude tropopause

height during baroclinic adjustment. We thus see that

the troposphere responds to baroclinic eddies on a rela-

tively rapid time scale, even though a steady-state at-

mosphere takes longer to develop.

We have argued in the section above that tropopause

structure is affected by stratospheric cooling and warming

that result in part from the Brewer–Dobson circulation.

Although warming in the polar troposphere from sensible

and latent heat fluxes causes tropopause heights to rise,

the Brewer–Dobson circulation also causes stratospheric

warming at polar latitudes. This exerts a competing force

that lowers the polar tropopause so that the steady-state

extratropical tropopause is determined by a competition

of warming processes between tropospheric heat fluxes

and stratospheric circulation.

The residual meridional circulation in the troposphere

develops rather quickly and even persists during the ini-

tial 30-day baroclinic adjustment period. The temporal

evolution of C* for dry and moist cases during the first 40

days of evolution in shown in Fig. 12 at heights of 200 and

800 hPa. This tropospheric circulation seems to develop

immediately after eddies are introduced into the 2D state.

By day 40 of evolution, this circulation in the troposphere

is close to its steady-state strength.

The stratospheric Brewer–Dobson circulation, on the

other hand, takes much longer to develop. The residual

meridional circulation is shown in Fig. 12 out to 500 days

of evolution, where it has evidently not yet reached a

steady state. It is also interesting to note that the Brewer–

Dobson circulation in the extratropical stratosphere takes

FIG. 9. Time evolution of N2 from the 2D to 3D dynamical state for an ensemble of calculations under (left) dry and

(right) moist conditions at (top) 200 and (bottom) 800 hPa. Contours are drawn at an interval of 5 3 1025 s22.

Dashed contours mark negative values, and shading indicates jN2j.
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a particularly long time to develop; our steady-state cir-

culation shows poleward transport in Fig. 5, but this fea-

ture is still not present after 500 days of evolution in

Fig. 12. As discussed above, radiative adjustment of the

stratosphere occurs on a much longer time scale than the

troposphere, so stratospheric processes should take longer

to reach a steady state. [Part of this behavior relates to the

stratospheric optical depth profile, described by Frierson

et al. (2006), which can lead to a somewhat lengthy and

unrealistic radiative time scale in the stratosphere.] As

a result, we can explain the time evolution of the extra-

tropical tropopause as a slow response to the developing

temperature structure of the stratosphere.

We can now return to our hypothesis for tropopause

structure, schematically illustrated in Fig. 6. The heating

processes D and Q
norad

have reached a near-steady state

in the troposphere by about 100 days so that the re-

sulting tropospheric poleward heat flux warms the poles

and causes the tropopause to rise. Because this mecha-

nism develops quickly, the extratropical tropopause rises

significantly higher than its steady state when eddies are

introduced. Only when the poleward warming of the

stratosphere develops does the extratropical tropopause

descend to eventually arrive at its final 3D configuration.

Tropospheric evolution from 2D to 3D can therefore

be understood as a competition between the rapid

development of tropospheric latent and sensible heat

fluxes and the slower development of stratospheric

circulation.

6. Conclusions

The calculations presented in this paper indicate that

the height of the tropopause is constrained not only by

radiation and tropospheric eddy fluxes, but also by the

stratospheric Brewer–Dobson circulation. Conventional

wisdom assumes that the tropical tropopause is shaped by

moist convection, but we find that a realistic tropopause

profile, including a subtropical jump in height, can be

maintained by eddies alone. Moist convection does con-

tribute to overall higher tropical tropopause heights, but

eddies seem to be the primary constraint on the shape of

the tropical tropopause. Eddy-driven processes, including

the stratospheric Brewer–Dobson circulation, modify

atmospheric static stability so that the tropopause rises in

the tropics and sharpens at the subtropics.

The extratropical tropopause is known to be shaped

by baroclinic eddies (e.g., Held 1982; Lindzen 1993;

Schneider 2004), but we find that moisture tends to

flatten the extratropical tropopause in radiative regimes

similar to that of the earth. In addition, eddies again play

a central role in shaping the extratropical tropopause.

FIG. 10. Time evolution of y9u9 from the 2D to 3D dynamical state for an ensemble of calculations under (left) dry and

(right) moist conditions at (top) 200 and (bottom) 800 hPa. Contours are drawn at an interval of 10 K m s21.
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Without stratospheric warming from eddies, the extra-

tropical tropopause would be unrealistically higher than

the observed tropopause. Under dry conditions the ex-

tratropical tropopause steepens due to eddies, while

moist atmospheres have an additional poleward latent

heat flux that causes flattening. Our interpretation is that

the slope of the extratropical tropopause is determined by

a competition between the tropospheric warming by eddy

heat flux and the stratospheric warming by the Brewer–

Dobson circulation and eddy-driven changes in upward

infrared radiation. Thus, we find that baroclinic eddies

significantly contribute to atmospheric structure in both

the tropics and extratropics in large part by driving the

Brewer–Dobson circulation to modify static stability.

Although our model configuration allows us to sys-

tematically isolate the effect of eddies, this GCM still

contains idealized approximations that should be kept in

mind. Because the surface is represented as an aqua-

planet with a mixed-layer slab ocean, no large-scale

planetary waves are induced (i.e., from interaction with

topographic features). This aquaplanet approximation

is necessary in this study in order to produce numeri-

cally stable RCE and 2D states, but it also leads to

an underestimation of the Brewer–Dobson circulation

strength because planetary waves can propagate into the

stratosphere and break to strengthen this stratospheric

circulation. This would not only produce a more realistic

Brewer–Dobson circulation but also increase the effect of

the Brewer–Dobson circulation on tropopause structure.

Additionally, our use of perpetual equinox conditions

prevents the Brewer–Dobson circulation from shifting

off-axis to dominate the wintertime hemisphere, as would

occur with a seasonal cycle for solar insolation. Likewise,

the lack of water vapor feedback in our gray radiation

scheme may cause an underestimation in the strength of

tropical heating, while the lack of wavelength-dependent

absorption for individual atmospheric constituents may

lead to an oversimplification of stratospheric structure. It

would certainly be worthwhile to repeat some of the

calculations in this study using a more complicated model

that includes some of these additional physical features;

however, the basic effect of eddies on tropopause struc-

ture should remain consistent with more complex models.

The effect of the stratospheric Brewer–Dobson cir-

culation is often ignored when formulating theories of

the tropopause. However, our model hierarchy dem-

onstrates that the Brewer–Dobson circulation plays

the dominant role in shaping the tropical tropopause

and also contributes significantly to tropopause struc-

ture in the extratropics. It appears that while our at-

mosphere is thermally forced, some of its most salient

features are eddy driven, with a stratospheric circula-

tion that may play a much more important role than

previously thought.

FIG. 11. As in Fig. 10, but for u9y9. Contours are drawn at an interval of 10 m2 s22.
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