
 

 
 
 

© Copyright 2016 
 

Scott Wayne Powell 



 

  
 

Dynamics of Large-Scale Convective Onset in the Madden-Julian Oscillation 
 
 
 

Scott Wayne Powell 
 
 
 
 

A dissertation 
 

submitted in partial fulfillment of the 
 

requirements for the degree of 
 
 
 

Doctor of Philosophy 
 
 
 
 

University of Washington 
 

2016 
 
 
 
 

Reading Committee: 
 

Robert A. Houze, Jr., Chair 
 

Dennis L. Hartmann 
 

Daehyun Kim 
 
 
 
 
 

Program Authorized to Offer Degree:  
 

Atmospheric Sciences 



 

  



 

 
University of Washington 

 
 
 

Abstract 
 
 
 
 

 Dynamics of Large-Scale Convective Onset in the Madden-Julian Oscillation 
 
 
 

Scott Wayne Powell 
 
 
 

Chair of the Supervisory Committee: 
Prof. Robert A. Houze, Jr. 

Dept. of Atmospheric Sciences 

 

 

The role of large-scale circulation anomalies in the convective onset of the Madden-Julian 

Oscillation (MJO) over the Indian Ocean during the Dynamics of the Madden-Julian Oscillation 

(DYNAMO) field campaign, conducted Oct. 2011–Feb. 2012, is explained using radar and 

rawinsonde observations, reanalysis, and regional model simulations. Convective onset was 

characterized by two episodic and rapid increases in the vertical growth of the cumuliform cloud 

population over the Indian Ocean: First, the areal coverage of moderately deep (~5 km) 

convection increased; about 1 week later, the areal coverage of deep (up to the tropopause) 

convection increased rapidly. Deep tropospheric wavenumber 1 anomalies in zonal wind and 

vertical velocity circumnavigated the tropics repeatedly during DYNAMO. MJO convective 

onset occurred when the upward branch of this wavenumber 1 circulation arrived over the Indian 



 

Ocean because a reduction in large-scale subsidence cooled the troposphere and steepened the 

lapse rate below 500 hPa. This made the environment more conducive to development of 

moderately deep convection. The moderately deep convection moistened the environment during 

week-long transition periods by transporting moisture vertically from the boundary layer to the 

free troposphere and detraining it into the clear-air environment, particularly between 650–850 

mb. Regional cloud-permitting model simulations of convection during MJO onsets reproduced 

the distinct transition periods. The modeling results confirmed that rapid cooling of the 

environment enhanced the areal coverage of, and thus total vertical transport of water within, 

moderately deep convection at the beginning of transition periods. Evaporation of cloud 

condensate via entrainment or dissipation of clouds was directly responsible for environmental 

moistening. Cooling of the climatologically stable layer between 700–850 mb was particularly 

important because it allowed a greater number of cumulus elements growing out of the boundary 

layer to completely penetrate the 700–850 mb stable layer and grow upward to the next stable 

layer near 500 mb. The results are descriptive of MJO convective events observed during 

DYNAMO, but not necessarily all MJO events. As such, they should not be generalized as the 

single operative method for MJO convective onset.  
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Chapter 1. INTRODUCTION 

 About 45 years ago, as of this writing, Rol Madden and Paul Julian serendipitously 

discovered a statistically significant variability with frequency of about 40–50 days in tropical 

Pacific tropospheric zonal wind, as observed via rawinsondes, and in surface pressure (Madden 

and Julian 1971). They noted that the variability appeared to be associated with a deep, zonally 

oriented, tropospheric circulation whose upward branch propagated toward the east (Madden and 

Julian 1972). Colloquially within the meteorological community, this variability, and less 

accurately, the circulation and associated precipitation and cloud structures have since become 

known as the Madden-Julian Oscillation (MJO). It represents the dominant mode of variability in 

precipitation and large-scale temperature, humidity, and circulation patterns in the tropics on 

intraseasonal (20–90 day) time scales. If anomalous precipitation tracks the upward branch of the 

intraseasonally varying circulation signal, which may span several thousand kilometers 

horizontally, i.e. convection is coupled to the large-scale circulation, the MJO is considered 

“convectively active”. Large—on the order of a few thousand kilometers zonally—areas 

containing anomalous deep convection associated with the MJO can exist throughout most of the 

tropics; however, such widespread regions of convection are most likely to remain active and 

propagate eastward over the tropical warm pool of the Indian Ocean and Tropical West Pacific.  

 The MJO has significant impacts on weather events—sometimes, extreme events—

throughout the globe. For example, the MJO has been linked to variability in tropical cyclone 

activity throughout the globe (e.g. Maloney and Hartmann 2000a, b; Klotzbach 2014). 

Forecasters at the National Hurricane Center operationally consider the global structure of the 

MJO in their medium-range forecasts for cyclogenesis (Blake 2015). The impact of the MJO on 
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sea surface temperatures might also affect the El Niño-Southern Oscillation (Section 6 of Zhang 

2005). The off-equatorial dynamic response to anomalous deep diabatic heating in the MJO is 

responsible for variability in precipitation or surface air temperature in middle and high latitudes 

(Bond and Vecchi 2003, Vecchi and Bond 2004). All such impacts are especially important 

because the magnitude and frequency of the MJO is expected to increase in future global 

warming scenarios (Jones and Carvalho 2011, Subramanian et al. 2013). The impacts of the MJO 

on extreme weather events around the globe merit understanding the dynamics governing it; 

however, to date, the exact mechanisms responsible for the onset of MJO convective events have 

remain unexplained since its discovery. Furthermore, global models used for climate simulations, 

despite recent improvement, still largely fail to realistically represent intraseasonal variability in 

precipitation. Lacking a thorough physical understanding of the processes that explain how MJO 

convective events develop makes model improvement a challenging prospect. 

 In this dissertation, “MJO convective onset” refers to the initial development of deep 

convection that occurs over a widespread region over the tropical warm pool and is coupled to a 

similarly large circulation. MJO convective onset marks the time at which an MJO is first 

convectively active. The cloud population leading up to MJO convective onset is described in 

detail in Chapter 2 and Chapter 3. In general however, the process of MJO convective onset 

concerns how the cloud population over the warm pool transitions from being representative of 

convectively suppressed conditions (i.e. few clouds or predominantly shallow clouds are present) 

to indicative of convectively active conditions during which deep convection and mesoscale 

convective systems are prevalent. Such a transition can be reframed as thinking of why clouds 

grow deeper during across a widespread region in the few days prior to MJO convective onset. 

Over the past 30 years, numerous hypotheses (as outlined in Zhang 2005 or Wang 2011) have 
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sought to explain the dynamics governing MJO convective onset and propagation. The processes 

proposed to explain its onset are outlined below and can generally be included into one of two 

schools of thought: 1) Clouds are themselves actively involved in the overall transition of a 

large-scale cloud population into one that contains a greater number of deep convective 

elements, or 2) Clouds respond passively to some large-scale forcing that causes the cloud 

population to become progressively deeper. Both types of hypotheses stress the importance of 

cloud vertical growth for the existence of a convectively active MJO. There is no reason, 

however, to not expect that some blend of the two types of processes cooperate to achieve the 

vertical transition of the cloud population into one consistent with an active MJO. 

 That clouds are actively involved in their own growth has become known as the 

“discharge-recharge” hypothesis, a term first coined by Bladé and Hartmann (1993). The period 

preceding MJO convective onset was characterized by a vertical build-up in cloud depth, during 

which the clouds themselves were agents for restoring moist static energy into the lower 

troposphere (i.e. recharging the troposphere by moistening it). Kemball-Cook and Weare (2001) 

suggested that convection helps to destabilize the troposphere because it is responsible for the 

increase in low-level moist static energy that is concurrent with large-scale mid-tropospheric 

drying. Benedict and Randall (2007) further refined the theory by providing evidence that for a 

composite of many MJO events, as clouds moisten the environment at progressively deeper 

levels, the mean depth of convection as well as the depth of a moist tropospheric layer increase. 

In a composite MJO, such a process required 10–20 days to be completed. The “discharge-

recharge” hypothesis essentially states that moisture and convection positively feedback onto one 

another. In other words, clouds require a moist environment to grow vertically, and as they 

detrain moisture into their environment, they make the environment more favorable for 
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additional vertical growth of subsequent clouds. Such a feedback is well documented (e.g. 

Grabowski and Moncrieff 2004, and references therein). The sensitivity of deep convection to 

water vapor content in the lower and middle troposphere has also been repeatedly demonstrated 

in modeling frameworks (e.g. Derbyshire et al. 2004, Kuang 2010, Tulich and Mapes 2010, 

Wang and Sobel 2012, Takemi 2015). 

 External forcing, whether it originates in the tropics or elsewhere, has also been 

responsible for triggering MJO convective onset. Various studies (e.g. Hsu et al. 1990, Ray and 

Li 2013, Zhao et al. 2013) have argued that wave energy transfer from the extratropics to the 

tropics might be responsible for MJO onset. Others have argued that tropical dynamics are 

probably linked to MJO convective onset. Knutson and Weickmann (1987) were the first to 

document circumnavigating anomalies of zonal wind and velocity potential in the upper 

troposphere that appeared to be linked to—if not representative of—the anomalous MJO 

circulation during active events over the warm pool. After convection in the MJO dissipated, the 

circulation signal persisted and circumnavigated eastward around the globe. Upon the return of 

the large-scale divergence anomalies in the upper troposphere to the warm pool, another 

convectively active MJO event developed. Similar behavior was reported by Gottschalck et al. 

(2013) and will be documented and discussed extensively in Chapter 4. MJO convective events 

that are clearly connected to a precursor circulation signal are known as “successive” events, 

while others are known as “primary” events (Matthews 2000, 2008). Potential influences by 

extratropical disturbances on this tropical signal have only been sparingly explored (e.g. Straus 

and Lindzen 2000) and remain a largely unresolved topic.  

 The importance of the MJO to weather and climate globally, combined with the lack of 

understanding of the processes governing MJO onset, was the primary motivation for the 
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Dynamics of the Madden-Julian Oscillation (DYNAMO) and Atmospheric Radiation 

Measurement (ARM) Madden-Julian Oscillation Investigation Experiment field campaigns held 

over the central equatorial Indian Ocean during late 2011 and early 2012. Yoneyama et al. 

(2013) detailed the extensive observational platforms used during the intensive observing period 

during DYNAMO/AMIE. The project represented the first effort to observe the cloud population 

over the Indian Ocean, a region of MJO convective onset, during all periods of the MJO: 

suppressed periods, the build-up period into convective onset, and the convectively active 

periods. The duration of the project allowed several distinct, unique events to be observed. The 

temporal and spatial scales of the experiment exceed any that had ever been attempted over this 

portion of the tropics. Data collected during this experiment is fundamental to many of the 

results presented herein. 

 This dissertation primarily addresses two topics related to MJO convective onset. First, 

prior to DYNAMO, it was known, as described above, that tropospheric water vapor content 

increased through a deep layer prior to MJO convective onset; the presence of water vapor was a 

necessary condition for MJO onset to occur. However it was unclear if clouds caused the 

moistening (hypothesis type 1 above) or if something else caused the moistening and allowed 

clouds to develop (related to hypothesis type 2 above). Because the relationship between cloud 

development and environmental humidity is so close, picking apart causality has long proven to 

be problematic. Thus the scientific question became a sort of “chicken-and-egg” problem, i.e., 

which comes first: clouds or the moisture responsible for their vertical growth? Results in all 

chapters of this dissertation address this question using a variety of tools, including, most 

importantly, radar and rawinsonde data collected during DYNAMO/AMIE.  
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 Second, although, many MJO events apparently occur when a large-scale divergence 

signal as described above reaches the warm pool region, a clear dynamic process connecting 

upper-tropospheric circulation signals to the vertical growth of convection that is rooted in a 

warm, moist boundary layer had long been unclear. In fact, the lack of a clear relationship 

between upper-tropospheric divergence and tropical convection was noted in the original 

“discharge-recharge” paper of Bladé and Hartmann (1993). Chapter 4 discusses the 

circumnavigating divergence signal observed during DYNAMO/AMIE and its implications on 

the vertical growth of convection. Chapter 5 explores the potential impact of such circulation 

anomalies on the buoyancy of cloud elements in the lower troposphere leading up to MJO 

convective events simulated in a regional model. 

 Specifically, the dissertation explores the timescale of the vertical build-up of the cloud 

population over the central, equatorial Indian Ocean prior to three MJO events observed during 

DYNAMO/AMIE. Afterwards, and for the first time, a plausible, observationally rooted, 

mechanism relating large-scale circulation anomalies observed in the upper-troposphere to MJO 

convective onset is detailed using rawinsonde data and reanalysis output. The results support 

both of the types of hypotheses described above to some extent: The cloud population appears to 

be impacted by external tropical forcing, but the clouds themselves are still responsible for the 

moistening that allows sustained widespread, deep convection to ultimately occur. 
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Chapter 2. THE CLOUD POPULATION AND ONSET OF THE 

MADDEN-JULIAN OSCILLATION DURING DYNAMO-AMIE1 

Variability of the cloud population in the central-equatorial Indian Ocean was observed in the 

context of the Madden-Julian Oscillation (MJO) during the Dynamics of the Madden-Julian 

Oscillation (DYNAMO) and Atmospheric Radiation Measurement (ARM) Madden-Julian 

Investigation Experiment (AMIE) field campaigns. Radar observations from the S-PolKa radar 

system on Addu Atoll in the Maldives characterize the types of convective and stratiform radar 

echoes and the heights their 20 dBZ contours reach. To gain insight into the relationship between 

clouds and humidification of the troposphere leading up to and during an active MJO event, the 

work relates variability of the observed precipitation structure to that of tropospheric humidity 

and upper-level zonal wind. The variability in stratiform precipitation areas dominates variability 

in the nature of precipitating convection associated with the MJO. Areal coverage of 

precipitating radar echo, convective echo-top height, and tropospheric humidity above 850 hPa 

rapidly increase over ~3-7 days near MJO onset. This rate of increase is substantially faster than 

the 10-20 days needed for build-up of moisture prior to MJO onset as hypothesized by the 

"discharge-recharge" hypothesis. Convective echoes become more common during the days prior 

to MJO onset, and the increased convection occurs before low-tropospheric moistening. The 

upper troposphere rapidly moistens as the first widespread stratiform region passes over an area. 

Thus, clouds likely play a role in tropospheric humidification. Whether increased low-

tropospheric humidity causes vertical growth of convection has not yet been determined.  

                                                
1 Powell, S. W., and R. A. Houze, Jr., 2013: The cloud population and onset of the Madden-Julian Oscillation over 
the Indian Ocean during DYNAMO-AMIE. J. Geophys. Res. Atmos., 118, 11,979–11,995. 
Doi:10.1002/2013JD020421. 
Copyright 2013. American Geophysical Union. Used with permission. 
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2.1 INTRODUCTION 

Since the late 1960s, field projects deployed in low latitudes have yielded information 

about the structure and behavior of deep convection, and in the tropics geostationary satellites 

have provided a global view via visible and infrared sensing. During the past 15 years, passive 

microwave and active sensors (radar and lidar) aboard Earth-orbiting platforms have observed 

tropical clouds and precipitation in greater detail. Despite these years of intensive observations of 

tropical convection, one dominant mode of tropical convection occurring on intraseasonal 

timescales (30 to 90 days) remains poorly understood. 

 Madden and Julian (1971, 1972) first noted an intraseasonal quasi-periodic cycle in deep 

convection over the Indian Ocean and western Pacific tropical warm pool, which is now widely 

known as the Madden-Julian Oscillation (MJO). The MJO has been extensively documented (see 

review by Zhang 2005). Its convectively active signature moves slowly eastward at about 5 m s-1 

(e.g., Knutson et al. 1986). The moist envelope of deep convection develops anywhere between 

the Indian Ocean and the tropical west Pacific, but most commonly over the Indian Ocean. The 

phenomenon occurs on an irregular interval—roughly every 30 to 90 days. The large-scale wind 

structure of the MJO is often described as a combined Kelvin-Rossby mode coupled to deep 

convection through vertical distribution of heating (e.g., Gill 1980, Nogués-Paegle et al. 1989, 

Houze et al. 2000).  

 Hypotheses explaining the mechanisms through which the onset of convection occurs 

over the Indian Ocean include Knutson and Weickmann's (1987) idea that circumnavigating 

upper-tropospheric velocity potential and zonal wind anomalies occurring as a Kelvin wave 

response to a previous MJO may trigger the next MJO. Seo and Kim (2003) conclude that the 

Kelvin wave response to one MJO circumnavigates the globe and generates a new cycle. Virts 
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and Wallace (2010) support this idea by showing evidence that a circumnavigating Kelvin wave 

associated with the MJO exists and modulates the frequency of cirrus in the tropical tropopause 

transition layer (TTL). However, while Matthews (2000) suggests that mean sea-level pressure 

anomalies associated with a Kelvin mode circumnavigate and coincide with the beginning of the 

next MJO cycle, Matthews (2008) conducts empirical orthogonal function (EOF) analysis on 

filtered OLR anomalies and shows that for only 60% of MJO cases can the negative anomalies 

be definitively traced back to a prior MJO event. More recently, a modeling study by Ray and Li 

(2013) suggests that, in the long-term mean sense, extratropical influences have a greater 

influence on generating an MJO than tropical influences such as circumnavigating Kelvin 

modes. Nonetheless, such circumnavigating features are responsible for at least some individual 

cases of MJO onset. 

 Bladé and Hartmann (1993) pointed out that no dynamical link has been established 

between upper-level wind anomalies and the formation of convergence in the lower troposphere 

that would result in enhanced convection. They offered a "discharge-recharge" theory of MJO 

onset, which proceeds as follows. After an MJO event passes, large-scale subsidence rapidly 

stabilizes and lowers the relative humidity through most of the troposphere. As time goes on, 

humidity gradually increases in the lower to middle troposphere, and a new MJO cycle 

commences once the atmosphere becomes sufficiently unstable and moist to support deep 

convection again. By compositing tropical rawinsonde data, Kemball-Cook and Weare (2001) 

conclude that both wave-CISK (Lau and Peng 1987, Wang and Rui, 1990, Salby et al. 1994) and 

"discharge-recharge" processes may be responsible for MJO onset and propagation.  

 One hypothesis regarding how the recharge moistening occurs is that cumulus clouds—

and particularly cumulus congestus clouds (Johnson et al. 1999)—are responsible for "pre-
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conditioning" or "recharging" the troposphere prior to an MJO over timescales of several weeks. 

Benedict and Randall (2007) add detail to the proposed interaction between cumulus clouds and 

tropospheric moistening on the basis of compositing satellite and reanalysis data relative to a 

filtered maximum in rainfall during several MJO events. Their results appear to support the 

"discharge-recharge" process. They suggest that low-level heating and moistening by cumulus 

clouds gradually condition the lower troposphere for explosive convective development over a 

10 to 15 day period prior to MJO onset. A positive feedback is suggested in which clouds grow 

taller as moist static energy (MSE) is transported vertically; the deeper clouds then transport 

MSE to even higher levels, and the process continues until the environment is moist enough 

through a deep layer for widespread convective events to occur. Kemball-Cook and Weare 

(2001) suggest a similar process occurring over the 20 days prior to MJO onset. Support for this 

hypothesis has been offered in numerous other composite studies of rawinsonde, satellite, model, 

or reanalysis data (e.g. Kiladis et al. 2005, Masunaga et al. 2006, Haertel et al. 2008, Wu and 

Deng 2013). 

 Recent studies of tropical cumulus suggest that on time scales of hours to two or three 

days, pre-moistening of the free troposphere by shallow convection and congestus cannot explain 

rapid transitions to deep convection. Hohenegger and Stevens (2013) find that over the tropical 

Atlantic, local cumulus congestus clouds transition into deep convection more quickly than the 

time needed for congestus clouds to moisten the troposphere. Furthermore, they show that the 

probability of a congestus cloud developing into a cumulonimbus does not increase for longer-

lived congestus. Kumar et al. (2013) similarly show that the time scale needed for deep 

convection to develop near Darwin, Australia, is only a few hours. They conclude that large-

scale dynamics are important in the transition from shallow to deep clouds. Masunaga (2013) 
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shows that for congestus clouds and mesoscale convective systems throughout the tropics, free-

tropospheric moistening occurs as early as a day before convective clouds begin to deepen—or 

2-3 days before the peak of cloud cover associated with a mesoscale system. While both show 

that humidification of the environment is not necessary for deep cloud development locally, 

neither study excludes the possibility that pre-moistening could promote deep and widespread 

convection on longer timescales, such as that proposed to be relevant to the MJO. 

 An alternative hypothesis is that large-scale moistening may occur gradually prior to 

MJO onset at a given location as a result of horizontal moisture advection, particularly in the 

lower troposphere. The increase of lower tropospheric moisture would favor development of 

shallow convection, which would act as agents to transport MSE vertically. The largest term in 

the large-scale composite MSE budget over the Indian Ocean on an intraseasonal time scale is 

horizontal advection (Maloney 2009). Andersen and Kuang (2012) examine the effects of the 

advection of MSE on MJO propagation and again show that horizontal advection dominates the 

MSE budget. MSE build-up occurs to the east of convection, and drying occurs to the west of, or 

behind, the convection. The advection of MSE may be related to boundary layer moisture 

convergence, which has been hypothesized to influence the "discharge-recharge" cycle as well 

(Hendon and Salby 1994, Maloney and Hartmann 1998, Matthews 2000, Seo and Kim 2003). 

Such studies provide a potential mechanism for why new convection is favored downstream of 

currently active convection. In other words, they potentially explain the eastward propagation of 

the MJO. They do not, however, explain how MJO onset suddenly occurs over the Indian Ocean 

in the absence of upstream convection. 

 Instances of the MJO were observed during the Tropical Ocean Global Atmosphere 

Coupled Ocean-Atmosphere Response Experiment (TOGA COARE; Godfrey et al. 1998) in 
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1992-1993 and the Mirai Indian Ocean Cruise for the Study of the MJO-convection Onset 

(MISMO; Yoneyama et al. 2008) in 2006. TOGA COARE provided detailed observations in 

segments of two MJO events over the tropical west Pacific, and MISMO documented one weak 

MJO event over the Indian Ocean. During TOGA COARE, rawinsondes showed humidification 

of the troposphere (Lin and Johnson 1996) prior to onset of MJO-related convection over the 

tropical west Pacific. Katsumata et al. (2009) attributed humidification of the upper-troposphere 

in MISMO primarily to eastward propagating mesoscale cloud systems.  

 The Dynamics of the Madden-Julian Oscillation (DYNAMO) and the ARM 

(Atmospheric Radiation Measurement) Madden-Julian Oscillation Experiment (AMIE) were the 

U.S. contributions to an international collaboration studying the cloud population of the Indian 

Ocean in the context of the MJO (Yoneyama et al. 2013). This cooperative experiment was 

unprecedented because of the amount and duration of intensive radar and rawinsonde 

observations over and around the Indian Ocean during boreal winter. The long period of 

intensive observations allowed for detailed observations of the variation of convection 

throughout several cycles of the MJO in an area where the initial onset of MJO-related 

convection frequently occurs. One major goal of the experiment was to explore hypothesized 

mechanisms for onset and propagation of an MJO in and through the Indian Ocean and tropical 

west Pacific.  

 This chapter examines radar and rawinsonde datasets collected during DYNAMO/AMIE 

to 

1) Describe the structure, development, and organization of MJO-related convection 

over the central equatorial Indian Ocean, and 
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2) Investigate the relationship between vertical growth of convective clouds, 

humidification of the troposphere, and MJO onset where MJO-related convection 

initiates. 

2.2 RADAR AND RAWINSONDE OBSERVATIONS 

 The intensive observing period (IOP) for DYNAMO/AMIE spanned the period 1 October 

2011 through 9 February 2012. Several scanning precipitation and vertically pointing cloud 

radars were deployed at locations around the central equatorial Indian Ocean during 

DYNAMO/AMIE. Observations by these radars provide an unprecedented view of the three-

dimensional structure of the convective entities making up the population of clouds in the MJO. 

Figure 2.1 shows the locations of each radar platform and rawinsonde launch site in the IOP area.  

At Addu, three radar sites were located within 13 km of each other: the C-band SMART-R; the 

ARM mobile facility (AMF2), which housed a vertically pointing cloud radar; and the dual-

wavelength Doppler polarimetric S-PolKa radar system described below. The extensive radar 

data are supplemented by soundings taken every 3 h at the primary DYNAMO/AMIE sites and 

at lower frequencies at other locations throughout the Indian Ocean and maritime and Indian 

subcontinents. The three-hourly rawinsonde launches at Gan Island (0.69°S, 73.15°E) on Addu 

Atoll provided details on the vertical profiles of wind, temperature, and moisture content in the 

immediate vicinity of the S-PolKa radar. Detailed information about the sondes, including bias 

correcting and smoothing of the sonde data, is available in Long and Holdridge (2012). 

 For this study, we concentrate on the radar and rawinsonde observations made on Addu 

Atoll. The primary radar system used for our analysis is the dual-wavelength, dual-polarimetric 

S-PolKa from the National Center for Atmospheric Research (NCAR). The system consists of 

two radars, with wavelengths of 10 cm (S-band) and 0.8 cm (Ka-band), mounted on the same  
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Figure 2.1. Location of the IOP in the Indian Ocean. Labeled dots represent rawinsonde launch 

locations within the IOP. Inset: Location of S-PolKa, SMART-R, and the ARM facility on Addu 

Atoll. 
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platform with matching beam widths of 0.91°. S-PolKa executed a scan strategy consisting of 

surveillance scans at elevation angles up to 11 degrees for 5 min, followed by 10 min of range 

height indicator scans (RHIs, i.e. scanning in elevation at a fixed azimuth) spaced at intervals of 

2° of azimuth in the northeast and southeast sectors of radar coverage. Each RHI sector was 

located over open ocean, and scanned up to 41°. Spacing between elevation angles for RHIs was 

0.5°. The scanned sectors were bounded by azimuths 6 and 82°, and 114 and 141.9° respectively. 

Then the scan sequence was repeated continuously from 28 September 2011 through 15 January 

2012, uninterrupted with operator-selected scans. Technical issues caused only a few minor 

interruptions. Thus, the radar obtained a statistically homogeneous dataset for all time periods, 

whether suppressed, active, or intermediate in terms of the cloud population, defined herein as 

the entire ensemble of clouds observable by S-PolKa. More information on the S-PolKa system, 

as well as the available datasets may be found at 

http://www.eol.ucar.edu/projects/dynamo/spol/SpolKa_DYNAMO_UsersGuide.toc.html. 

2.3 RADAR-DERIVED PRODUCTS 

 Before deriving products from the S-PolKa data, the reflectivity field was interpolated to 

a Cartesian grid with 500 m horizontal and vertical resolution using both surveillance scans and 

RHIs. Data within 12 km of the radar site is excluded because sampling of the tops of echoes is 

limited within this range by the maximum elevation angle of the radar. All datasets extend out to 

150 km from the radar site. The areal coverage of the gridded dataset is 70685 km2. 

2.3.1 Convective/stratiform classification of radar echoes 

Reflectivity values measured by S-PolKa were analyzed to determine if a volume of radar 

echo was convective or stratiform. Convective precipitation areas are characterized by strong 
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vertical motion, heavy rain, and a low- to mid-level maximum in diabatic heating, depending on 

cloud depth. Stratiform regions have less intense vertical motion, lighter precipitation, a radar 

bright band near the 0˚C level where melting precipitation occurs, and a diabatic heating 

maximum (minimum) in the upper (lower) troposphere. The bright band is only a few hundred 

meters thick, and therefore the radar only resolves it well near the radar, before the beam widens 

too much with distance from the antenna. The algorithm used to classify clouds observed as 

either convective or stratiform therefore emphasize the horizontal variation of radar echo 

intensity. The algorithm used here is a modification of the method used by Houze (1973), 

Churchill and Houze (1984), Steiner et al. (1995), and Yuter and Houze (1997). The algorithm, 

including input parameters used, is described briefly by Houze (1997) and in greater detail in 

Appendix A of Didlake and Houze (2009) and Appendix D of this dissertation. For our analysis, 

we use radar reflectivity at 2.5 km. Background reflectivity was computed using the mean 

reflectivity of all pixels within 11 km of each data point. Echoes at 2.5 km exceeding 40 dBZ are 

automatically classified as convective, and echoes weaker than 5 dBZ are not classified. These 

choices have been calibrated manually, as advocated by Steiner et al. (1995), by checking 

algorithm output against RHI observations close to the radar, where it is possible to determine 

whether or not the algorithm is misclassifying echoes with bright bands as convective. The 11 

km radius and 40 dBZ threshold values minimize such misclassification. 

2.3.2 Precipitation rates 

The radar-derived precipitation rates computed by S-PolKa utilize reflectivity (Z), 

differential reflectivity (ZDR), and the specific differential phase (KDP) of the S-band. A "hybrid" 

rain rate algorithm is employed to determine the best relationship among Z, ZDR, KDP, and rain 
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rate to use. A detailed explanation of the algorithm with references included may be found at 

http://www.eol.ucar.edu/projects/dynamo/spol/parameters/rain_rate/rain_rates.html.  

2.3.3 Echo-top heights 

 Echo-top heights are computed only for high-elevation RHI scans because they capture 

the top of all echoes except those close to the radar. S-PolKa surveillance scans, which were 

confined to lower elevation angles, as noted above, did not always detect the tops of echoes. 

Echo-top heights represent the maximum height at which some threshold of reflectivity— 20 

dBZ for applications in this chapter—is observed. Echo-top heights are determined by finding 

the highest 20 dBZ echo in a single contiguous echo volume by searching downward from the 

highest height (20 km) of the radar dataset. We choose a 20 dBZ threshold because high 

reflectivity, such as 40 dBZ, occurs less frequently and often results in a small sample size of 

echoes. Because our echo-top detection algorithm starts from the top of the dataset, too small of 

a threshold could erroneously classify anvil cloud that extends above a convective element as the 

top of the convective core. Additionally, a 20 dBZ threshold is easily comparable on the large-

scale with data from the TRMM precipitation radar, which has a minimum detectable reflectivity 

of about 17 dBZ.  

2.4 SUMMARY OF CONVECTION OBSERVED AT S-POLKA DURING DYNAMO 

 S-PolKa observed three one- to two-week long periods of enhanced precipitation during 

DYNAMO, each of which was followed by a period of reduced precipitation. These three large-

scale convective events (hereafter, LCEs) are referred to as LCE1, LCE2, and LCE3. Although 

the radar continuously sampled a relatively small domain, each convective event was part of an 

MJO event that propagated eastward through the Indian Ocean and tropical West Pacific. 
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Figure 2.2. Radar-derived precipitation averaged over the entire observational domain of S-

PolKa. The red and blue lines attribute the amounts of precipitation to echoes classified as either 

stratiform or convective, and the black line denotes the total precipitation. Wheeler and Hendon 

(2004) MJO phases are denoted along the top axis. Solid, black vertical lines are drawn at times 

of minimum rainfall before or after large-scale convective events, which are denoted by LCE1, 

LCE2, and LCE3. 
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Gottschalck et al. (2013) have documented the MJO events observed during DYNAMO. Figure 

2.2 shows plots of total radar-estimated mean precipitation within the 150 km range of S-PolKa 

as well as the amounts of total rainfall classified as either convective or stratiform. Satellite 

imagery and satellite based precipitation estimates suggest that precipitation amounts during 

LCE3 were smaller than during LCE1 and LCE2 because less convection was observed near S-

PolKa than elsewhere in the Indian Ocean; the strongest convection occurred east of 80ºE 

(Gottschalck et al. 2013, Figs. 4, 13). 

 For purposes of discussing the convection during the IOP, we have subjectively classified 

radar echoes according to their areal coverage of stratiform precipitation. Figure 2.3 shows 

typical examples of what we refer herein to as isolated convection, echo clusters, squall lines, 

and mesoscale convective systems (MCSs). Isolated cells have little associated stratiform, and 

echo clusters usually have only small areas of associated stratiform. Squall lines are deep 

convective elements organized into a rapidly propagating convective echo line, which may or 

may not have an attached stratiform echo. Squall lines are often located along cold pool 

boundaries that advance laterally from convective downdrafts—in this case with a west-to-east 

component of motion. MCSs are systems consisting of a combination of widespread stratiform 

precipitation and deep convective cells, which in some cases are embedded in the stratiform 

precipitation and in other cases trail behind a squall line. The largest MCSs have stratiform 

regions hundreds of kilometers in dimension. Extremely large MCSs with such gigantic 

stratiform regions occurred in TOGA COARE (e.g. Fig. 12 of Chen et al. 1996) as well as in 

DYNAMO/AMIE, where they were seen both by the S-PolKa radar on Addu Atoll and the 

shipborne radar on the Revelle (www.atmos.washington.edu/~houze/DYNAMO-AMIE/).  
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Figure 2.3. Examples of isolated shallow cells (top left), small clusters of convection with 

limited stratiform (top right), a squall line with associated stratiform area (bottom left), and 

mesoscale convection with widespread stratiform coverage (bottom right). The boxes in each 

2x2 table correspond to the percentage of rainfall that is convective (top left) and stratiform 

(bottom left) and the fraction of the radar domain covered by convective (top right) and 

stratiform (bottom right) echoes for each panel. Dates for each event are shown. 
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The first LCE began in early October after anomalous westerlies above 500 hPa 

transporting dry air from eastern Africa and the Arabian Peninsula subsided. Isolated convective 

cells extending as high as ~8 km were observed through 10 October. By 12 October, individual 

convective elements began to form into clusters of precipitating echoes, which included 

convective elements and small, lightly precipitating stratiform areas surrounding them. Figure 

2.2 indicates that, at this time, the amount of stratiform precipitation began to increase. A large 

MCS moved within range and over S-PolKa on 16 October, and widespread stratiform 

precipitation was subsequently observed every other day through 30 October. On days during 

which widespread stratiform echo was not present, the radar observed mostly isolated convective 

elements and several small clusters of precipitation. A similar two-day periodicity in mesoscale 

organization was also observed during TOGA COARE and MISMO, during which convection 

was probably linked to the periodicity of westward propagating inertio-gravity waves (Takayabu 

1994, Chen et al. 1996, Yamada et al. 2010). Recent analysis of DYNAMO and AMIE data 

suggest that the two-day periodicity in precipitation (Figure 2.2) at Addu Atoll may also be 

linked to inertio-gravity waves (Zuluaga and Houze 2013). The two-day timescale may also 

represent the time required for the atmosphere to again become unstable after a large mesoscale 

event (Chen and Houze 1997a,b). What is new here is that the stratiform component of the 

precipitation follows the two-day variation along with the total rainfall. 

 The second LCE occurred during November and at first exhibited isolated convective 

cells and small echo clusters. A few of these convective elements generated downdrafts strong 

enough to form cold pools that resulted in squall line formation. After a few isolated convective 

cells formed on 4-9 November, large clusters began to develop from 10-17 November. Large 

MCSs occurred on 18, 23, and 27-28 November. The periodicity of widespread stratiform 
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precipitation was notably different during LCE2 than during LCE1. Widespread stratiform 

precipitation during LCE2 was observed only about every four days, similar to the 3-4 day and 

6-8 day periodicity in convection seen over the IO and attributed to mixed-Rossby gravity waves 

and equatorial Rossby waves during MISMO (Yasunaga et al. 2010). (The S-band radar on S-

PolKa was not operational from 0700 UTC, 20 November-1100 UTC, 21 November. During that 

time, convection is subjectively characterized using observations from the nearby SMART-R.) 

On days between individual MCS events, convection mostly took the form of small clusters or 

squall lines and not isolated convective cells as was the case during LCE1. For the remainder of 

the chapter, "rainy periods" refer to those during a LCE for which the hourly, radar-estimated 

rainfall averaged over the entire domain was at least 0.1 mm. "Dry periods" are those that fall 

below the same threshold. A domain averaged hourly rainfall of 0.1 mm is typically found when 

part of a large stratiform region occupies a small portion along the outer edge of the radar 

domain or when echo clusters are observed. About two-thirds of the total time during an active 

LCE is a "rainy period"; thus, the sample size of dry periods and wet periods for a 0.1 mm 

threshold is high enough so that differences in humidity profiles or convection between the two 

categories might be statistically robust. Results in later sections have some sensitivity to the 

threshold used, and this sensitivity is further explored in Appendix A. 

 Convection prior to LCE3 mostly consisted of shallow cumulus and some taller isolated 

convective elements and echo clusters through 7 December. An MCS passed westward over and 

north of S-PolKa on 8 December; a review of geosynchronous satellite imagery reveals that this 

MCS was an isolated, local event at the time and was not associated with an MJO LCE. 

Widespread dry conditions persisted before and after the 8 December MCS. With the exception 

of the 8 December event, precipitation amounts remained low until 15 December, when several 
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squall lines developed in and/or passed through the radar domain. Some large echo clusters and 

limited stratiform precipitation were observed during the second half of December. A domain-

average of more than 7 mm day-1 in precipitation was estimated each day between 19 December 

and 24 December. During this period, squall lines with deep convective cores frequently 

developed near the radar in proximity to large MCSs that mostly remained outside of the radar 

domain. As such, the highest precipitation amounts likely occurred outside the range of S-PolKa, 

and this at least partially explains why less rainfall was observed during LCE3 that during LCE1 

and LCE2. 

2.5 RADAR-DERIVED STATISTICS OF PRECIPITATING CLOUDS 

The continuous time series of radar data contains high-frequency variability 

superimposed on the MJO dynamics. Simply filtering the dataset for variability that corresponds 

with the traditionally accepted frequency of the MJO—20-100 days—yields a smooth, sinusoidal 

structure of the filtered variable and thus may fail to capture abrupt changes in the cloud 

population that are related to MJO development. In other words, filtering on the MJO timescale 

aliases the higher-frequency variability MJO timescale in ways that can be misleading to any 

interpretation of MJO behavior. Also, the MJO is not a true wave. It is a statistical construct 

made up of Kelvin and Rossby wave components (Nogués-Paegle et al. 1989, Rui and Wang, 

1990, Houze et al. 2000), and the deep convection during its active period at any location 

interacts with and modifies the large-scale wave fields with a source of latent heating, which is 

tied to atmospheric and oceanic thermodynamics. Any given realization of the MJO contains 

these large-scale wave components and convection, and it is further modulated by higher 

frequency phenomena, in different combinations. To interpret any specific MJO event, its 

individual wave and convective components must be recognized and taken into account. 
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Therefore, to characterize the nature of the convection relative to the MJO on various timescales, 

we separate the radar data into discrete intervals of time and derive the statistics of convection 

during each such period. Our intervals are three days in temporal width—enough to smooth over 

high-frequency variability in the cloud population of 2 days or less but short enough to capture 

changes that occur over as little as three days. Each interval lags—or is lagged by—a Day 0 that 

is defined relative to a maximum in precipitation determined by Fourier filtering the radar-

derived precipitation for 20-60 day variability. The filtered time series yields peaks that occur 

during each of LCE1, LCE2, and LCE3. Each peak represents Day 0 for that MJO-related LCE; 

they occur on 22 October, 22 November, and 19 December for LCE1, LCE2, and LCE3, 

respectively. (Because of the filtering, Day 0 may not actually represent the day on which the 

most precipitation was observed during the LCE.) The cloud population is then studied within 

each of the following intervals relative to Day 0: –16 to –14 days, –13 to –11 days, –10 to –8 

days, –7 to –5 days, –4 to –2 days, –1 to +1 days, +2 to +4 days, +5 to +7 days, +8 to +10 days, 

+11 to +13 days, and +14 to +16 days. 

 One common method of indexing the MJO in terms of environmental parameters is that 

introduced by Wheeler and Hendon (2004; hereafter WH), who utilized global fields of outgoing 

longwave radiation and zonal wind anomalies at 200 and 850 hPa. The first two EOFs of these 

fields are used to provide an index for the MJO; the index describes the MJO as if it were a wave 

consisting of eight different phases. The phase is determined in real-time based on the horizontal 

distributions of the anomalies and their projections onto different linear combinations of the first 

two EOFs for each field. Any statistics presented in terms of the WH MJO phase simply 

document the variable of interest at one location given a known structure of global OLR and 

zonal wind anomalies. As noted above, this approach imposes a wavelike interpretation that  
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Table 2.1. Dates of occurrence of each WH MJO phase during DYNAMO-AMIE. 

 

Phase Dates 

1 15-19 Oct., 17-20 Nov. 

2 20-29 Oct., 21-25 Nov. 

3 30 Oct.-1 Nov., 26-30 Nov. 

4 2-5 Nov., 1-5 Dec., 13-24 Dec. 

5 6-8 Nov., 6-12 Dec., 25-28 Dec. 

6 1-4 Oct., 9 Nov., 29 Dec.-7 Jan., 10-16 Jan. 

7 5-8 Oct., 10-12 Nov., 8-9 Jan. 

8 9-14 Oct., 13-16 Nov. 
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obscures the higher frequency variability within an MJO phase. Furthermore, one should employ 

caution when considering the temporal variation of a quantity in terms of MJO index because the 

duration of each phase may differ between MJO events and from the duration of other phases 

within a single MJO event. For these reasons, we choose not to composite our data by WH MJO 

phase for purposes of evaluating the evolution of atmospheric variables. However, for the 

reader's reference, Table 2.1 provides the WH MJO phase for each date during DYNAMO. Each 

phase is also marked on the upper axis of Figure 2.2 and is noted for comparison with our 

approach in Figure 2.4. 

 Figure 2.4 illustrates the fraction of area within the S-PolKa domain that was classified as 

either convective or stratiform during each WH MJO phase and during each lag interval. For the 

latter, results are presented for a composite of the three events and for each individual event. 

When compositing by WH MJO phase (Figure 2.4a), a peak in stratiform areal coverage occurs 

during phases 1 and 2, with an apparent rapid increase in stratiform radar echo between phases 8 

and 1, which is consistent with Barnes and Houze's (2013) analysis of fourteen years of TRMM 

satellite precipitation radar data. However, since the time period of each phase differs for each 

LCE, such a composite yields little about the actual time required for the increase in stratiform 

precipitation to occur. When compositing by lag interval for stratiform echoes (Figure 2.4b), a 

peak in stratiform echo area occurs at +2 to +4 days. The areal coverage of stratiform radar echo 

appears to increase steadily at about the same rate for two weeks prior to the maximum when all 

three LCEs are combined into a composite.  

 However, the duration of each LCE seen in Figure 2.2 is different, and MJO onset need 

not occur at the same time relative to Day 0 for each LCE. During LCE1, a rapid increase in 

stratiform radar echo occurred between –10 to –8 and –7 to –5 days, and after a decrease in  
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Figure 2.4. a) Mean fraction of radar domain occupied by either stratiform or convective 

precipitating echoes during each phase of the MJO as described by WH. b) Same as a), but 

composited in three day intervals relative to Day 0 instead of by WH MJO phase for stratiform 

echoes during each LCE and composited among the three LCEs. c) Same as b), but for 

convective echoes. 
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stratiform areal coverage, another increase occurred between –1 to +1 and +2 to +4 days. The 

separate increases may have been associated with passages of equatorial Kelvin waves 

(Gottschalck et al. 2013, Fig. 13). During LCE2 and LCE3, a similar increase was observed, but 

it occurred between –7 to –5 days and –1 to +1 days. A maximum in stratiform echo at –13 to –

11 days during LCE3 was associated with an MCS that passed over S-PolKa on 8-9 December 

and was not associated with an MJO (Sec. 2.4). Sharp increases in stratiform areal coverage were 

observed during each LCE; however, compositing the three events together around a 

precipitation maximum effectively smoothes out the rapid increases and prevents the detection of 

such changes. We could, alternatively, composite our results relative to the observed rapid 

increase in stratiform areal coverage. We would then preserve the rapid increase in stratiform in 

the composite, but we would then introduce an unrealistically gradual decrease in the stratiform 

areal coverage at the end of a LCE, which was not observed during any LCE. Many studies, like 

those mentioned in Sec. 2.1, composite atmospheric variables relative to a precipitation 

maximum or OLR minimum at some location. This procedure smoothes out sharp increases 

and/or decreases in variables that might change rapidly near MJO onset during any single case. 

Our results thus underscore the importance of studying MJO onset in terms of each individual 

LCE rather than a composite of several events.  

We also note from our results that the expansiveness of widespread stratiform rain 

dominated the variability in areal coverage of precipitation echoes on a roughly 30-day 

timescale. Such an observation is an obvious one since stratiform regions are generally much 

larger than their parent convective cores, but we make the point here because the variability in 

the stratiform component has important implications on the tropospheric diabatic heating profile, 

which in turn, affects the anomalous circulation associated with an MJO. Additionally, large  
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Figure 2.5. Joint probability density function, with respect to time and height, of 20 dBZ echotop 

heights observed by S-PolKa. The series is first smoothed to 3-hour intervals, then the PDF at 

each time is normalized to 1. White columns represent periods when the S-band was not 

operational. The dates denoted on the top axis represent the Day 0 associated with each large-

scale convective event. 
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areas of stratiform enhance cloud-radiative feedbacks, which have been suggested, but not 

proven, to have an effect on MJO maintenance and propagation (e.g. Raymond 2001, Bony and 

Emanuel 2005, Ma and Kuang 2011, Kim et al. 2013, Wang et al. 2013). Generally, extensive 

stratiform precipitation areas develop in association with the deepest convective cores (Houze 

2004). Deep convective clouds were detected during active and suppressed MJO conditions; 

however, the areal coverage of convective cells was greatest within 2-4 days of Day 0 during 

each LCE (Figure 2.4c), and areal coverage of convective echoes does not always increase as 

sharply as the areal coverage of stratiform echoes. Particularly during LCE1, a gradual increase 

in the areal coverage in convective echo is observed.  

To study how the depth of convection changed in time at Addu Atoll, we examine top 

heights of S-PolKa radar echoes classified as convective. Figure 2.5 is a time series of the 

probability distribution function (PDF) of 20 dBZ echo-top height, which is simply referred to as 

"echo-top" through much of the remainder of the chapter, for convective echoes only (Sec. 

2.3.1). The 20 dBZ threshold occasionally extended above 10 km, and depending on their 

heights, these echoes generally signify convection producing moderate surface rainfall or 

containing small graupel (shown by applying the polarimetric particle identification algorithm of 

Vivekanandan et al. (1999) to the S-PolKa data) at altitudes above about 4 km. Hourly data were 

smoothed by averaging within three-hourly intervals to match the temporal resolution of 

rawinsonde data, and the PDF accumulated over each three-hour interval has been normalized to 

1. Yellows and reds indicate the height at which an echo-top is most likely to be observed. The 

modal distribution of echo-top height peaks near 8 km during rainy periods in LCE1 and LCE2, 

while the modal distribution decreases to between 4 and 6 km between LCEs. The two-day (four- 
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to six-day) periodicity in modal distribution of convective echo-tops seen in Figure 2.5 

corresponds to variability in precipitation during LCE1 (LCE2) seen in Figure 2.2. 

 The date of Day 0 for each LCE is marked along the upper axis of Figure 2.5. Figure 2.6a 

composites PDFs of convective echo-tops represented in Figure 2.5 by lag interval relative to 

each Day 0. Shallow boundary layer cumulus and deep cumulonimbus were present throughout 

the IOP; although deep convective echoes, as expected, were more common during a LCE. On 

average, during the LCEs and between –4 and +4 days, the PDF peaks near 7.5 km, and 33(12)% 

of echo-tops were higher than 7(8) km. During inactive periods between 14 and 16 days on either 

side of Day 0, the PDF peaks between 4 and 5.5 km and 11(5)% of echo-tops exceeded 7(8) km 

in height. Figure 2.6b shows that substantial variability is also observed at each lag interval in the 

number of convective echo-tops at most heights below 10 km. Although the relative number of 

shallow echo-tops during inactive periods is greater than during active periods (Figure 2.6a), the 

absolute number of shallow convective echo-tops is not. Generally, convective echo-tops are 

more commonly observed at all heights within 4 days of a Day 0 than during other times. When 

combined with Figure 2.4c and Figure 2.6a, we observe that when convective precipitation 

increases and reaches a maximum, the areal coverage and number of 20 dBZ convective echo-

tops maximizes. The echoes also become deeper during precipitation maxima. Therefore, the 

increased amount of convective precipitation near Day 0 occurs not primarily because individual 

convective elements precipitate more but rather because more convective elements or more 

widespread convective echoes are present. This fact is consistent with Zuluaga and Houze's 

(2013) finding that within the ~2-4 day precipitation episodes when most rain fall in a LCE that 

deep and wide convective cores maximize in number near the peak of precipitation. This 

behavior suggests some scale  



 

 

32 

 
 

 
 

  
 

Figure 2.6. a) Probability distribution functions of 20 dBZ echo-top heights and b) number of 20 

dBZ echo-tops at various heights observed by S-PolKa. Both are plotted as time-height 

diagrams. c) Probability distribution functions for 20 dBZ echo-top heights for "rainy periods" 

and "dry periods " and WH MJO phases 8–3 and 4–7. 
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similarity in the behavior of convective elements between the higher-frequency episodes and the 

events on the spatial and temporal scale of the MJO. 

 We have established that onset of MJO-related convection over the Indian Ocean 

coincides with large and fairly sudden increases in stratiform precipitation and modal depth of 

convective cores. To gain some insight on the relationship of humidification to convective cell 

depth, and thus potentially MJO development, we divide the PDF of echo-top height during the 

active phases into rainy periods and dry periods (recall definitions in Sec. 2.4). The PDFs for 

these categories and for WH phases 8-3 and 4-7 are seen in Figure 2.6c. PDFs for these 

combinations of WH phases are made because LCE1 and LCE2 occur during WH phases 8 

through 3 (Figure 2.2). Because LCE3 was not as well sampled, the PDFs do not include days 

after 12 December. The PDF during rainy periods closely resembles that of WH phases 8-3, 

mainly because most of the echoes observed during an active LCE occur during rainy periods. 

Meanwhile, the PDF for dry periods during the active phases peaks around 5 km and looks more 

similar to the echo-top height distribution during the inactive WH phases 4-7; it is even a little 

lower. The difference between the PDFs for rainy periods and dry periods is statistically 

significant (Appendix B). Thus, on some days during a LCE, convective echo-tops were 

distributed as if the environment was suppressed even though MJO onset had already occurred. 

2.6 TROPOSPHERIC HUMIDIFICATION OBSERVED IN RAWINSONDE DATA 

While S-PolKa gives us detailed information about the three-dimensional structure of 

convection during the IOP, it provides little information about the local or large-scale 

humidification and drying of the troposphere associated with the MJO. In order to examine the 

relationship between cloud development and humidity, we examine the data obtained by   
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Figure 2.7. Anomalies of zonal wind (u'), meridional wind (v'), and temperature (T'); and 

fractional difference of specific humidity from the mean (q*'). All are computed with rawinsonde 

data from sondes launched from Gan Island. All anomalies are calculated relative to the mean 

value from 1 October 2011 to 9 February 2012. Data have been interpolated temporally to fill in 

for missing soundings or bad data, and vertical resolution of the data after smoothing is 5 hPa. 

The dates denoted on the top axis represent the Day 0 associated with each large-scale 

convective event. Note that the color scale is reversed in the lower right panel. 
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rawinsondes launched from Gan Island (Sec. 2.2). The four-month length of the dataset allows 

for documentation of the intraseasonal variability, and the 3-h frequency of the launches permits 

detection of high-frequency variations of wind direction, temperature, and humidity. Figure 2.7 

shows anomalies of zonal wind (u'), meridional wind (v'), temperature (T'); and anomalous 

specific humidity divided by its time mean (q*', or "fractional difference" in text), such that  

  (2.1)   

in which the overbars indicate a time mean at each pressure level. Anomalies were computed by 

first manually quality-controlling the dataset for obvious inaccuracies. After questionable or bad 

data were removed, missing observations were filled in by linearly interpolating between the 

nearest available measurements. The data were then smoothed vertically into 5 hPa bins. The 

time-mean was then computed for each bin over the entire period of the data set, and anomalies 

were computed by subtracting the time-mean at each pressure level from the interpolated data. 

Anomalies of specific humidity are given as fractional differences from the time mean in order to 

highlight changes in the humidity in the upper troposphere, where the absolute change in 

humidity was small.  

Figure 2.7d shows that during three distinct periods—one each in October, November, 

and December—anomalously high values of humidity occurred throughout most of the 

troposphere, particularly between 700 hPa and 200 hPa. The events of moistening were separated 

by periods during which a deep layer of anomalously dry air was present. The dry and moist 

periods were similar to those seen during TOGA COARE in the western Pacific (Brown and 

Zhang, 1997). Above the 500 hPa level, humidity increased slightly during the second half of 

January; however, very dry air dominated the entire tropospheric column over Gan during most 

of January. Slight positive anomalies in temperature were concurrent with positive moisture 

q * ' = q − q
q
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anomalies, especially above 500 hPa, consistent with previous studies (Hendon and Salby 1994, 

Yanai et al. 2000, Kiladis et al. 2005). A transition from westerly to easterly zonal wind 

anomalies in the TTL occurred simultaneously with positive humidity and temperature 

anomalies. No variability on a similar time-scale is noted in the v' field. 

 Of major interest for detection of intraseasonal variability related to the MJO are changes 

in zonal wind, temperature, or humidity on time scales of roughly 20-60 days. As mentioned in 

Sec. 2.4, a continuous time series of data reveals many signals of higher frequency than that of 

the MJO. Figure 2.8a is the same as Figure 2.5, except that it is smoothed to a 72 h interval to 

eliminate very high-frequency signal such as diurnal variability and waves of 2-day frequency. 

The modal distribution of the smoothed time series, depicted by the red line, peaks during each 

LCE and increases from 5-6 km to about 8 km over 3 days near the beginning times of LCE1 and 

LCE2. Two such sudden increases in the modal distribution are observed during the onset of 

LCE3. Figure 2.8b is the time series of q*' smoothed to 72 h intervals. The Eulerian derivative of 

q*', when positive, is plotted in gray contours to illustrate the timescale of moistening. The first 

striking feature is that humidification through the troposphere occurred more quickly prior to 

MJO onset than prescribed by the "discharge-recharge" hypothesis. For LCE1, moistening began 

between 850 and 700 hPa after a maximum dry anomaly on 8 October. The first moist anomaly 

between 850 and 700 hPa was seen on 11 October. By 15 October, a moist anomaly extended 

vertically to 200 hPa upon arrival of the first MCS associated with LCE1 near S-PolKa. 

Convective echo-tops increased rapidly between 14 and 16 October, near the end of the 

moistening period. On 13 November, anomalous humidity was observed as high as 250 hPa after 

small echo clusters passed over Addu Atoll; however, drying occurred above 850 hPa during the 

subsequent three days. Some moistening continued between 850 hPa and 700 hPa during this  
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Figure 2.8. a) Same as Figure 2.5 but smoothed to 72-hour intervals. The solid red line follows 

the modal distribution of echo-top height. b) Time series of q*' smoothed to 72 hour intervals. 

The Eulerian derivative of q*' is shown in gray contours only where positive. The solid black 

line is the same as the red line in a). The dates denoted on the top axis represent the Day 0 

associated with each large-scale convective event. 
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time; and although humidity became anomalously low above 500 hPa on 14-16 November, a 

rapid rise in convective echo-tops was seen at that time. Then rapid humidification of the 

troposphere above 600 hPa was observed during the following three days. The 8-9 December 

MCS moistened the troposphere as high as 550 hPa. Drying occurred throughout the troposphere 

from 10-13 December, and an increase in convective echo-tops between 13 and 16 December 

was concurrent with rapid moistening between 700 to 300 hPa during the same period. Thus, the 

increase in convective echo-tops occurred at different times relative to moistening in the low- to 

mid-troposphere. During LCE1 and LCE2, low-level moistening preceded convective echo-top 

increases. During LCE3 the increase in low-level moisture and convective echo-top is nearly 

simultaneous, though a moist anomaly was present at 850 hPa for several days prior to the 

increase. During the three LCEs, mid-level moisture increased before (during LCE1), after 

(during LCE2), and at the same time (during LCE3) as the increase in convective echo-tops. 

During each LCE, additional moistening occurred in the upper troposphere above 500 hPa for 

several days after the occurrence of the first MCS observed by S-PolKa. 

 We may also use the rawinsonde dataset to gain more insight into the relationship 

between tropospheric humidity and echo-top PDFs of the S-PolKa observations. Figure 2.9 

contains median relative humidity (RH) profiles for the rawinsonde data that correspond to the 

time periods composited in Figure 2.6c. All profiles are remarkably consistent below 925 hPa; 

this is indicative of the persistently warm, moist marine boundary layer. The remainder of this 

discussion will refer to portions of the RH profiles above 925 hPa. Not surprisingly, the RH 

profile during rainy periods closely parallels the RH profile composited over phases 8-3 and is 

about 2 to 5% (absolute change in RH) greater below 400 hPa. The RH profile during dry 

periods is close to, and even 1-3% less than that during phases 4-7 up to 800 hPa. Above 800  
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Figure 2.9. Composite median relative humidity vertical profiles computed from rawinsonde data 

at Gan Island. The black solid (dashed) line is the relative humidity profile for MCS days during 

MJO active (inactive) phases 8–3 (4–7). The blue and red lines show the relative humidity 

profiles, respectively, for rainy periods and dry periods. 
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hPa, the RH profile during dry periods is between the profiles for phases 4-7 and phases 8-3, and 

it parallels the profile for phases 8-3 while remaining 5-10% lower. Thus, RH during dry periods 

at levels between 850 hPa and 400 hPa is typically 10-15% lower than during rainy periods. 

Because of the small sample sizes involved and the temporal autocorrelation of the RH time 

series, none of the profiles are statistically different at any level using a Mann Whitney U-test. 

Nonetheless, in Figure 2.6c we saw that convective echo-top heights were significantly lower 

during dry periods than during rainy periods. Here we see that the humidity profile for dry 

periods is also lower, though it is moister than the profile during MJO inactive phases through 

much of the troposphere. That RH in the lower troposphere during dry periods is close to that 

during phases 4-7 may have a physically meaningful explanation. Prior studies (e.g. Muller et al. 

2009, Wang and Sobel 2012) suggest that low-level moisture may have some control on 

precipitation. Decreased moisture in the lower-troposphere during inactive MJO conditions, or 

during dry periods within active MJO conditions, could restrict the amount and depth of 

convection that forms. At the same time, the humidity profiles during these periods may simply 

be lower because fewer clouds are present. Thus, we are motivated to further investigate the 

temporal relationship between convection and environmental humidity. 

2.7 LAG-CORRELATION ANALYSIS OF PRECIPITATION ECHO AND TROPOSPHERIC 

HUMIDITY 

2.7.1 20-60 day filtered time series 

 A slew of studies referenced herein (Hendon and Salby 1993, Maloney and Hartmann 

1997, Kemball-Cook and Weare 2000, Kiladis et al. 2005, Benedict and Randall 2006) and many 

others have used a band-pass filtered time series of atmospheric variables, such as OLR or 

humidity, to determine the relationship relevant on the timescale of the MJO between those and 
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other variables. Such methodology is appropriate if the variables of interest are known to evolve 

on the timescale for which they are filtered. These studies generally show a gradual build-up of 

moisture prior to onset of convection. Regardless of the time scale of moisture build-up, the low-

level humidity increases prior to an increase in convection in a time series filtered for MJO-

variability, thus prior observational, reanalysis, and modeling studies have concluded that the 

low-level moisture increase is critical for MJO onset. While moisture buildup may be necessary 

in the case of onset of a LCE downstream from the region of initial MJO convective onset, our 

results show that the time scale of moistening and convective build-up prior to MJO onset is less 

than the traditional 10-100 day frequency used in band-pass filtering. Thus, we have no reason to 

expect that a band-pass filtered time series will accurately describe the relationship between 

humidity and convection prior to and during MJO onset. Instead, we are specifically interested in 

the variability that projects onto frequencies of less than 10 days, which is the signal that is lost 

by many prior studies through filtering. 

 To demonstrate the effect of filtering DYNAMO data, we first examine what happens 

when we filter the time series of humidity anomalies and convective/stratiform areal coverage 

with a simple 20-60 day band-pass Fourier filter. Table 2.2 shows the lag-correlation analysis for 

the filtered time series. The correlation coefficient is shown for the lag during which two time 

series are most correlated. A few results are notable, though because of the small sample size of 

MJO events sampled, none of the results are statistically significant. First, in the lower 

troposphere below 700 hPa, moistening begins prior to an increase in stratiform (convective) 

echo area by up to 4 (2) days. Second, the humidification at 300 hPa lags the humidification at 

850 hPa by about five days. Finally, we note that the maxima in 500 and 300 hPa humidity occur  

after the peak of stratiform areal coverage. The lag correlations in Table 2.2 suggest that at the   
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Table 2.2. Maximum lagged cross-correlation coefficients and the lag (in days) at which they 

occur (in parentheses) for filtered specific humidity anomaly time series at 850 hPa, 700 hPa, 

500 hPa, and 300 hPa, as well as for the filtered time series of stratiform and convective areal 

coverage. Positive lags indicate that the quantity listed in that column occurs first. Because of the 

small sample size, none of the correlations are statistically significant. 

 

 Convective Stratiform q300' q500' q700' 

q850' 0.86 (–1.625) 0.82 (–3.5) 0.79 (–5.125) 0.88 (–3.75) 0.76 (–1.5) 

q700' 0.90 (+0.125) 0.96 (–1.75) 0.74 (–3.125) 0.93 (–2.25)  

q500' 0.79 (+2) 0.90 (–0.5) 0.76 (–1.5)   

q300' 0.85 (+4) 0.94 (–2.125)    

Stratiform 0.92 (+2.125)     
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Table 2.3. Maximum lagged cross-correlation coefficients (with lag in hours in parentheses) 

between convective/stratiform areal coverage and unfiltered, unsmoothed specific humidity 

anomalies for 1 October – 15 January using various smoothing periods. All correlation values 

that are bolded are statistically significant at the 95% level. Variables correlated are shown in 

columns 1 and 2. Positive lags indicate that Variable 1 comes first. (Conv = Convective areal 

coverage; Strat = Stratiform areal coverage). 

 

  Smoothing Interval 

Var. 1 Var. 2 None 6 h 12 h 24 h 36 h 72 h 

Conv q'850 0.45 (0) 0.49 (0) 0.54 (0) 0.60 (0) 0.61 (0) 0.69 (0) 

Conv q'700 0.50 (+3) 0.53 (0) 0.58 (0) 0.66 (0) 0.70 (0) 0.80 (0) 

Conv q'500 0.49 (+6) 0.51 (+6) 0.54 (+12) 0.61 (+24) 0.61 (+36) 0.73 (+72) 

Conv q'300 0.44 (+9) 0.47 (+6) 0.51 (+12) 0.50 (0) 0.51 (+36) 0.59 (+72) 

Strat q'850 0.34 (–3) 0.37 (–6) 0.39 (–12) 0.42 (–24) 0.46 (–36) 0.54 (–72) 

Strat q'700 0.45 (–3) 0.47 (0) 0.50 (0) 0.55 (0) 0.61 (0) 0.77 (0) 

Strat q'500 0.55 (+3) 0.57 (0) 0.60 (0) 0.65 (0) 0.70 (0) 0.76 (0) 

Strat q'300 0.52 (+3) 0.56 (0) 0.61 (0) 0.66 (0) 0.68 (0) 0.74 (0) 

Conv Strat 0.81 (+3) 0.80 (+6) 0.76 (0) 0.80 (0) 0.82 (0) 0.81 (0) 
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beginning of an MJO LCE, the number of convective echoes begins to increase after a couple of 

days of low-level moistening. The convection then widens and becomes characterized by large 

stratiform regions that moisten the upper troposphere.    

2.7.2 Unfiltered and smoothed time series 

Table 2.3 contains maximum lagged correlations of the same variables using their 

unfiltered time series. We have smoothed the time series with various intervals so that we 

remove very high-frequency variability but preserve the variability that appears to be important 

for moistening and convective build-up prior to MJO onset, just as we did in Sec. 2.6 for Figure 

2.8. As we increase the smoothing, we remove additional high-frequency variability (i.e. diurnal 

frequency) or apparently random variability at the site that is not representative of the large-scale 

humidity field. Such a procedure generally yields higher correlation values at the expense of the 

time series length, and thus the statistical significance of the correlations. Note that the lags 

included in Table 2.3 can best be thought of as intervals. For example, when using smoothing 

over 24 h, the width of a single unit of time is 24 h. Thus, a lag of 0 only implies that the two 

variables lag each other by something between –12 h to +12 h.  

 Several statistically robust results are shown in Table 2.3. First, most variables correlate 

well with each other at lag periods of less than a day regardless of the smoothing used. Second, 

the areal coverage of convective and stratiform elements are highly correlated with specific 

humidity anomalies, and convective elements, as expected, lead stratiform elements by a few 

hours. Third, upper-tropospheric moistening occurs at near the same time or slightly after 

stratiform areal coverage increases. Moistening above 500 hPa occurs about 3 hours after 

stratiform areal coverage increases. Finally, the areal coverage of convective echoes increases 

prior to humidity anomalies throughout the troposphere. When no smoothing is used, convective 
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areal coverage precedes humidification at 700 (300) hPa by about 3 (9) hours. The latter two 

results suggest that convective elements are at least partially responsible for moistening the 

lower troposphere, and moistening of the upper troposphere is also likely due to the presence of 

increased cloudiness, particularly stratiform regions and subsequently occurring anvil clouds. 

Riley et al. (2011) and Del Genio et al. (2012) also found that high-altitude ice anvil clouds were 

most prevalent after a widespread stratiform event, and Masunaga (2013) shows that the peak 

humidity in the upper-troposphere occurs after the maximum in cloud cover associated with an 

MCS. The persistence of an upper-tropospheric moist anomaly after an active LCE ends 

(Figs.Figure 2.7 andFigure 2.8) further suggests that clouds play a vital role in moistening the 

upper troposphere. Moist anomalies above 500 (300) hPa persisted for a few days after low-level 

moist anomalies gave way to drier conditions during LCE1 and LCE2 (LCE3).  

 Combined with other findings from this study, the lag correlations just described make a 

case that convection with low- to mid-level tops contributes significantly to the moistening 

observed at Addu Atoll prior to onset of a LCE. A review of Figure 2.8b reveals that moistening, 

at least during LCE1 and LCE2, occurred at levels near 850 hPa before convective echo-tops 

increased. Relative to the respective Day 0 for the filtered precipitation time series for LCE1 and 

LCE2, the moistening occurred primarily during the lag intervals of –13 to –11 and –10 to –8 

days, or about 2-7 days prior to the build-up in convective echo-top height. We see in Figure 

2.6b that the number of 20 dBZ convective echo-tops at 5 km or lower increases during these lag 

intervals. Furthermore, Figure 2.4c shows that the areal coverage (or number) of convective 

echoes at 2.5 km increases at –13 to –11 days for both LCEs, and it continues to increase for 

LCE1 after that interval. All of this evidence strongly supports the notion that prior to LCE1 and 

LCE2, the number of convective echoes below 5 km increased prior to an increase in the modal 
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depth of convection and prior to an increase in stratiform areal coverage. Very likely, more 

numerous and widespread convective elements can detrain more water into the lower-

troposphere, and this can explain why humidity throughout the troposphere lags behind 

convective areal coverage. 

2.8 CONCLUSIONS 

 This study is unique because never before has a powerful S-band radar system such as S-

PolKa been located and operated continuously for several months where MJO-related convection 

is known to first appear before propagating eastward. The DYNAMO/AMIE radar operation in 

the central-equatorial Indian Ocean documented the cloud population over a 3.5-month period 

with the S-PolKa radar system nearly co-located with 3-hourly rawinsondes. 

  Three distinct one- to two-week long large-scale convective events (LCEs) occurred at 

Addu during the intensive observing period. Although clouds of all depths were present during 

active and suppressed periods, the variability in convection associated with the MJO was 

dominated by the variability in the areal coverage of cloud systems exhibiting deep precipitating 

stratiform areas, as has been noted previously by Zuluaga and Houze (2013) and Barnes and 

Houze (2013). Large echo clusters and MCSs containing large areas of stratiform precipitation 

contributed over one-third of the total precipitation of the cloud populations occurring during 

LCEs, while suppressed periods featured isolated convective cells and some echo clusters with 

small amounts of stratiform precipitation. Since the stratiform components of the cloud systems 

originate as convective cores, the increased stratiform rain during LCEs indicates a temporary 

maximum in the upward mass flux of water within deep convection during active MJO periods. 

Whether this transport was due simply to the greater number of convective cores present or 

occurred because stronger updrafts transport more water vertically remains to be determined, but 
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is not important when considering the net latent heat release, which depends only on the net 

vertical transport. More efficient detrainment from convective elements can also more easily 

allow for the formation of widespread stratiform regions. The greater proportion of stratiform 

rain during LCEs thus implies (Houze 1982, 1989) that the heating profile is more top-heavy (i.e. 

has a maximum in the upper troposphere) during rainy portions of LCEs. 

 Several observations indicate that the cloud population and humidity field change rapidly 

near the beginning of a LCE. The areal coverage of stratiform precipitation increases rapidly 

over about 3-7 days as the primary type of convection making up the cloud population shifts 

from isolated convective clouds and medium-sized precipitating clusters to large MCSs. A rapid 

increase in the modal distribution of convective echo-top height from 5-6 km to 8 km closely 

corresponds in time to humidity increases in the portion of the troposphere lying above 850 hPa 

that occur a week or less prior to the increase in modal echo-top height, if prior at all. Little 

variation in humidity occurs below 850 hPa; a warm, moist marine boundary layer is observed at 

all times. These results contradict the proposed timescale for the "discharge-recharge" 

mechanism for MJO onset, which describes the vertical build-up of moist static energy as 

occurring gradually over 10 to 20 days. We have shown that results consistent with the timescale 

for the "discharge-recharge" hypothesis can be obtained by compositing our results over all three 

LCEs because sharp changes in humidity and the convective cloud population are smoothed out. 

Results supporting the 10-20 day timescale of “discharge-recharge” do not arise when examining 

individual realizations. No gradual “recharging” of humidity or convective depth is actually 

observed. This chapter highlights the importance of investigating MJO onset on a case study 

basis. 
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 We also have documented the relationship between the build-up of humidity through the 

depth of the troposphere and the associated build-up of convection. When filtered for 20–60 day 

variability, humidity appears to increase a couple of days before convective areal coverage 

increases. Stratiform echoes are observed a couple more days later, followed by moistening of 

the upper troposphere. However, the time scale for changes in humidity and convection prior to 

MJO onset is shown by this study to be less than 10 days. The filtered time series lose 

information about high-frequency events and sharp changes in either field that are critical in 

describing how MJO onset occurs during each individual LCE. When we do not filter for the 20-

60 day variability, several results from this study suggest that clouds moisten the lower 

troposphere prior to a build up in convective echo-top associated with MJO onset: 

1. Humidity anomalies above 850 hPa lag convective areal coverage by less than one day, 

and perhaps even only a few hours. Anomalies in convective areal coverage do not lag 

behind humidity anomalies. 

2. The number of convective echoes in the lower troposphere and the number of 20 dBZ 

echo-tops observed below 500 hPa both increase during the period that moistening occurs 

in the lower troposphere prior to MJO onset. 

3. The composite relative humidity profile for dry periods during an MJO active phase is 

very similar to the relative humidity profile during MJO inactive phases below 800 hPa. 

The probability distribution functions of 20 dBZ echo-top heights during these two times 

are also very similar. 

 Additionally, we show evidence that stratiform and anvil elements contribute to 

moistening in the upper troposphere because  

1. Humidity anomalies in the upper troposphere lag stratiform areal coverage. 
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2. Upper-tropospheric humidity anomalies caused by presence of anvil cloud persist for a 

few days after a large-scale convective event ends. 

We cannot draw any conclusions about the effects of low- and mid-level moisture on the 

eventual increase in convective echo-top and the onset of a LCE associated with development of 

an MJO. During one LCE, increases in lower-tropospheric humidity occurred at the same time as 

convective depth increased. Also, a quick look at the smoothed, unfiltered time series of 

humidity (Figure 2.8b) shows that mid-level moistening occurred before, after, and concurrently 

with, the observed rapid build-up of convective echo-tops associated with LCE1, LCE2, and 

LCE3 respectively. Additionally, we have not explored potential effects of large-scale 

convergence or advection of moisture into the region prior to convective buildup (e.g. Maloney 

2009), which could also contribute to the increase in low-level moisture, though we have shown 

that humidity anomalies did not appear to precede anomalies in convective areal coverage in the 

cases considered here. We have not proven or disproven that an increase in low-level moisture is 

necessary for convection to grow deeper; the time scale for such an increase need not be 10-20 

days but rather only a few days. The convective build-up observed is probably related to the 

“building block” hypothesis proposed by Mapes et al. (2006), which essentially proposes that 

similar convective lifecycles are observed in association with the dynamics of waves or 

disturbances of different periodicities. The lifecycle is stretched temporally based on the 

periodicity of the disturbance affecting the convection. In the MJO cases seen in this chapter, a 

transition from shallow to deep and widespread convection is observed over a few days. Such a 

transition is similar to the evolution of the cloud population during events with even shorter time 

scales, such as mesoscale convective systems. Zuluaga and Houze (2013) further detail and 

support such a claim. We have also briefly shown that changes in the upper-level zonal wind and 
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temperature anomalies occur on the same frequency as the MJO events occur. This concurrence 

indicates that upper-level dynamics may also have an impact on widespread, organized 

convection—a topic that is further explored in Chapter 4.  

 Our current description of convection related to the MJO is not intended to fully explain 

the mechanisms responsible for onset and propagation of convection but rather provide some 

detail on the relationship between convection and tropospheric humidity leading up to MJO 

onset. While the DYNAMO/AMIE data analyzed herein do not support the time scale promoted 

by the "discharge-recharge" hypothesis, we have also not yet explained definitively why clouds 

generally grow taller in the three to seven days prior to MJO onset. Also, the current analysis 

only examines humidity and convection within a small sample domain located within a much 

larger area in which MJO onset occurs. The vast DYNAMO/AMIE dataset includes not only 

instrumentation used in this chapter, but also an array of precipitation and cloud radars over the 

Indian Ocean and tropical west Pacific that provide information on variability of the cloud 

population in other regions. Use of a broader set of deployed instruments, reanalysis, and 

satellite data should provide more understanding of the three-dimensional processes, potentially 

including upper tropospheric dynamics, involved in MJO onset. Future numerical simulations of 

cloud systems, like those seen in Chapter 5, can also be anchored to the observational dataset and 

provide insight on the relative roles of various processes that control the intraseasonal variability 

in tropospheric moisture and convection. Such experiments will yield detailed water budgets that 

describe the transfer of water between convective clouds and their anvils, which as act agents for 

moistening the troposphere, and between clouds and the surrounding environment.  
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Chapter 3. EVOLUTION OF PRECIPITATION AND CONVECTIVE 

ECHO TOP HEIGHTS OBSERVED BY TRMM RADAR OVER THE 

INDIAN OCEAN DURING DYNAMO2 

Radar data from the Tropical Rainfall Measuring Mission (TRMM) show the evolution of echo 

tops of convective elements over the Indian Ocean and Maritime Continent during the Dynamics 

of the Madden-Julian Oscillation (DYNAMO) field campaign of 2011–2012. Echo top heights 

exhibited a bimodal distribution wherein cumulonimbus of moderate height constituted a 

“congestus mode” while vertically extensive cumulonimbus made up a “deep mode.” An 

intraseasonal time scale dominated variability in these modes from October to January over 

much of the Indian Ocean. Over the Maritime Continent, there was no clear intraseasonal signal 

in convective echo top heights. Where the intraseasonal oscillation was detected, radar echoes 

evolved from being dominated by the congestus mode to being characterized by more deep mode 

convection on time scales of less than one week. The areal coverage of congestus echoes began 

to increase 2–8 days prior to the rise in area of deep echoes. These satellite-derived results 

confirm that the time scale for convective deepening seen at individual DYNAMO observational 

sites is consistent with that of convection on the large-scale over the Indian Ocean. Intraseasonal 

variability of zonal wind, temperature, and humidity as depicted by reanalysis is also consistent 

with that derived from rawinsonde observations during DYNAMO. Thus the gradual build-up of 

convection as depicted by recent versions of the “discharge-recharge” hypothesis does not 

accurately describe evolutions of convection prior to MJO events observed during DYNAMO, 

although cloud moistening processes may still be relevant on time scales of one week or less. 

                                                
2 Powell, S. W., and R. A. Houze, Jr, 2015a: Evolution of convective echo top heights observed by TRMM radar 
over the Indian Ocean during DYNAMO. J. Geophys. Res. Atmos., 120, 3906–3919, doi:10.1002/2014JD022934. 
Copyright 2015. American Geophysical Union. Used with permission. 
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3.1 INTRODUCTION 

 A critical problem faced by global atmospheric models in simulating intraseasonal 

variability of deep tropical convection is the transition of a cloud population from a mode of 

shallow clouds to one of deep convection. Zhang (2005) and Wang (2011) have summarized 

several proposed mechanisms that attempt to explain how and/or when this transition, also 

known as “onset” or “initiation” of Madden-Julian Oscillation (MJO) convective events, occurs. 

One such mechanism is a positive feedback between environmental humidity and the depth of 

cumulus convection that continues until the large-scale environment is favorable (i.e. moist 

enough) for widespread deep convection to develop and be maintained. According to this idea, 

known as “discharge-recharge” (Bladé and Hartmann, 1993), gradual instability build-up occurs 

over the region where MJO onset occurs. More recent papers postulate that shallow cumulus and 

cumulus congestus moisten the lower to middle troposphere so that subsequent clouds can grow 

to greater heights. This process of “recharging” or “preconditioning” the tropical atmosphere for 

widespread, deep convection has been described as taking roughly 10–20 days (Kemball-Cook 

and Weare 2001, Benedict and Randall 2007).  

 The importance of preconditioning by cumulus to the transition of convection from 

shallow to deep has been questioned recently. Hohenegger and Stevens (2013) demonstrated 

how the time scale required for cumulus to moisten the mid-troposphere is greater than the 

observed time scale of evolution of shallow convective elements to deep ones. However, their 

study focuses on individual convective elements or systems in the East Atlantic on time scales of 

several hours, and so their results do not necessarily apply to the longer transition period 

involved in the onset of a convective population in the MJO. Kumar et al. (2014) conclude for 

cloud populations near Darwin, Australia, that large-scale upward motion and advection of 
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moisture is more important for tropospheric humidification than cumulus moistening processes 

prior to deep cumulonimbus development. 

 The time scale of the shallow to deep convection transition period as well as that of build-

up of tropospheric humidity as posed in more recent versions of the “discharge-recharge” 

hypothesis has also been questioned. Chapter 3 used scanning precipitation radar data obtained 

during the Dynamics of the Madden-Julian Oscillation (DYNAMO) (Yoneyama et al. 2013) 

campaign to conclude that observed convection transitions from a shallower mode during 

convectively suppressed periods to a deeper mode during active MJO periods in 3–7 days. That 

time scale is consistent with DYNAMO sounding network data analyzed by Johnson and 

Ciesielski (2013) and Ruppert and Johnson (2015). A similar length of time was observed during 

a 1993 TOGA COARE MJO event for the cloud population to evolve from a suppressed stage 

with smaller clouds to a mature stage consisting of clouds with extensive anvils (Kikuchi and 

Takayabu 2004). Xu and Rutledge (2014), based on shipborne radar results of MJO cases during 

DYNAMO, argue that the time scale of convective build-up is 12–16 days, but they define MJO 

convective onset at a time well after the deep and wide mesoscale convection associated with an 

MJO is first observed. These studies are all limited in two respects. The sounding-array budget 

studies rely on indirect inference of cloud behavior, and the ship and island radar studies are 

limited to localities.  

In this chapter, we show that the behavior of convection and the dynamic and 

thermodynamic structure of the troposphere observed within ~150 km of an island site at Addu 

City, Maldives (~0.63ºS, 73.1ºE) by PH13 is consistent with the same on the large-scale. This 

demonstration is important because it increases confidence in conclusions reached using spatially 

limited data sets.  For comparison we will also briefly investigate evolution of convection over 
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the Maritime Continent between 100ºE and 120ºE. In doing so we will compare time series of 

convective echo top height derived from satellite data to those constructed using ground-based 

radar data. The time-scale of convective build-up found in PH13 and corroborated by others will 

be confirmed using a dataset composited over an oceanic domain much larger than that covered 

by ground-based radar. We will also compare time series of tropospheric dynamic and 

thermodynamic fields in rawinsonde and reanalysis datasets and discuss the time scale of 

tropospheric moistening over the Indian Ocean prior to MJO convective onset. 

3.2 DATA 

 The primary dataset used is from the precipitation radar (PR) aboard the Tropical Rainfall 

Measuring Mission (TRMM) satellite (Kummerow et al. 1998). The TRMM PR has a 

wavelength of about 2 cm and thus detects precipitation particles. The PR datasets used are the 

version 7 TRMM 2A25 and 2A23 products, which contain estimated near surface rain rate, 

three-dimensional spatial distribution of reflectivity, and rain-type (convective, stratiform, and 

other) classification (Awaka et al. 1997). Data were processed as in Houze et al. (2007) and 

Romatschke et al. (2010), and the data were mapped onto a 0.05° by 0.05° Cartesian grid with 

0.25 km vertical spacing. The TRMM precipitation radar has a minimum detectable reflectivity 

factor of about 17 dBZ, so echo top heights are determined by the height of the 20 dBZ contour. 

Echo tops are located as in PH13 by searching downward from the top of each column of the 

archived TRMM radar data. Echo top heights are only determined for regions classified as 

convective. Rain rates are taken from two version 7 TRMM products: 1) product 2A25, which 

consists of TRMM orbital data only, and 2) product 3B42 (Huffman et al. 2007; ftp://meso-

a.gsfc.nasa.gov/pub/trmmdocs/3B42_3B43_doc.pdf) products, which is generated using data 

from TRMM and other satellite platforms and thus covers the region more broadly than the 
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orbital product only. We will compare precipitation time series from both to test the 

representativeness of the limited orbital data to a more complete picture of the regional 

precipitation as offered by the 3B42 product. Data span the dates 1 October 2011–15 January 

2012, almost the entire period during which ground-based radar data were collected during 

DYNAMO at Addu City. However, most of the figures in this chapter display only data taken up 

to 1 January because conditions were highly suppressed during the first half of January. Three 

convectively active MJO events were observed during the period considered (Gottschalck et al. 

2013, Johnson and Ciesielski 2013, Chapter 3 of this dissertation, Yoneyama et al. 2013, Xu and 

Rutledge 2014). 

 Large-scale composite wind and thermodynamic fields shown in Section 4 are derived 

from ERA-Interim reanalysis (ERA-I) (Dee et al. 2011). Output used is from 100, 150, 200, 250, 

300, 400, 500, 600, 700, 850, 925, and 1000 hPa. A low-pass Fourier filter is run on temperature 

fields with a cutoff of one day to eliminate strong diurnal variability in the reanalysis. As in 

PH13, anomalies are calculated relative to the mean of the fields from 1 October 2011 to 9 

February 2012.   

3.3 ECHO TOP HEIGHTS OF PRECIPITATING CLOUDS 

3.3.1 Large-scale domain and modes of convective echo depth 

 The large-scale domain over the Indian Ocean is represented in our study by a box whose 

corners are located at 9ºN, 60ºE; 9ºS, 60ºE; 9ºN, 100ºE; and 9ºS, 100ºE (yellow box in Figure 

3.1). The box covers nearly 9×106 km2. The western edge of the box is positioned such that the 

onsets of all three MJO convective events are captured within the domain, and the eastern edge is  
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Figure 3.1. Map of the domains used in the text for compositing data. The yellow box encloses 

the “large-scale” domain as referenced in the text with sides at 9ºN, 9ºS, 60ºE, and 100ºE. The 

red box encloses a small domain near Addu City (labeled) with sides at 3ºN, 3ºS, 68ºE, and 78ºE 

as referenced in Section 4. The green box has sides at 9ºN, 9ºS, 100ºE, and 120ºE and encloses 

the domain used for analysis over the Maritime Continent as described in Section 3.3.4. 

 
  



 

 

57 

a longitude at which the equatorial Indian Ocean meets western Indonesia. The northern edge of 

the box is positioned so that the box is wide enough to contain convection near the equator and 

within the intertropical convergence zone to its south. The box is symmetric across the equator 

and is narrow enough meridionally to avoid sampling much convection over the Indian 

subcontinent. The meridional extent of the domain extends to within the expected Rossby radius 

of deformation of an equatorially trapped Kelvin wave. It is also close to the latitudinal range 

from which data is used to compute indices of MJO activity (e.g. Wheeler and Hendon 2004).  

Two distinct modes of convective echo top height occur in the large-scale domain. Figure 

3.2 shows the two modes in the distribution of all echo top heights from 1 October – 15 January. 

The dashed black line at probability 0.038 in Figure 3.2 has been added to aid in visualizing the 

heights of the two modes. One mode peaks at 2.5 km and is located broadly from 2.25 – 3.25 km, 

and the other peaks at 5.5 km and is located from about 4.5 – 6.25 km. Respectively, we will call 

these the “congestus mode” and “deep mode”. Because we are examining the top of the 20 dBZ 

contour rather than the cloud top, the congestus mode consists of precipitating clouds, which 

probably includes small cumulonimbus and precipitating cumulus congestus. These clouds 

correspond to the convective clouds in the middle category of the trimodal convective population 

inferred from soundings taken in the vicinity of MJO convection by Johnson et al. (1999) and 

seen in vertically pointing ground-based K-band cloud radar data by (Hollars et al. 2004; see 

their Figures 2a,b). Because the TRMM radar only detects precipitating clouds, the small non-

precipitating cumuli of the trimodal distribution do not appear in Figure 3.2. The deep mode in 

Figure 3.2 corresponds to cumulonimbus reaching higher, into layers cold enough for extensive 

anvil cloud formation (i.e. the largest members of trimodal distribution). The bimodal 

distribution of precipitating cloud tops in Figure 3.2 has a signature in latent heating profiles  



 

 

58 

 
 
 
 
  
 
 
 
 
 
 
 

  
 

Figure 3.2. Probability distribution of 20 dBZ echo top height for all convective echoes between 

9ºS, 9ºN, 60ºE, and 100ºE from 1 October 2011 – 15 January 2012. 
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derived by TRMM over much of the same region (Barnes et al. 2015) and also globally within 

the tropics (Takayabu et al. 2010). It is probably related to the bimodality seen in precipitating 

convective cloud depth throughout the tropics and subtropics as seen in C-band ship-based 

precipitation radar data in the Global Atmospheric Research Program Atlantic Tropical 

Experiment (GATE) (see Figure 20 of Houze and Cheng 1977) as well as in TRMM data by 

Short and Nakamura (2000).  

We will use the separation of the two modes of convection observed by TRMM to 

identify periods of MJO convective onset, which hereafter may be simply referred to as 

“convective onset” or “MJO onset”. It is important to understand that onset is not an event that 

occurs instantly or even within several hours. It is a process that takes place over multiple days. 

When convection observed by TRMM is predominantly in the deep mode (or sometimes 

bimodal with large numbers in each mode), we will consider the MJO to be active. When it is 

mostly in the congestus mode, the MJO will be considered suppressed. The transition from the 

congestus mode to the deep mode is part of MJO convective onset. As we will see below, this 

transition occurs over 2–8 days during DYNAMO. We acknowledge that this time scale may not 

be inclusive of the entire period of onset. Previous studies (Kikuchi and Takayabu 2004, Johnson 

and Ciesielski 2013) describe cases of convective depth increasing in two discrete increments—

first from the shallow mode to the congestus mode, then from the congestus mode to the deep 

mode—and show that the time scale for convection to build from the shallowest mode to the 

deepest mode is approximately a week. Therefore the transitions from predominantly congestus 

to deep convection that we observe below may be best described as the last stage of MJO onset. 
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Table 3.1. Percentage of domain observed by TRMM overpasses and number of independent 

convective echo objects observed during 2-day intervals from 1 October – 31 December. Dates 

indicate the end of each 2-day interval. 

 
Date % Domain Sampled Number of convective echo 

objects 
2-Oct 42.8 1169 
4-Oct 40.1 972 
6-Oct 35.2 935 
8-Oct 35.0 807 
10-Oct 41.8 1212 
12-Oct 46.1 1330 
14-Oct 44.8 1274 
16-Oct 46.2 1338 
18-Oct 47.8 1692 
20-Oct 53.5 1599 
22-Oct 50.7 1910 
24-Oct 51.4 1642 
26-Oct 51.4 1824 
28-Oct 47.0 1289 
30-Oct 50.7 1416 
1-Nov 48.6 1299 
3-Nov 45.9 1128 
5-Nov 42.4 924 
7-Nov 46.9 1101 
9-Nov 51.3 1580 
11-Nov 43.5 1195 
13-Nov 49.0 1582 
15-Nov 53.6 1655 
17-Nov 50.4 2000 
19-Nov 55.0 1741 
21-Nov 55.5 1670 
23-Nov 54.5 1887 
25-Nov 49.6 1572 
27-Nov 50.1 1385 
29-Nov 48.4 1383 
1-Dec 43.5 1248 
3-Dec 46.1 1079 
5-Dec 47.8 1538 
7-Dec 50.5 1426 
9-Dec 47.6 1505 
11-Dec 51.9 1524 
13-Dec 49.8 1595 
15-Dec 53.1 1590 
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17-Dec 51.0 1538 
19-Dec 48.4 1410 
21-Dec 49.2 1568 
23-Dec 54.1 1765 
25-Dec 51.7 1541 
27-Dec 34.4 843 
29-Dec 25.4 808 
31-Dec 30.3 940 
 
 

 

 

  
 
Figure 3.3. Radar reflectivity at 3 km altitude as observed by overpasses of the TRMM PR over 

the domain enclosed by the yellow box in Figure 3.1 from 15–16 October. The light blue areas 

indicate parts of swaths that were viewed by TRMM PR but did not contain radar echoes. 
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3.3.2 Basin-wide convective echo top heights and precipitation 

We are using orbital satellite data to evaluate large-scale convective echo top heights. 

Relative to our domain size, the swath width of TRMM is small, and generally, the TRMM 

platform will pass over the domain only twice a day. Thus, we are unavoidably evaluating the 

large-scale evolution of convection while observing only a fraction of the convection actually 

present within our domain. Table 3.1 shows the percentage of the domain sampled and the 

number of independent convective echo objects observed for two-day intervals between 1 

October and 31 December. Each two-day interval is denoted by its end date. We define an 

independent convective echo object as any completely separate contiguous collection of pixels 

identified as convective in the available reflectivity and rain-type data. Figure 3.3 contains an 

example of the areal coverage of TRMM reflectivity data at 3 km altitude within a two-day 

period between 15–16 October. During this and most two-day intervals, between 35% and 55% 

of the domain is viewed by a TRMM overpass. Coverage only drops below 35% during the last 

few days of December. Any single overpass only views perhaps 10% or so of the entire domain. 

Thus, our method is possibly inappropriate for evaluating high frequency variability in 

convection such as diurnal variability. Our focus, however, is on variability in convection on 

time scales of greater than two days. Therefore what is important is not showing the evolution of 

convective echoes or convective systems over their lifetimes but rather having enough samples 

of independent convective entities within each two-day interval to make conclusions about the 

evolution of their behavior, specifically their depth, on longer time scales. We will show below 

that the precipitation rain rates derived from orbital data for the time scales of interest are highly 

consistent with those derived using a more spatially complete 3B42 dataset. We will presume 

that because the precipitation rates included by 2A25 data are consistent with those in 3B42 data, 
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that we can make conclusions about the large-scale behavior of convective depth using the 

orbital data. 

Figure 3.4 contains a time series of a probability distribution function (PDF) of 20 dBZ 

echo top heights for convective echoes only derived from 2A25 orbital data within the large-

scale domain discussed above. In order to appropriately represent wide convective entities, an 

echo top height is computed for each column of pixels classified as convective, and each PDF in 

the time series is computed from the echo top heights determined from all of the individual pixel 

columns. The time series, represented by the colored contours, is composed of several two-day 

intervals, into which all available data are composited into a PDF normalized by the total number 

of pixel columns identified as convective during each time period. Red boxes along the time axis 

represent periods of convectively active conditions. They represent dates during which the 

derived latent heating profile from a sounding network (Johnson et al. 2014) near and north of 

the equator between about 70ºE and 80ºE does not indicate suppressed conditions as shown by 

Ruppert and Johnson (2015). Vertically oriented, black, dashed lines represent dates (16 October, 

18 November, and 15 December) on which a mesoscale convective system was first observed by 

the ground-based S-PolKa precipitation detecting radar in association with three MJO events at 

Addu City. The modes of convection described above are separated by a partially transparent 

white stripe covering the heights between those to the right of the black line in Figure 3.2. 

The blue (purple) lines near the bottom of Figure 3.4 represent time series of mean rain 

rates, including convective and stratiform precipitation, derived from 3B42 (2A25) and each also 

displayed as domain-wide means over two-day intervals. The time series have excellent 

agreement in low-frequency (~30 day) variability. Some additional high-frequency variability is 

depicted in the 2A25 time series that is not shown in the 3B42 time series and vice versa. The 
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Pearson correlation coefficient ρ between the two is 0.91 with 95% confidence intervals 0.76 ≤ ρ 

≤ 0.97. The precipitation time series from the ground-based radar at Addu City (Figure 2.2) has 

much more pronounced high-frequency variability than the 3B42 time series but has similar low-

frequency variability. Between the two, ρ = 0.56 and has a 95% confidence interval of 0.25 ≤ ρ ≤ 

0.77.  Because the 3B42 dataset is derived from multiple satellite sources, it probably has the 

most accurate representation of large-scale mean precipitation rates. We have at least confirmed 

here that intraseasonal variability in the precipitation time series depicted by a ground-based 

radar with limited range and detected by a single satellite instrument covering a fraction of the 

domain of interest are representative of large-scale precipitation variability as viewed by a 

collection of satellites. Thus, we have confidence that their representations of the evolution of 

convection using a limited sample size are also consistent with the aggregate behavior of 

convection on the large-scale, which cannot be completely and continuously observed using any 

current observational capabilities. 

The red (black) solid lines in Figure 3.4 represent the median (mode) of the distribution at 

each two-day interval. Each data point along the two lines is marked with a dot. Error bars on the 

median of the PDFs represent the 95% confidence interval of the median. A bootstrapping 

method, consistent with that described by Chu and Wang (1997), is used to determine the 

confidence intervals. From the pixel-based echo top heights used to derive the PDFs in Figure 

3.4, a number of samples consistent with the number of individual convective echo objects 

during each 2-day interval (Table 3.1) are randomly selected with replacement and a median is 

computed each time. The process is repeated 5000 times, producing a distribution of medians. 

The error bars represent the inner 95% of this distribution. The PDFs of echo top height weigh  
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Figure 3.4. Time series of the normalized probability of 20 dBZ echo top height for a domain 

enclosed by 9ºS – 9ºN and 60º – 100ºE (yellow box in Figure 3.1) and smoothed to two-day 

intervals during the interval 1 October–31 December. The black (red) line represents the mode 

(median) of the echo top height distribution. Each dot on the red and black lines represents the 

end of a 2-day interval. Red error bars bracket the 95% confidence intervals of the median. The 

dashed black lines represent the date on which a mesoscale convective system was first observed 

at Addu City as documented in 0. The partially transparent white box covers heights that separate 

the two modes of convective echo top heights as described in the text. Blue (purple) lines at the 

bottom represent time series of 3B42 (2A25) domain-averaged rain rate also smoothed to 2-day 

intervals. Red boxes along the top time axis indicate convectively active periods. 
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convective echo objects by their spatial coverage; however, using the above method, the 

confidence on the median estimate is dictated more conservatively by the number of individual 

convective echo entities and not by total areal coverage of convective echoes. 

Within the large domain, three periods of mostly deep mode convection and four periods 

of congestus mode convection were observed. During these periods, the echo top height 

population had a deep mode during 17 October – 3 November, 20 November – 1 December, and 

10 – 25 (except near 15) December. Otherwise, the echo top height population was more 

characterized by congestus mode convection. Relative to other active periods, the distribution is 

more closely bimodal during the 10–25 December period. During that time period the median 

echo top height seldom reached the congestus mode. Of the days with minimum median echo top 

height, only 3–4 October has a median in the congestus mode, and the 95% confidence interval 

then extends into the white shaded box that belongs to neither mode. However, the minima in 

median echo top height are 3.25–3.5 km, and they fall just outside of the congestus mode. 

Median echo top height reached the deep mode on 15–16 October, 16–17 November, and 10–11 

December. Precipitation peaks associated with each MJO event were observed on 29–30 

October, 26–27 November (24–25 November in the 2A25 time series), and 22–23 December. In 

terms of low-frequency variability, the broad peaks in surface precipitation occurred at the same 

times that the echo top height distribution was in the deep mode, which is consistent with a 

similar observation on shorter time scales by Xu and Rutledge (2014) that highest precipitation 

amounts occurred during periods of enhanced echo top height at the R/V Revelle near the equator 

and 80ºE. 

The modal echo top height transitioned from a congestus mode (3 km) to a deep mode 

(over 5 km) in just 2–4 days between 15–18 October near the beginning of an MJO event. The 
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median echo top height increased from 3.25 km to 5.25 km, also in just 2–4 days (13–16 

October). The modal and median echo top heights remained above 5 km for 14 and 16 days 

before decreasing. The modal echo top height quickly shifted back to the congestus mode while 

the median echo top height gradually decreased, reaching a minimum by 6–7 November. Near 

the onset of the November MJO event, the modal echo top height increases from 3 km to 6 km in 

2–4 days (18–21 November). The median echo top height increases from a minimum of 3.5 km 

to 5.25 km in 6–8 days (14–21 November). Both the modal and median echo top heights remain 

within the deep mode until 30 November–1 December. They reach minima, respectively, of 2.5 

km and 3.5 km by 4–5 December. Near the onset of the December MJO event, the modal 

distribution increases from 3.25 km to 5.75 km in 2–4 days (8–11 December) and the median 

echo top height increases from 3.25 km to 4.75 km in 6–8 days (4–11 December). During each 

MJO case, the median echo top height does not reach its maximum until several days after the 

modal echo top height rapidly shifts from the congestus mode to the deep mode. The time scales 

reported above for median echo top height growth refer to the timescales of growth from a 

minimum to the deep mode near the earliest known time of MJO convective onset anywhere 

within the domain. We do not include in the time scales subsequent increases in median echo top 

height that occur once widespread deep convection and stratiform precipitation have become 

established. We also note that the rapid increase in modal and median echo top heights within the 

large-scale domain closely coincides with dates in October and November (dashed black lines in 

Figure 3.4) that the first mesoscale convective system was observed near Addu City. However, 

the domain-averaged echo top height increases prior to 15 December. This may have occurred 

because positive humidity and upward motion anomalies propagated into the Indian Ocean from 

the Maritime Continent after the November MJO event (Johnson and Ciesielski 2013 and 
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Chapter 4). In fact, the real-time multivariate MJO (RMM) index (Wheeler and Hendon 2004) 

remained in Phase 4 or 5, indicative of widespread support for convection over the Maritime 

Continent, for nearly a month after active MJO conditions subsided over the central Indian 

Ocean during late November. Some of the middle and upper tropospheric moisture associated 

with convection near and over the Maritime Continent was undoubtedly advected westward over 

the Indian Ocean and helped sustain development of deep convection. 

3.3.3 Histograms of convective echo top heights 

Although the single mode of the echo top height distribution can shift rapidly, a more 

accurate way to describe what we have observed in each shift is a changeover from a singular 

congestus mode to a distribution that is better described as bimodal and eventually dominated by 

the deep mode. The congestus mode often does not disappear but continues to exist as a 

secondary, weaker mode. The probability time series of 20 dBZ echo top height illustrates the 

time scale involved in the cloud population transitioning from having a predominantly congestus 

mode to a status in which deep mode convection predominates in the echo top height 

distribution. However, diagrams such as Figure 3.4 only reveal the relative numbers of congestus 

to deep echo. Potentially, the relative amounts of each could remain about the same while the 

absolute number of echoes in each mode increases slowly. If such a phenomenon were to occur, 

then the build-up of the cloud population might still be described as gradual. Rather than a build-

up specifically in echo top height, a build-up in the number or spatial coverage of convective 

elements could occur. Therefore Figure 3.5 shows a non-normalized histogram of echo top 

height using the same domain employed in Figure 3.4. As in Figure 3.4, the numbers of echo 

tops is expressed as the number of pixel columns falling within each bin. As such, the histogram  
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Figure 3.5. Time series, smoothed to two-day intervals, of the histogram of detected 20 dBZ 

echo top heights between 9ºS – 9ºN and 60º – 100ºE for 1 October – 31 December. Black dashed 

lines, the solid black line and dots, and the white and red boxes are as in Figure 3.4. 
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essentially represents the observed areal coverage of echo top height within columns containing 

convective echo. Over 200 echo tops were observed in several height bins (recall vertical spacing 

in Section 2) within the deep mode during convectively active periods. From 9–14 October and 

most of 9–23 November, the number of echo tops in each congestus mode (2.25–3.25 km) bin 

exceeded 150. After these dates, the number of congestus mode echo tops gradually decreased 

(with some small increases on short time scales) and deep convection dominated. The number of 

echo tops in the deep mode appears to have increased very quickly around 16 October and 15 

November, while the increase in the amount of deep mode convection was more gradual in 

December and occurred prior to convective onset at Addu City.  

To more closely investigate how quickly congestus mode, and then deep mode, 

convection becomes established, we employ Figure 3.6, which is a time series of the total 

number of echo top heights (counted by pixel column) detected within equally sized vertical bins 

(2.5–3 km and 5.5–6 km) in the congestus and deep modes during the same period. The red 

dashed lines are the same as the black lines in Figs. Figure 3.3 and Figure 3.4. We note minima 

(< 400) of echo top pixel counts in the deep mode during early October and just after each MJO 

event. These periods of extremely suppressed convection occurred during periods of deep layer 

tropospheric drying (Powell and Houze 2013) and were possibly caused by horizontal advection 

behind areas of active convection (e.g. Kerns and Chen 2014, Sobel et al. 2014, Adames and 

Wallace 2014) and/or by large-scale subsidence in a deep layer (Takayabu et al. 2010). During 

7–12 October, the number of congestus echo tops increased from 300 to 641 before gradually 

decreasing after deep convection became established. The number of deep convective echo tops 

increased from 200 to 775 between 13 and 18 October and reached a maximum of 918 on 21–22 

October. The congestus echo tops increased in number from 433 to 784 during 6–9 November  
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Figure 3.6. Line plot, in two-day intervals, of the total echo tops detected at heights 2.5 – 3 km 

(blue) and 5.5 – 6 km (black) during the dates shown in Figure 3.5. Red dashed lines are the 

same as the black dashed lines in Figure 3.5, and the red boxes are as in Figure 3.4. Blue and 

black dots indicate the end of two-day intervals. 
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before eventually decreasing in number about midway through the month. Deep echo tops 

increased rapidly in number from 288 to 607 between 14–17 November and continued to 

increase for 6 more days to a total of 831 by 23 November. Congestus convective echo top 

numbers increased from 443 to 995 in 4–6 days between 30 November–5 December, and areal 

coverage of deep convection followed with an increase in pixel column count from 280 to 562 in 

6–8 days between 2–9 December.  

Prior to each MJO event, congestus mode convection was prevalent and rapidly 

increasing in area for days prior to a rapid increase in areal coverage of deep mode convection. 

In October, November, and December congestus convective areal coverage increased rapidly 6, 

8, and 2 days, respectively, prior to the same for deep convective areal coverage. The rapid 

increases in congestus convective area began on 7–8 October, 6–7 November, and 30 

November–1 December. The same for deep convective area began on 13–14 October, 14–15 

November, and 2–3 December. Roughly speaking, the areal coverage of congestus echo reaches 

its maximum at about the time the areal coverage of deep echo rapidly increases. The 2–8 day 

time scale reported above was also inferred by Ruppert and Johnson (2015) from heating profiles 

derived from a sounding network. The time period spanned between the minimum in congestus 

echo tops and the maximum in deep echo tops was 12–22 days near the beginning of each MJO 

event (Figs. Figure 3.5 andFigure 3.6). However the maximum in the amount of deep convection 

occurred well after each MJO convective initiation within our large domain. Therefore the total 

quantity of deep convective elements composited over the large scale maximizes after the 

widespread deep convection first appears somewhere in the domain. This behavior is consistent 

with the convection responding to a circulation or humidity anomaly moving eastward across the 

domain. Note that the distance between 60ºE and 100ºE at the equator is nearly 4,500 km. Any 
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anomalous circulation or humidity anomaly propagating eastward at a rate of 5 m s–1, a typical 

rate for MJO propagation Zhang (2005), would require over 10 days to propagate through a 

domain of this size. We therefore would expect that the maximum coverage of deep convection 

would occur sometime after convective onset in the western portion of the domain. 

3.3.4 Convection over the Maritime Continent 

 Figure 3.7 is similar to Figure 3.4, but is composited within a box bound by 9ºN, 9ºS, 

100ºE, and 120ºE, or the green box in Figure 3.1. The 3B42 and 2A25 rainfall time series have a 

statistically significant correlation ρ  = 0.52 (0.22 ≤ ρ ≤ 0.73), but they are not in as obvious 

agreement as were the 3B42 and 2A25 time series over the Indian Ocean. The PDFs of 20 dBZ 

echo top height suggest that the modes of convective echo top height are similar over this region 

as over the Indian Ocean; however, the convection during the period displayed is often 

dominated by the deep mode. Neither the time series of convective echo top height nor 

precipitation show clear intraseasonal variability. Nonetheless, Gottschalck et al. (2013) and 

Johnson and Ciesielski (2013) have argued that tropospheric wind signals associated with the 

MJO continue eastward across the Maritime Continent. Even the current authors have shown that 

positive anomalies of moisture and upward motion propagated from the Indian Ocean into the 

Maritime Continent during each MJO event observed during DYNAMO (Chapter 4). Figure 10 

in Johnson and Ciesielski (2013) shows that large precipitation amounts failed to propagate 

much past 110ºE during the MJO event starting in October. They were present between 100ºE 

and 120ºE for only a short time during the second MJO event. Without further exploration we 

speculate that factors other than the MJO (especially diurnal forcing over the islands and straits  
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Figure 3.7. As in Figure 3.4, but for a domain enclosed by 9ºN, 9ºS, 100ºE, and 120ºE, or the 

green box in Figure 3.1. The white and red boxes as seen in Figure 3.4 are omitted in this figure. 
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Figure 3.8. ERA-I derived time series of anomalies of a) zonal wind (u’), b) temperature (T’), c) 

fractional difference of specific humidity from its mean (q*’), and d) relative humidity (RH’) 

composited within a box bounded by 9ºN, 9ºS, 60ºE, and 100ºE (yellow box in Figure 3.1) from 

1 October 2011–1 January 2012. As in Chapter 2, anomalies are calculated relative to means 

during the period 1 October – 9 February. 



 

 

76 

comprising the Maritime Continent) might be of first order importance to precipitation and 

convective depth in this region. 

3.4 DYNAMIC AND THERMODYNAMIC FIELDS FROM ERA-I 

 As seen in the prior section, our study is motivated not only to show the consistency of 

small-scale observations with large-scale convective behavior but also to determine the time 

scale of convective build-up as a test of the “discharge-recharge” hypothesis. A key component 

to the hypothesis is the time scale of moisture build-up. Other hypotheses for MJO convective 

onset (Matthews 2008 and Chapter 4) invoke temperature or divergence fields to explain how 

widespread deep convection may develop. Therefore showing that time series of wind, 

temperature, and humidity near single rawinsonde locations are consistent with those of the mean 

large-scale profiles of each is important. For this purpose, we appeal to the ERA-I reanalysis 

fields. Nasuno et al. (2014) concluded that despite having small cool and dry biases in the lower 

troposphere, that ERA-I was appropriate for moisture budget analysis over the Indian Ocean 

during DYNAMO. 

Figure 3.8 illustrates profiles of anomalies of the zonal wind (u’), temperature (T’), 

specific humidity fractional difference (q*’), and relative humidity (RH’), which are computed as 

described in Section 3.2. The fractional difference from the mean of specific humidity (q*’) is 

defined as in Eq. 2.1 for the period specified in Section 3.2. The profiles are composites of ERA-

I columns of each within the large-scale domain used in Section 3.3 and shown by the yellow 

box in Figure 3.1. Table 3.2 provides a list of correlation coefficients and 95% confidence 

intervals between the time series derived from rawinsonde data and from ERA-I using two 

domains. The smaller domain, depicted by the red box in Figure 3.1, is bound by 68ºE, 78ºE, 

3ºN, and 3ºS. It is almost centered over Addu City and covers a little more than 7×105 km2, an  



 

 

77 

Table 3.2. Pearson correlation coefficients ρ (in center of each inequality expression) and 95% 

confidence intervals between time series of u’, T’, and q*’ as derived by Gan rawinsonde data 

and by ERA-I. Columns are labeled by the domain used to composite ERA-I output. Each field is 

sampled every 6 hours for the correlation calculation. 

 
 Small domain (68ºE–78ºE 

and 3ºN–3ºS) 
Large domain (60ºE–100ºE 
and 9ºN–9ºS) 

u’ 0.85 ≤ 0.87 ≤ 0.89 0.55 ≤ 0.61 ≤ 0.66 
T’ 0.68 ≤ 0.71 ≤ 0.73 0.52 ≤ 0.56 ≤ 0.59 
q*’ 0.80 ≤ 0.81 ≤ 0.82 0.61 ≤ 0.64 ≤ 0.66 

 

area about 10 times as large as the area observed by the S-band ground-based radar located there 

during DYNAMO. Probably because ERA-I ingests the DYNAMO rawinsonde data, the ERA-I 

time series for u’, T’, and q*’ correlate strongly (ρ > 0.8) with the rawinsonde time series in the 

small domain. Compositing over a small domain allows us to maintain high-frequency variability 

in the fields that is not retained when we average over a large domain. For each of the large-scale 

anomalies displayed in Figure 3.8a–c, moderate to strong correlations of around 0.6 exist 

between rawinsonde time series and ERA-I time series generated from output in a large domain. 

ERA-I effectively represents the intraseasonal variability in each field, especially the humidity 

and zonal wind anomaly fields. Moderate and significant correlation of ρ = 0.59 (95% 

confidence interval: 0.47 ≤ 0.59 ≤ 0.69) also exists between q*’ and mixing ratio fractional 

difference from the mean (not shown and calculated in the same way as q*’) derived from the 

Atmospheric Infrared Sounder (AIRS) over the same large domain. This confirms that ERA-I 

fields are consistent not only with single-location rawinsonde measurements, but also with 

observations derived by satellite over an equally sized domain. 

 Relative humidity is largely influenced by specific humidity. RH’ and q*’ correlate at ρ  

= 0.80 (95% confidence interval: 0.77 ≤ ρ ≤ 0.82). Temperature and relative humidity are only 
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weakly correlated at ρ = -0.24 (95% confidence interval: -0.29 ≤ -0.24 ≤ -0.19). In fact during the 

most convectively active periods, RH’ above 500 hPa is positive at the same time that T’ is 

positive. Widespread convective onset is thus more likely supported by tropospheric moistening 

than by cooling of the upper troposphere, a possibility posed by Matthews (2008).  

 The robust correlation between ERA-I output and rawinsonde observations within the 

small domain strongly implies that the 3–7 day time scale actually observed at Addu City is also 

present in ERA-I. The time scale of mean large-scale moistening, however, must be longer. One 

can easily approximate the time scale of moistening between 700 and 300 hPa in Figure 3.8c to 

be up to 2 or 3 weeks. Recall that the MJO dynamic signal propagates eastward, on average, at 

about 5 m s-1, and would take about 10 days to cross the large domain employed above. If a 

disturbance enters the western edge of our large-scale domain, it might cause fairly rapid 

moistening there first. As the forcing for convection moves eastward, moistening will occur in an 

increasingly larger portion of the domain used in this study. Therefore, the time scale of 

moistening on the large-scale is not necessarily indicative of the moistening time scale within 

subdomains of the large-scale region, nor is it an accurate representation of the time scale for 

moisture build-up prior to MJO convective onset. Confusing the two time scales may have been 

one reason that some “discharge-recharge” theories hypothesized a 10–20 day period of moisture 

and convective build-up preceding MJO convective onset. On the large-scale during DYNAMO, 

a 10–20 day build-up of moisture was valid; however MJO convective onset began well before 

the large-scale moistening was complete. 

3.5 CONCLUSIONS 

 We have investigated data from the Tropical Rainfall Measuring Mission (TRMM) 

precipitation radar (PR) and output from ERA-Interim (ERA-I) reanalysis to document large-
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scale variability of convective echo top height and tropospheric zonal wind, temperature, and 

humidity as observed within a domain representing much of the equatorial Indian Ocean through 

which three instances of the Madden-Julian Oscillation (MJO) propagated during DYNAMO. 

Data obtained within a small area near Addu City (0.63ºS, 73.1ºE) as documented by PH13 

demonstrated consistent variability on time scales of more than 2 days. Specifically, the 

intraseasonal variability of ground-based radar and rawinsonde observations collected at Addu 

City during DYNAMO are consistent with the same on the large-scale. Our conclusions are 

partially based on a limited dataset of orbital TRMM satellite data; however, we have shown 

using precipitation patterns based on extending the TRMM data with other satellite data that the 

samples captured represent mean convective behavior throughout the rest of the domain that was 

not sampled.  

The 20 dBZ echo top heights of convection throughout the Indian Ocean occurred in 

modes near 2.5 km and 5.5 km (Figure 3.2). These two modes likely represent moderate 

cumulonimbus (also known as precipitating cumulus congestus) and vertically extensive, and 

often mesoscale organized, convection. A third mode of shallow non-precipitating cumulus, 

suggested by Johnson et al. (1999) and documented further by Hollars et al. (2004), is too weak 

to be detected by the 2 cm wavelength TRMM PR. We can take advantage of the natural 

separation of convection into these two distinct deeper modes to identify periods of MJO 

convective onset, which we have herein defined as the process of the convective distribution 

transitioning from the middle congestus mode to the deep mode. It follows that we can then 

determine the time scale over which this transition occurs, noting that there may also first exist a 

transition from a shallow mode to the congestus mode that we cannot observe using TRMM data. 
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 Precipitating convection over the Indian Ocean near the equator underwent clear 

transitions from predominantly precipitating congestus to predominantly deeper convection and 

back to congestus during the period of the DYNAMO campaign in October 2011 – January 

2012. Broad peaks of precipitation occurred alongside peaks in convective cloud depth. The 

evolution of echo top heights averaged throughout a large domain in the equatorial central and 

eastern Indian Ocean reveals how quickly the convective population develops a deep mode. 

Specifically, we note that prior to October–December MJO events, which were well documented 

by island-based radar at Addu City (PH13), modal 20 dBZ echo top heights increase from 

between 2.25–3.25 km to between 4.5–6 km in 2–8 days over a large portion of the central and 

eastern equatorial Indian Ocean. This result is consistent with the result of PH13 derived locally 

from an island radar of a build-up in the modal echo top height of convection 3–7 days prior to 

the first large mesoscale convective system within their radar domain. Additionally prior to each 

MJO event, the congestus mode of convection increased in areal coverage for 2–4 days, followed 

by a gradual decrease in the area of congestus mode convection and a 2–8 day increase in the 

coverage of deep mode convection. In October and November, the start of the increase in the 

coverage of deep mode convection within the large domain (indicating large-scale convective 

onset) closely coincides with convective onset detected by ground-based radar at Addu City as 

documented by PH13. 

Convection and precipitation over the Maritime Continent between 100ºE and 120ºE and 

between 9ºS and 9ºN did not exhibit a clear signal of ~30 days that can be attributed to the MJO, 

despite indices of MJO activity (e.g. Wheeler and Hendon 2004) suggesting the presence of an 

MJO-related circulation anomaly (Figure 11 of Gottschalck et al. 2013). The MJO signal in the 

field of precipitating convection observed by TRMM radar was evidently overwhelmed in the 
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region of the Maritime Continent by other variability, perhaps on shorter time scales, possibly 

including the strong diurnal variability owing to the land-ocean contrasts in the region. 

The results over the Indian Ocean imply that the convective population over the whole 

ocean basin did not tend to gradually increase in depth from the congestus mode to the deep 

mode. Populations of congestus mode and deep mode convection with lesser amounts of 

convection having echo tops between the two modes were both present. At any time, of course, 

individual convective elements of intermediate height that were growing from the congestus to 

the deep mode may have been detected. The rapid increase in modal echo top height represents 

the time period over which the deep mode becomes the dominant one. The distribution was 

closer to bimodal during the transition from predominantly congestus to predominantly deep 

convection as the amount of congestus convection levels off or decreases. Deep convection 

becomes more common within the domain (FigsFigure 3.5Figure 3.6) as the center of the MJO 

disturbance moves eastward after initial convective onset to a location well within the large-scale 

domain used in this study. 

Additionally, fields of zonal wind, temperature, and humidity anomalies are derived from 

reanalysis. Within a domain of size 10º longitude by 6º latitude near Addu City, the reanalysis 

time series of each field’s anomaly is highly consistent with that observed by rawinsonde, which 

may not be particularly surprising because the reanalysis ingests nearby rawinsonde data. 

Therefore, the approximately 3–7 day timescale of moisture build-up in reanalysis in an area 

close to Addu City should be consistent with that directly observed. Within a large-scale domain 

of size 40º longitude by 18º latitude, low-frequency variability in reanalysis is correlated 

moderately to strongly with that observed via rawinsonde. It is also consistent with that derived 

from satellite data within the same domain. 
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Our results do not agree with the time scale of convective build-up traditionally discussed 

in the “discharge-recharge” theory and illustrated in schematic diagrams such as the one seen in 

Benedict and Randall (2007). Additionally, at least for MJO cases observed during DYNAMO, a 

gradual build-up of convective cloud depth during the so-called “recharge” period is not an 

appropriate paradigm in which to view the transition of convection from shallow to deep in the 

days prior to and during MJO convective onset. Rather, a majority of precipitating cloud 

populations fall into one of two modes, and the number of clouds in each mode changes ~1 week 

prior to MJO convective initiation, with the moderately deep cloud increasing in areal coverage a 

few days prior to the deeper clouds doing so then generally decreasing in area as deep convection 

becomes established. Disagreement of our results with “discharge-recharge” is apparent because 

we have investigated the build-up of convection, both in terms of its cloud depth and quantity, 

prior to individual MJO events. Many studies that have supported “discharge-recharge” (Section 

1) consider a large domain and/or composite several MJO events together and conclude that 

humidity in the troposphere gradually increases over time scales of two weeks or more. (See 

PH13 for discussion of compositing the three DYNAMO events.) It has therefore often been 

hypothesized that cumulus growth leading to an active MJO period occurs over a similar time 

scale. We cannot rule out that gradual processes consistent with the “discharge-recharge” 

hypothesis occur prior to other MJO cases. Nor does this study address whether the physical 

processes associated with “discharge-recharge” might be working on timescales shorter than 

previously anticipated. However for cases observed during the DYNAMO campaign, the current 

long time scale “discharge-recharge” hypothesis does not describe the way that the population of 

precipitating convective clouds actually changed its statistical character. Whether cumulus 

moistening is critical for MJO onset on time scales of less than one week is left for another study 
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and has already been addressed to some degree by others (e.g. Ruppert and Johnson 2015) for 

DYNAMO cases. 
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Chapter 4. AN EFFECT OF NON-CONVECTIVELY COUPLED 

LARGE-SCALE VERTICAL MOTIONS ON MJO CONVECTIVE 

ONSET3 

Anomalies of eastward propagating large-scale vertical motion with ~30 day variability at Addu 

City, Maldives, move into the Indian Ocean from the west and are implicated in MJO convective 

onset. Using ground-based radar and large-scale forcing data derived from a sounding array, 

typical profiles of environmental heating, moisture sink, vertical motion, moisture advection, and 

Eulerian moisture tendency are computed for periods prior to those during which deep 

convection is prevalent and those during which moderately deep cumulonimbi do not form into 

deep clouds. Convection with 3–7 km tops is ubiquitous but present in greater numbers when 

tropospheric moistening occurs below 600 hPa. Vertical eddy convergence of moisture in 

shallow to moderately deep clouds is likely responsible for moistening during a 3–7 day long 

transition period between suppressed and active MJO conditions, although moistening via 

evaporation of cloud condensate detrained into the environment of such clouds may also be 

important. Reduction in large-scale subsidence, associated with a vertical velocity structure that 

travels with a dry eastward propagating zonal wavenumber 1–1.5 structure in zonal wind, drives 

a steepening of the lapse rate below 700 hPa, which supports an increase in moderately deep 

moist convection. As the moderately deep cumulonimbi moisten the lower troposphere, more 

deep convection develops, which itself moistens the upper troposphere. Reduction in large-scale 

subsidence associated with the eastward propagating feature reinforces the upper-tropospheric 

                                                
3 Powell, S. W., and R. A. Houze, Jr, 2015b: Effect of dry large-scale vertical motions on MJO convective onset. J. 
Geophys. Res. Atmos., 120, 4783–4805, doi:10.1002/2014JD022961. 
Copyright 2015. American Geophysical Union. Used with permission. 
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moistening, helping to then rapidly make the environment conducive to formation of large 

stratiform precipitation regions, whose heating is critical for MJO maintenance. 

4.1 INTRODUCTION 

 In its moist, convective form, the Madden-Julian Oscillation (MJO; Madden and Julian 

1971, 1972; Zhang 2005) is characterized by a widespread area of deep, organized, and eastward 

propagating convection that develops between the central equatorial Indian Ocean and tropical 

West Pacific. While many have invoked extratropical influences into MJO convective initiation 

(e.g. Hsu et al. 1990, Ray and Li 2013, Zhao et al. 2013), several studies have suggested that 

tropical dynamics influence the formation of MJO convection. Knutson and Weickmann (1987) 

first showed that anomalies of velocity potential centered in the tropics circumnavigated the 

globe at upper levels and were coincident with onset of at least some MJO events. The anomalies 

were dominated by the zonal wind component of an eastward propagating wavenumber 1 

feature. Other studies have since shown that such circumnavigating features are present in 

individual cases (e.g. Matthews 2008, Gottschalck et al. 2013, Straub 2013), while some have 

shown the same in composites of several MJO events (e.g. Seo and Kim 2003, Kiladis et al. 

2005, Straub 2013, Adames and Wallace 2014a]. Upper-tropospheric velocity potential can even 

be used in indices to identify past and ongoing MJO events (Ventrice et al. 2013, Adames and 

Wallace 2014a) or predict future ones.  

 Bladé and Hartmann (1993) did not rule out that circumnavigating features could 

sometimes influence the formation of new MJO convection; however, they considered that no 

clear concurrent dynamical relationship exists between upper-tropospheric velocity potential 

anomalies and generation of convection in the lower troposphere. They proposed a mechanism 

(known as “discharge-recharge”) through which the variable frequency of the MJO was set by 
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the period of CISK (conditional instability of the second kind; e.g. Charney and Elliasen 1964) 

build-up associated with an increase in sea surface temperature. The idea was more recently 

extended to the build-up of tropospheric moist static energy and moisture as seen in Kemball-

Cook and Weare (2001) and Benedict and Randall (2007). They argue that clouds gradually 

become deeper over a period of several weeks as they slowly humidify the troposphere from the 

surface upward; then, at the end of the multi-week period, the environment allows enough deeper 

convection to support an MJO convective event. However Chapter 3 (PH13) show that the 

timescale of such a proposed feedback process was not evident in radar and rawinsonde 

observations made during the Dynamics of the Madden-Julian Oscillation (DYNAMO) and 

Atmospheric Radiation Measurement (ARM) Madden-Julian Oscillation Investigation 

Experiment (AMIE) in 2011–2012. Instead, they observed that an increase in depth of 

convection occurred on a shorter timescale near the beginning of a large-scale convective event. 

Chapter 3 reached the same conclusions for a larger spatial domain by using satellite-based radar 

data. Moreover, several episodes of deep convection, building and decaying on timescales 

shorter than the MJO timescale, occur during an active period of an MJO (Zuluaga and Houze 

2013). Either “discharge-recharge” is not a valid hypothesis and a different mechanism is 

responsible for MJO onset, or its processes occur more quickly than previously thought. 

Modeling studies have supported the idea that deep convection is most sensitive to 

humidity in the lower half of the troposphere. Using two cloud-resolving models, Derbyshire et 

al. (2004) demonstrated that upward in-cloud mass flux was dramatically reduced above a level 

at and above which they set relative humidity to less than 50%, although their study was 

specifically aimed at testing the sensitivity of convection to mid-tropospheric humidity. Wang 

and Sobel (2012) imposed drying in a cloud-resolving model approaching weak temperature 
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gradient equilibrium. They showed that simulated precipitation was sensitive to drying below 8 

km and also that as their model approaches equilibrium, a wide range of precipitation values 

were present when drying was imposed below 8 km for a narrow range column integrated 

humidity. More recent evidence shows that global models using cumulus parameterizations do 

not accurately represent the observed wide-ranging distribution of precipitation that occurs 

where total precipitable water is greater than 50 mm (D. Kim, personal communication). In other 

words, ample low and mid-tropospheric humidity appears to be a necessary but insufficient 

condition for deep convection to occur. Furthermore, even if deep convection develops, there is 

no evidence that it can organize into the large mesoscale systems characteristic of the MJO in the 

presence of strong mid- to upper-tropospheric drying. 

Both past and contemporary studies have highlighted the importance of large-scale 

motions in impacting formation of deep convection in the tropics. Yanai et al. (1976) showed 

that mass fluxes in deeper clouds correlate strongly with large-scale vertical motion at their 

detrainment levels. They concluded that upper-tropospheric vertical motion had a “controlling 

influence” on deep clouds, which they hypothesized would happen because large-scale ascent 

would cause cooling that would destabilize the tropospheric stratification. In the tropics, Jensen 

and Del Genio (2006) concluded that rather than a stable layer at the 0ºC level, mid-tropospheric 

drying associated with subsidence is likely responsible for limiting the echo-top heights of 

cumulus congestus clouds, which are precursor cloud elements to eventual formation of deep 

convection, and eventually, larger MCSs. Takayabu et al. (2010) demonstrated that deep-layer 

latent heating in the troposphere is hindered by large-scale subsidence; although precipitation can 

fall from shallow clouds or congestus clouds under that condition. They noted that even where 

sea surface temperatures (SSTs) exceed 28ºC, large-scale subsidence suppresses deep 
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convection. Hohenegger and Stevens (2013) argued that the timescale for cumulus congestus to 

grow into deep convection is smaller than the time required for congestus to moisten the 

troposphere. Furthermore, they showed that the likelihood of a congestus cloud growing into a 

deep cumulonimbus cloud does not increase with longer congestus life times. They stated, “deep 

convection is triggered because of some form of imposed ascent.” More recently, Kumar et al. 

(2013, 2014) have shown how large-scale vertical motions impact the modal depth of convection 

in a hybrid maritime/continental environment near Darwin, Australia. Kumar et al. (2014) 

demonstrated that substantially greater than average large-scale upward motion, and thus greater 

vertical advection of moisture, is present when the majority of moderately deep clouds grow into 

deep cumulonimbus clouds. Furthermore they showed that the ability for cumulus clouds that are 

3–7 km deep to grow into deep cumulonimbi (top >9 km) is not dependent upon the number of 

such clouds present. They rejected the hypothesis that congestus-type cumuli or cumulonimbi are 

responsible for moistening prior to formation of deep cumulonimbi. Neither study, however, 

directly applies to the potential time scale of large-scale convective build-up as seen with MJO 

cases, but rather they focus on the growth of individual clouds, which occurs on much smaller 

timescales. For the MJO cases observed during DYNAMO, Ruppert and Johnson (2015) have 

shown that the reduction of large-scale subsidence coincided with low to middle tropospheric 

moistening prior to MJO convective onset. They concluded that reduction in large-scale 

subsidence combined with convective moistening to trigger MJO onset. They also supported a 

conclusion of Sobel et al. (2014) that drying by horizontal advection decreased while increased 

upward vertical moisture advection occurred in the days prior to MJO onset. Consistent with this, 

other studies (e.g. Sobel et al. 2014, Johnson et al. 2015, Ruppert and Johnson 2015) have shown 

that a reduction in radiative cooling occurs in the troposphere prior to MJO onset. 
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 The primary goal of this chapter is to explore a potential role of large-scale upper 

tropospheric dynamic features observed over the Indian Ocean during DYNAMO/AMIE in the 

development of several observed eastward propagating large-scale convective events (LCEs). At 

a single location in the equatorial Indian Ocean, PH13 noted a regular period in the anomalies of 

zonal wind at 150 hPa and temperature and humidity between about 500 and 200 hPa. Whether 

the anomalies were caused by deep convection or existed elsewhere prior to the formation of 

deep convection was not determinable from rawinsonde data at a single location. However 

studies such as Gottschalck et al. (2013) showed that velocity potential anomalies at 200 hPa, 

which were dominated by zonal wind anomalies, propagated into the Indian Ocean from the west 

during DYNAMO. Therefore, the onset of convection may have been related to associated 

favorable anomalous large-scale vertical motions propagating into the region.  

We focus on the initial onset of MJO-related convection, which during the cases observed 

during DYNAMO/AMIE, occurred over the central Indian Ocean. We will relate deep large-

scale vertical motion anomalies with development and suppression of deep convection and 

MCSs associated with each MJO event occurring between October 2011 and March 2012 over 

the Indian Ocean. We will proceed by: 

1) Calculating large-scale vertical motions in the upper-troposphere and documenting 

whether anomalous vertical motions propagate eastward around the globe,  

2) Revealing the zonal structure through the depth of the troposphere of any such 

vertical motion anomalies and zonal wind anomalies, 

3) Determining, as in Kumar et al. (2014), vertical profiles of temperature and water 

vapor during periods when moderately deep (3–7 km) cumulonimbi do and do not 

grow into deep cumulonimbi, and; 
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4) Exploring whether motions obtained in (1) and (2) were sufficient to have supported 

deep cumulonimbus formation over the Indian Ocean based on results from (3). 

4.2 DATA AND REANALYSIS 

Global structures of velocity potential, upper-tropospheric divergence, vertical motion, 

and zonal wind are determined using ERA-Interim reanalysis (ERA-I; Dee et al. 2011) at 6-hour 

temporal resolution. The seasonal cycle is first removed from all model fields used by removing 

the annual average and the first three harmonics using a composite of reanalysis data from 1979–

2011. Anomalies are then calculated relative to the mean of the resulting fields from 1 August to 

31 March. 

 Radar data used in Section 4.5 is from the S-band radar of the National Center for 

Atmospheric Research (NCAR) S-PolKa system at 0.63ºS, 73.10ºE. Specifically, we use range 

height indicator scans (RHIs, an RHI scan being defined as a continuous scan of the antenna 

elevation angle upward or downward while pointing in a constant azimuthal direction) in the 

northeastern quadrant of the region of radar coverage. Spacing between recorded elevation angle 

data for RHIs was 0.5º, the lowest elevation angle was 0.5º, and the highest elevation angle was 

41º. The resulting high vertical resolution allows for accurate estimations of echo top heights for 

precipitating elements. The temporal resolution of the RHI volumes was 15 min, and the data 

was recorded in range bins of 150 m out to a maximum range of 150 km. Data were collected 

from 1 October 2011–15 January 2012. 

  Rawinsonde data used in Section 4.5 are from Gan (0.69ºS, 73.15ºE) in Addu City, 

Maldives. Their temporal resolution was 3 h, and data were interpolated to 5 hPa vertical 

resolution. Details about quality control of the sounding data are available in Long and 

Holdridge (2012). Relative humidity at and above the 0ºC level is shown in this chapter with 
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Figure 4.1. Time-longitude diagram of estimated rainfall rate using the TRMM 3B42 product 

from 1 September 2011–31 March 2012. Data is degraded to 0.75º by 0.75º resolution and is 

averaged between 3ºN and 3ºS. The vertically oriented, solid, black line represents the longitude 

of Gan. The horizontally oriented black marks along the vertical black line represent the dates on 

which the first MCS was observed by radar during LCEs 1–3. 
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respect to ice. The rawinsonde-derived large-scale forcing dataset employed in Section 4.5 is that 

from Ciesielski et al. (2014) and Johnson et al. (2015). The dataset is gridded to 1º horizontal and 

25 hPa vertical resolution and covers most of the Indian Ocean. In this study, the gridded dataset 

supplements the sounding observations with original analysis from the European Center for 

Medium-range Weather Forecasting (ECMWF) model. The dataset and further details about it 

are available at http://johnson.atmos.colostate.edu/dynamo/products/gridded/index.html. The 

intraseasonal variability in convection and tropospheric structure observed within spatially 

limited radar and rawinsonde datasets has been shown to be consistent with the same over a 

much larger domain spanning much of the equatorial Indian Ocean (Chapter 3). They also 

showed that the time scale required for the distribution of precipitating clouds to transition from 

moderately deep congestus to deep cumulonimbi prior to MJO convective onset, as observed by 

S-PolKa, was consistent with that on the large-scale. 

 Precipitation rates are derived from rainfall estimates of the version-7 3B42 products 

(Huffman et al. 2007), which are generated using data from the Tropical Rainfall Measuring 

Mission (TRMM) satellite (Kummerow et al. 1998) and other satellite platforms. Details about 

the 3B42 algorithm can be found at ftp://meso-

a.gsfc.nasa.gov/pub/trmmdocs/3B42_3B43_doc.pdf. Figure 4.1 is a time-longitude diagram of 

the precipitation rain rates averaged between 3ºN and 3ºS. The solid black vertical line in this 

and later figures of this format highlights the longitude of Gan. Along the vertical line are black 

marks that mark the dates of the first MCSs observed via ground-based precipitation radar in 

Addu City (see Section 2.4) during large-scale convective events (LCEs) in October (LCE1), 

November (LCE2), and December (LCE3). Those dates are 16 October, 18 November, and 15 

December. (Radar-domain averaged precipitation that was not stratiform in nature but was in 
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excess of 3 mm day−1 was observed as early as 12 November near the beginning of LCE2.) The 

ground-based radars were inactive after 9 February. Increased precipitation also occurred over 

the equatorial Indian Ocean in late February and March, and this event is henceforth referred to 

as LCE5. A January event, which was located away from the equator but seen in TRMM data by 

(Yoneyama et al. 2013), will be referred to as LCE4. Precipitation in much of the equatorial 

Western Hemisphere was near zero before February; more precipitation was observed after 1 

February as the intertropical convergence zone over South America and the Atlantic Ocean 

moved southward. 

4.3 VELOCITY POTENTIAL ANOMALIES AT 150 HPA 

 Convection associated with the MJO during DYNAMO/AMIE was usually located 

within 5–10º of latitude of the equator (Yoneyama et al. 2013). Furthermore, outgoing longwave 

radiation (OLR) regressed onto the first two principal components (PCs) of the Δχ (Laplacian of 

velocity potential) field yield structures that extend to about 10–15 degrees of latitude (Adames 

and Wallace 2014a). Primarily because of the latter, methods of tracking the zonal propagation 

(e.g. Wheeler and Weickmann 2001) of mean near-equatorial OLR or zonal wind anomalies 

typically average such fields between 10º and 10ºS. However the leading edge of zonal wind 

structures as they enter the Indian Ocean may be restricted to very close to the equator (Adames 

and Wallace 2014a, Haertel et al. 2014). If the leading edges of the zonal wind anomalies are 

dynamically important for MJO convective onset, then identification and prediction of MJO 

events in general may benefit from considering averages of relevant fields over a narrow range 

of latitude near the equator. Therefore, all time-longitude Hovmöller diagrams in this chapter are 

averaged between 3ºN and 3ºS. 
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 Figure 4.2 shows the progression of 150 hPa velocity potential anomalies (χ150'), which 

are derived from ERA-I, through the near-equatorial region between 1 September 2011 and 31 

March 2012.  White dots scattered throughout the figure align longitudinally with the minimum 

of χ150' at each time. Gottschalck et al. (2013) showed similar figures for the 200 hPa level; 

however, because zonal wind anomalies during DYNAMO/AMIE were stronger at 150 hPa 

(Figure 2.7), and coherence between the first two PCs of the velocity potential signal at 150 hPa 

is slightly more coherent than that at 200 hPa (Adames and Wallace 2014a), we use velocity 

potential at 150 hPa. The gradient of the velocity potential is the vector divergent wind field, and 

the Laplacian of the velocity potential represents the divergence. The velocity potential 

effectively represents the gravest modes of divergence present at a given pressure level, such that 

negative velocity potential is indicative of large-scale divergence (e.g. Lorenc 1984, Hendon 

1986). PH13 showed that zonal wind anomalies with variability of ~30 days dominated the 

vector wind anomalies on the same time scale; therefore the χ150' field was mostly a consequence 

of the 150 hPa zonal wind anomaly. 

 Velocity potential anomalies were negative near Gan at the beginning of September and 

were probably associated with heightened convective activity over the Indian Ocean during late 

August and early September. Positive velocity potential anomalies were located to the west of 

the negative anomalies at the same time. The negative (positive) anomalies were present near the 

Date Line between 15 September and 4 October (4 October and 3 November). χ150' was positive 

over Gan between 21 September and 15 October. Positive χ150' clearly continued eastward past  

over South America and the Atlantic propagated eastward into the Indian Ocean, and the velocity 

potential anomaly became negative at Gan on 15 October. The negative anomaly then repeatedly 

circumnavigated the globe, again reaching Gan on 15 November and 15 December. The negative  
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Figure 4.2. Time-longitude diagram of 150 hPa velocity potential (χ) anomaly derived from 

ERA-I averaged from 3ºN to 3ºS. See Fig. 1 for description of black lines and marks. White dots 

at each time represent the longitude of the minimum velocity potential anomaly. 
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the Date Line; however, it is not clear whether the negative anomaly also propagated past the 

Date Line. Nonetheless, a region of negative χ150' with a longitudinal width of 90 to 120 degrees 

anomaly cannot be distinctly traced again beyond the Date Line, although negative anomalies 

propagated eastward from the central Pacific separately in early and mid-January, with 

intermittent negative χ150' occurring over Gan in January. The negative anomaly further tracked 

around the globe again until it reached Gan on 15 February. It then continued to propagate off to 

the east, and was situated over the Atlantic and Africa by the end of March.  

If the negative anomaly over the Indian Ocean in September connected to the negative 

anomaly that subsequently propagated around the globe during October, then the October LCE 

was likely a successive event directly linked to the precipitation event there in August and 

September. Yoneyama et al. (2013) articulated the same idea. (See Matthews (2008) for a 

description of primary and successive MJO events.) LCE2 is clearly linked through the χ150' field 

to LCE1 as is LCE3 to LCE2. The negative χ150' anomalies present over the Indian Ocean during 

mid- to late-January appear to be directly connected to those over the Indian Ocean in mid- to 

late-December as are the same anomalies detected over the Indian Ocean in February and March 

to the ones seen in January. One could argue based on the propagation of the negative velocity 

potential anomaly that all of the extended periods of negative χ150' over Gan might be attributed 

to the same velocity potential anomaly that continually propagated around the globe during 

DYNAMO/AMIE. This interpretation is further supported below when we highlight the low-

frequency component of large-scale vertical motion associated with the χ150 field. Because the 

first negative velocity potential anomalies preceded by 1–2 days the first MCS formation 

associated with LCEs 1 and 2 at Gan and correspond closely with the MCS development at the 

start of LCE3, a physical relationship between the arrival of negative velocity potential in the 
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upper-troposphere and formation of persistent deep convection over the Indian Ocean is 

suspected just as it originally was by Knutson and Weickmann (1987). 

4.4 VERTICAL VELOCITY AND ZONAL WIND STRUCTURES 

4.4.1 Time-longitude diagrams of vertical velocity anomalies 

 Because the tropopause can be approximated as a rigid lid for most tropospheric motions, 

a negative velocity potential anomaly, or positive large-scale divergence anomaly, in the upper-

troposphere must then be associated with anomalous upward motion below. Figure 4.3 depicts 

the 300 hPa vertical velocity (ω) fields derived from ERA-I. Within 3º longitude and latitude of 

Gan, divergence, smoothed with a four-day running mean, at 200 hPa is strongly correlated with 

vertical motion, also smoothed, at 300 hPa (Correlation coefficient ρ = −0.86; 95% confidence 

interval: −0.61 ≥ ρ ≥ −0.95). Similarly high correlations existed throughout the tropics. Frequent 

ω of −0.2 to −0.3 Pa s−1 occurred over the Indian Ocean and Maritime Continent during 

convectively active periods, particularly in October–December. Eastward propagating streaks of 

ω with magnitudes as large as −0.5 Pa s−1 can probably be attributed to high wavenumber Kelvin 

waves (Johnson and Ciesielski 2013, DePasquale et al. 2014). No coherent ω structures appear 

that are associated with the velocity potential anomaly that propagated through the Indian Ocean 

in late January. Upward motion at 300 hPa between 75ºW and 30ºE after 1 February is 

associated at least partially with increased latent heating (inferred from enhanced precipitation 

associated with the southward shift of the ITCZ; Figure 4.1) during that period. The strongest 

upward motions shown in Figure 4.3 are constrained to regions and times where the greatest  

amounts of precipitation are known to have fallen (Figure 4.1). Recall that all values described 

here are representative only of motions within a model grid point. Actual vertical velocities on 
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Figure 4.3. Same as Figure 4.2 but with color contours for 300 hPa ω. 
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the sub-grid scale are bound to locally exceed the values shown in Figure 4.3 in some locations 

and perhaps have opposite sign in others.  

 In nature, divergence and vertical velocity are both highly variable in space and time. The 

velocity potential field contains information about both the low and high frequency variability in 

the divergence field; however, the low-frequency component of divergence contributes strongly 

to its total and the Laplacian of its smoothed field yields large-scale structures of divergence. 

Smoothing the global divergence and vertical velocity fields to suppress their high-frequency 

signals thus reveals the large-scale structures associated with most of the total velocity potential. 

Details about the smoothing technique used are provided in Appendix A. We first smooth 

vertical velocity so that the magnitude of the resulting field at all grid points was, globally, a 

median of 90% of the original field’s magnitude. Doing so, we obtained fields that represent 

large-scale divergence and vertical velocity. By setting σx = 27 and σy = 13 (see Appendix A for 

definitions of variables), we only suppress signals with zonal (meridional) wavelength less than 

120º (60º). Resulting signals are therefore spatially smaller, both zonally and meridionally, than 

the size of the zonal wind or vertical velocity fields associated with the MJO as documented by 

Adames and Wallace (2014a,b). The Hovmöller for smoothed vertical velocity anomalies (ω’) is 

given in Figure 4.4, and the white dots represent the 150 hPa velocity potential minima using the 

same smoothing as used on 300 hPa ω. Sustained anomalous large-scale upward motion began at 

Gan at 300 hPa on 15 October, 17 November, 13 December, 12 January, and 12 February. 

Westward propagating negative anomalies of ω also moved into the Indian Ocean from the TWP 

between LCE2 and LCE3, between LCE3 and LCE4, and between LCE4 and LCE5. The 

westward propagating anomalies even appeared to reach Gan a few days before the eastward 

propagating circumnavigating anomalies prior to LCE5. Smoothed ω’ throughout the tropics was 
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Figure 4.4. Time-longitude plot of the smoothed 300 hPa ω’ field derived from ERA-I averaged 

between 3ºN and 3ºS. Smoothing was completed with σx = 27 and σy = 13 as described in the 

text. The black lines are described in Figure 4.1. The scattered white dots represent the minimum 

velocity potential anomaly at each time after the velocity potential fields are also smoothed. 
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Figure 4.5. Same as Figure 4.4 but with σx = 54 and σy = 20. 
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usually less than 0.05 Pa s−1 in magnitude and between 0.01–0.03 Pa s−1 in the Western 

Hemisphere, where widespread, deep convection at the equator was less prevalent. 

 A stronger low-pass filter (i.e. more smoothing) more clearly depicts circumnavigating 

behavior of large-scale vertical velocity anomalies. The extrema of the first two PCs of Δχ were 

noted by Adames and Wallace (2014a) to be separated by 120º longitude. A latitudinal half-

width of 22.5º closely corresponds to the width of the anomalous zonal wind signal in ERA-I 

(not shown) and contains the vertical velocity signal regressed onto the first two PCs of Δχ as 

described by Adames and Wallace (2014b). For such a filter, σx = 54, and σy = 20, and when 

applied to the χ150' field, the resulting field has a median magnitude of 78% of the original field. 

In other words, about 78% of the total velocity potential anomaly can be explained by 

components of the divergence with zonal wavenumber 1.5 or lower. The Hovmöller for ω’ with 

the new filter is shown in Figure 4.5. Circumnavigating areas of large-scale upward motion are 

more clearly seen; however they arrived after onset of LCEs 1 and 2 at Gan. Westward 

propagating areas of upward motion over the Indian Ocean after LCEs 3 and 4 are not clearly 

evident. While the components of upper-tropospheric vertical motion and velocity potential with 

lowest zonal frequencies obviously circumnavigated repeatedly, zonally or meridionally 

narrower features were evidently important for the exact timing of initial convective onset 

associated with each LCE. 

4.4.2 Longitude-height cross sections of vertical velocity and zonal wind anomalies 

 Figure 4.6 and Figure 4.7 show zonal cross sections, respectively, of the filtered vertical 

velocity and zonal wind anomalies computed with each filter. The gray vectors on each represent 

the anomalous zonal and vertical velocity using each filter, with vertical velocity multiplied by 

104. They represent a composite structure of each averaged within 3º of the equator and 
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composited about the longitude at which the 150 hPa velocity potential anomaly with the same 

smoother applied is a minimum. The composites represent the structures only during periods of 

suppressed convection and mean large-scale subsidence anomalies over the Indian Ocean, 

specifically 1–14 October and 10–16 November. Given the small sample size, the signs of 

vertical motion associated with the ω’ structures are not statistically significant except in a few 

locations where their magnitudes are large. Because equatorial convection was also suppressed 

during these periods in the Western Hemisphere, the anomalies, with one important exception 

detailed below, were not strongly influenced by diabatic heating. Figure 4.6a is the ω’ cross 

section for σx = 27, and σy = 13. The maximum magnitude of ω’ was about 0.008 (0.01) Pa s-1 in 

the ascending (descending) branch and occurred between 300 hPa and 500 hPa. ω’ was tilted 

westward with height, so that anomalous subsidence first gave way to anomalous upward motion 

in the lower troposphere about 150º longitude to the east of the χ150
’ minimum. Such a tilted 

structure is consistent with a build-up in the depth of convection over the Indian Ocean as the 

structure moved eastward and subsidence was reduced. The exception mentioned above to the 

filtered ω’ representing a dry signal is an effect of the small filter passing disturbances of up to 

wavenumber three: The lower-tropospheric upward motion anomalies east of the minimum in 

omega at 300–500 hPa are probably associated with shallow convection. The maximum 

magnitudes for ω’ using the larger filter (σx = 54, and σy = 20; Figure 4.6b) occurred between 

300 hPa and 500 hPa and are between 0.005 (0.007) Pa s-1 for the ascending (descending) branch. 

The downward (upward) portion of the ω’ structure was tilted westward (eastward) with height. 

Recall that the structure in Figure 4.6b preserves wavenumbers 1.5 and lower; the wavenumber 1 

structure (not shown) is not tilted with height but the magnitude of its signal is one-third to one- 
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Figure 4.6. Mean longitude-height cross sections of smoothed ω’ derived from ERA-I 

composited about the longitude of the χ150' minimum as described in the text for a) σx = 27 and 

σy = 13 and b) σx = 54 and σy = 20. Gray vectors represent the anomalous zonal and vertical 

velocity using each filter, with vertical velocity multiplied by 104. 

  



 

 

105 

 
  
 
 
 
 
 

  
  
Figure 4.7. As in Figure 4.6, but for u'. 
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half of that shown in Figure 4.6b. The vertical motion is consistent with a completely dry mass 

continuity response to the zonal wind/divergence structure seen in Figure 4.7 below. 

 Regardless of the smoothing used, structures of zonal wind anomalies (u’) are very 

similar (Figure 4.7), meaning that the zonal wind signal was predominantly wavenumber 1.5 or 

lower in structure. Westerly (easterly) anomalies were maximized at 150–200 hPa and were 

tilted eastward with height. The direction of the tilt with height was, interestingly, in contrast to 

that found within a convectively active MJO region (i.e. Kiladis et al. 2005). We also checked 

the composite u’ structure during periods of active MJO convection (not shown) and found u’ 

structures that did tilt westward with height as in Kiladis et al. (2005). The ω’ seen in Figure 

4.6b is consistent with divergence/convergence patterns throughout the troposphere as seen in 

Figure 4.7. The smooth structure of zonal wind anomalies probably determined broadly where 

anomalous ascent and descent occurred, while higher-frequency disturbances or regional 

dynamics probably contributed to the tilted structure seen in Figure 4.6a and may have been 

more important for determining exactly when MJO convective onset occurred and how quickly 

convection transitioned from shallow to deep. 

4.5 LARGE-SCALE CONDITIONS PRIOR TO FORMATION OF MEDIUM AND DEEP 

CUMULONIMBI AND BEFORE LCE ONSET 

4.5.1 Methodology 

 Kumar et al. (2014; hereafter K14) concluded that large-scale vertical motion, and the 

resulting vertical advection of moisture caused by it, was the critical ingredient necessary for 

formation of widespread deep cumulonimbus clouds near Darwin, Australia. Using a similar 

methodology, we reach the same conclusion for the convection observed by S-PolKa at Addu 

City during DYNAMO/AMIE. However given the timescale involved for MJO onset compared 
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to the timescale involved for individual clouds to grow into deep cumulonimbi, our reasoning 

and interpretation are somewhat different. Unless stated explicitly, the methods used in this 

section are the same as those of K14.  

 In brief, K14 tracked convective cells having a 0 dBZ echo top height (ETH) between 3 

and 7 km to determine the mean vector motion of cells within the radar volume of interest. They 

then searched downstream of the cell to determine the probability of that cell having grown into 

a deep cumulonimbus (0 dBZ ETH > 9 km). They then studied large-scale conditions in the 

hours prior to times dominated by cells that grew into deep cumulonimbus (Cb) and prior to 

times dominated by cells that did not. Large-scale regimes prior to deep Cb periods were 

preceded by enhanced upward motion, vertical advection of moisture, and relative humidity 

between 600 and 300 hPa. Lapse rates during the regimes prior to times with deep and medium 

Cb were, in contrast, very similar. For clarity, we henceforth refer to the 3–7 km cells that we 

track as Cb3–7km, and we will use “Cb” and “Cg” to describe the Cb3–7km cells after they did or 

did not deepen, respectively. “Cg” refers colloquially to precipitating congestus clouds. 

 K14 use Thunderstorm Identification, Tracking, Analysis, and Nowcasting (TITAN) 

software (Dixon and Wiener 1993) to track cells. Because we track a large number of stratiform 

elements as well in order to obtain mean cloud motion, the Tracking Radar Echoes by 

Correlation (ctrec) package within TITAN is more appropriate (Dixon 2005). As such, no 

minimum area or reflectivity requirement is necessary for cell tracking as in K14. 

 Henceforth, large-scale environmental regimes will be referred to as “Cb regimes” or “Cg 

regimes”. The regimes refer to the environmental conditions or the time period during the six  
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Figure 4.8. Times and dates of Cg, transition, and Cb periods. The two X symbols in each 

column represent median times/dates of each period prior to the October and November large-

scale convective events. 
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hours prior to the 6-hour block during which the clouds were observed. We refer to the times 

during which the clouds were observed as “Cb periods” or “Cg periods”, such that, for example, 

“Cg regimes” occur before their corresponding “Cg periods”. As in K14, the ratio of Cb to the 

sum of Cb and Cg within 6-hour long time periods (00–06 UTC, 06–12 UTC, 12–18 UTC, and 

18–00 UTC) determined whether each 6-hour block was dominated by Cb or Cg. Using the same 

tercile criteria as K14, any 6-h period in which that ratio was zero followed a Cg regime. Any 6-

h period during which the ratio exceeded 0.26 followed a Cb regime. We refer to periods in 

which the ratio was > 0 but < 0.26 as “transition periods”, which were preceded by “transition 

regimes”. Figure 4.8 represents the temporal distribution of each period. In Figure 4.8, each blue, 

black, or red circle represents a time/date classified as a Cg, transition, or Cb period respectively. 

The two “X” marks in each column represent the median times/dates of occurrence of each 

period prior to the October and November LCEs. The median dates/times are 6 October, 06 UTC 

and 6 November, 00 UTC (Cg), 7 October, 18 UTC and 10 November, 15 UTC (transition), and 

12 October, 03 UTC and 14 November, 21 UTC (Cb).  

 K14 created the above methodology to study the effect of the large-scale environment on 

the growth of cumulonimbi on timescales of hours. In contrast, the large-scale evolution of the 

cloud population prior to MJO onset occurs over days. As seen in Figure 4.8, the largest density 

of Cg periods occurs several days prior to MJO onset, and Cb periods occur most commonly 

closer to MJO onset. What we label as transition periods occur whenever the radar does not see 

enough Cb to classify the time as a Cb period. This can happen anytime during the evolution of 

the cloud population. On average during the two MJO cases included in this study, small but 

nonzero occurrence of Cb (i.e. a transition period) is maximized after the highest frequency of 

Cg periods and before the highest frequency of Cb periods. Therefore the composite large-scale 
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environments prior to MJO convective onset, when compared, depict a transition from a Cg 

regime to a Cb regime. For consistency with K14, we have chosen to examine the environment 6 

hours before clouds are observed; however, the changes in the large-scale environment that are 

of interest to us occur over days. If we examine the environment during the period of observed 

growth instead of 6 hours before it, our results are the same. 

 Environmental fields demonstrated in this section are derived from rawinsonde data 

(Figure 4.9) or large-scale forcing (Fig. 10) and are used to characterize conditions during each 

regime. All results in these figures are composited over all times/dates during which a Cg, 

transition, or Cb regime is present. For large-scale forcing, variables are averaged within an area 

bound by 3ºS, 3ºN, 71ºE, and 76ºE, the approximate bounds on the entire S-PolKa surveillance 

domain. 

4.5.2 Results 

 A total of 10,325 Cb3–7km cells were identified. Of those, 2,725 had at least 80% 

likelihood of growing into a Cb. The 1:2.8 ratio between Cg and Cb is identical to that reported 

by K14. Because we are interested in large-scale conditions prior to MJO convective onset, we 

will only investigate Cb and Cg environments during convectively suppressed periods prior to 

LCE onset, or from 1–15 October and 1–17 November. Within these periods, 986 Cb cells 

developed during Cb periods and 2,003 Cg cells were observed during Cg periods. 

 Figure 4.9 shows profiles of relative humidity (RH), lapse rate, temperature, and specific 

humidity characteristic of Cg and Cb environmental regimes. All profiles are derived from the 

Gan rawinsonde data. Shaded regions cover the 95% confidence interval for each field, except 

for in Figure 4.9c, in which the intervals are approximately the widths of each line. The 95% 

confidence intervals are computed using the bootstrapping technique used in K14 and described  
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Figure 4.9. Vertical mean profiles derived from Gan rawinsonde data of a) lapse rate, b) relative 

humidity, c) temperature, and d) specific humidity during Cg (purple) and Cb (red) 

environmental regimes. The shaded region of corresponding color covers the 95% confidence 

interval of each mean. 
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in greater detail by Chu and Wang (1997). As in K14, no consistent or significant difference is 

noted in the lapse rates between the two environmental regimes at any height (Figure 4.9a). In 

fact, in the upper half of the troposphere, the lapse rates approached the climatological moist 

adiabat as in Mapes (2001). The static stability prior to Cb development was not greater than it 

was prior to periods in which Cb were not prevalent. The RH profile (Figure 4.9b) during the Cb 

regime was 10 to 15% (absolute RH%) greater between 900 and 650 hPa, while the RH profile 

above 600 hPa was fairly consistent between regimes, especially considering the low absolute 

humidity present aloft. Figure 4.9c–d are shown to illustrate that RH was largely controlled by 

specific humidity. The temperature difference between regimes at all levels was < 1K. The low 

RH (50–60%) near 700 hPa during the Cg regime was probably related to a climatological 

minimum in cloudiness and humidity near that level in the tropics (Zuidema 1998, Yoneyama et 

al. 2003). Greater low-tropospheric humidity during Cb regimes was likely responsible for the 

growth of Cb3–7km clouds (Section 4.1). Table 4.1 shows the 95% confidence range for the 

number Cg or Cb occurring during Cg, transition, or Cb regimes. Essentially the same number of 

Cg was present during Cg regimes as during Cb regimes, but the number of Cg was larger during 

transition regimes. Thus, the differences in tropospheric RH during the Cg and Cb regimes might  

 

 

Table 4.1. 95% confidence range of the number of Cg or Cb present during Cg, transition, and 

Cb environmental regimes as described in the text.  

Cloud type/regime Cg regime Transition Cb regime 

Cg 26–43 37–69 19–44 

Cb 0 5–10 24–63 

 



 

 

113 

 
 
 

  
 

Figure 4.10. Vertical profiles of a) vertical velocity (ω), b) apparent heating (Q1), c) apparent 

moisture sink (Q2), d) horizontal moisture advection, e) vertical moisture advection, f) total 

moisture advection, g) Eulerian moisture tendency, and h) Q1 − LvQ2 cp derived from a large-

scale forcing dataset as described in the text. Purple, black, and red lines represent the estimated 

mean at each level during Cg, transition, and Cb environmental regimes respectively. The shaded 

region of corresponding color covers the 95% confidence interval of each mean. All fields are 

averaged between 3ºN, 3ºS, 71ºE, and 76ºE. 
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be explained by the potentially larger number of Cg cells during transition regimes, but the mere 

presence of a large population of Cg elements does not mean that convection deepened. 

 Figure 4.10 displays profiles of vertical velocity (omega), apparent heat source (Q1), 

apparent moisture sink (Q2), horizontal moisture advection (HADV), vertical moisture advection 

(VADV), total moisture advection (TADV; HADV + VADV), and Eulerian moisture tendency (

) derived from large-scale forcing during Cg (purple), transition (black), and Cb (red) 

regimes. The 95% confidence interval for each profile is calculated as above and is shown as a 

shaded region. The median of the distribution of means obtained by the bootstrapping method is 

shown as a solid line within the shaded region, and our discussion below will focus on 

relationships between these means. Because of the small sample size used, many of our  

statements or conclusions below cannot be proven to be statistically robust. However, a 

comparison of the mean profiles is nonetheless interesting, and the following results are broadly 

consistent with those of (Ruppert and Johnson, 2015). Upward motion (Figure 4.10a) increased 

slightly between Cg and transition regimes, while Q1 (Figure 4.10b) remained similar but was 

generally slightly larger during transition regimes. Greater upward motion and heating during Cb 

regimes was certainly a consequence of the fact that a large amount of deep convection was 

already present (Table 4.1). Q2 (Figure 4.10c) was near zero throughout the troposphere during 

Cg regimes, negative (meaning moistening) between 850 and 650 hPa during transition regimes, 

and positive through a deep layer during Cb regimes. Similar wide ranges of drying by horizontal 

advection (HADV) were seen during all regimes (Figure 4.10d). Vertical moisture advection 

(VADV) was small but positive above 400 hPa during Cg regimes, and 2–3 times larger during 

transition regimes (Figure 4.10e). However, VADV approached zero above 400 hPa during 

transition regimes as well, consistent with the small number of Cb observed in the following 6 

∂q ∂t
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hour period (Table 4.1). VADV was large throughout the troposphere during Cb regimes. The 

resulting total moisture advection (TADV) is shown in Figure 4.10f.  

 The Eulerian moisture tendency  is 

 ∂q
∂t
= −vh ⋅∇q−ω

∂q
∂p

−Q2 , (4.1) 

in which  is the horizontal wind vector, and q is specific humidity. The profiles of  are 

shown in Figure 4.10g, which shows three interesting features: Drying above 500 hPa during Cg 

regimes, relatively rapid moistening between 850 hPa and 600 hPa during transition regimes, and 

moistening between 550 and 350 hPa during Cb regimes. Q2 in the large-scale forcing dataset 

was computed using the other three terms in Eq. 4.1, and can be defined ignoring ice processes 

following (Yanai et al. 1973) as 

 , (4.2) 

in which c and e respectively represent condensation and evaporation rates. The overbars 

represent means within a fraction of the large-scale domain of interest large enough to contain a 

representative sample of the large-scale cloud population. Primes represent deviations from that 

mean and represent sub-grid scale processes occurring above the surface within convective 

updrafts that are not resolved even at “cloud-resolving” (e.g. order of 1 km) horizontal 

resolution. The final term in Eq. 4.2 represents the vertical eddy flux divergence of eddy 

moisture, which, above the surface, represents cloud moistening via vertical mass transport. The 

moistening necessary to achieve the RH profile (Figure 4.9a) during Cb regimes occurred during 

transition regimes (Figure 4.10c,g). An increased number of Cg elements was seen in the lower-

troposphere during brief transition regimes (Table 4.1). This certainly increased vertical eddy 

flux divergence of moisture and possibly evaporation of cloud condensate into the environment 

∂q ∂t

  vh ∂q ∂t

Q2 = c − e( )+ ∂
∂p

′ω ′q( )
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via detrainment from middle and upper portions of Cg. However, we cannot definitively tell 

from our current observational dataset whether either term in Eq. 4.2 is mostly responsible for 

positive moisture tendencies in Eq. 4.1 or their contributions are similar. However consider the 

equation for Q1 ignoring ice processes (Yanai et al. 1973):  

 Q1 =QR +
1
cp

Lv c − e( )+ ∂
∂p

#ω #s( )
$

%
&

'

(
) , (4.3) 

in which cp is the specific heat of water at constant pressure, QR is radiative heating, Lv is latent 

heat of vaporization, s is dry static energy, and overbars and primes are as in Eq. 4.2. The Q1 

profiles during transition regimes were very similar to those during Cg regimes. Multiplying Eq. 

4.2 by Lv cp  then subtracting Eq. 4.2 from Eq. 4.3 yields 

 Q1 −
Lv
cp
Q2 =QR −

1
cp

∂
∂p

#ω #h( ) . (4.4) 

in which h = s + Lvq is the moist static energy (MSE). The values of Eq. 4.4 are shown in Figure 

4.10h, although the plotted values include ice processes where applicable. We are, however, 

interested in its value in the lower troposphere. During Cg regimes, Eq. 4.4 yields Q1 − LvQ2 cp ≈ 

0 at all levels, meaning that the vertical flux divergence of MSE approximately balanced cooling 

by radiation. During transition regimes, Q1 − LvQ2 cp was distinctly positive between 850 and 

650 hPa, but the relative contributions of heat and moisture flux divergences are unknown. The 

mean radiative (longwave + shortwave) cooling rates as derived by Feng et al. (2014) are no 

more than 0.2 K day-1 more during transition regimes than during Cg regimes (Figure 4.11) and 

so do not contribute significantly to changes in Eq. 4.4 between regimes. It is also interesting to 

note the peak in longwave cooling between 550–650 hPa during Cg and transition regimes. This  
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Figure 4.11. Mean total radiative heating (longwave + shortwave) rates during Cg (purple), 

transition (black), and Cb (red) regimes. The shaded region of corresponding color covers the 

95% confidence interval of each mean. 
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likely represents infrared cooling from the tops of congestus clouds. The altitude of the cooling is 

consistent with the top of the layer in which Q1 − LvQ2 cp is distinctly positive. A modeling study 

that resolves convective processes will be necessary to estimate the relative contributions of 

sensible and latent heat flux divergence to the eddy MSE flux divergence, but either potential 

moistening process (evaporation and eddy flux divergence of moisture) is likely related to moist 

convection. However, congestus clouds were also present during Cg periods and did not cause 

moistening. Why did they become more numerous and begin moistening the lower troposphere?  

4.6 CONNECTING LARGE-SCALE ANOMALOUS VERTICAL MOTIONS AND CLOUD 

MOISTENING 

 As the large-scale zonal wind anomaly (Figure 4.7) propagated eastward around the 

globe, a wavenumber one vertical velocity anomaly (Figure 4.6b) moved with it. During a 

convectively suppressed period over the Indian Ocean, large-scale subsidence associated with 

this feature eventually decreased through much of the troposphere. From a budgetary point of 

view, and assuming minimal changes in temperature in accordance with Figure 4.9c, a reduction 

in adiabatic cooling associated with a reduction in mean large-scale subsidence must be balanced 

by a reduction in radiative cooling or an increase in convective heating to maintain radiative 

convective balance. Figure 4.12 shows the difference in ω’ at Gan (73.15ºE) between the median 

times/dates of transition regimes and Cg regimes (Figure 4.8). We compute this difference by 

first determining the average longitude of the χ150' minimum (smoothed here with the large filter 

for consistency) during the times/dates within 12 hours of the median ones mentioned in Section 

4.5.  The Cg and transition median dates are separated by an average of 4 days. During Cg 

(transition) regimes, Gan was an average of 126º (84º) longitude east of the χ150' minimum. The  

  



 

 

119 

 

 

 

 

 

 

 

  
 

Figure 4.12. Difference in large-scale ω’ (σx = 54 and σy = 20) between transition and Cg periods 

using the method described in the text. 
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Figure 4.13. Changes in adiabatic (blue) and radiative (red) heating rates directly associated with 

the difference in ω’ shown in Figure 4.12. The black line is the sum of the red and blue lines. 
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representative ω’ profile for each regime is then taken from the appropriate longitude (to the 

right of the zero reference longitude) in Figure 4.6b. 

The blue line in Figure 4.13 depicts the change in adiabatic heating rate associated with 

the reduction in subsidence illustrated in Figure 4.12. We then, assuming a constant vertical 

motion of half that seen in Figure 4.12, determine a new humidity profile associated directly (i.e. 

with no moist convection) with vertical advection of moisture under the reduced subsidence for a 

period of 4 days. We are then able to compare two vertical profiles of humidity—one each for 

the Cg regime, taken from Figure 4.9d, and the transition regime, derived using the one in Figure 

4.9d and the vertical motion in Figure 4.12. Using pressure levels spaced by 25 hPa and ranging 

from 100–1000 hPa, the temperature profile associated with the Cg regime, a constant sea 

surface temperature of 302K and standard profiles of atmospheric trace gases (CO2, O3, N2O, 

CO, CH4, and O2) included in the Rapid Radiative Transfer Model (RRTM; Mlawer et al. 1997), 

we insert each of the humidity profiles into RRTM and examine the aggregate change in 

longwave radiative heating rates assuming the change in water vapor detailed above occurred 

instantaneously. The red line in Figure 4.13 depicts that change in radiative heating rate, and the 

black line is the sum of the changes in adiabatic and radiative heating rates. If the two balanced, 

the black line would follow 0. Except below 925 hPa, the increase in radiative heating by water 

vapor was insufficient to balance the reduced adiabatic heating caused by a reduction in 

subsidence. Near the surface, vertical motion approaches zero, and so the increase in radiative 

heating dominated the total change in heating rate. Between 700 and 925 hPa, reduction in 

adiabatic heating dominated the change in heating rate. Thus, the reduction in subsidence acted 

to steepen the lapse rate below 700 hPa. Integrating the changes in heating seen in Figure 4.13 

over 4 days, the reduction in subsidence acted to steepen the 1000–700 hPa lapse rate by about 
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0.16 K km–1. Even if we do not assume that moistening occurred instantaneously, the reduction 

in adiabatic heating alone is enough to force some lapse rate steepening below 500 hPa. The 

slight destabilization of the environment was favorable for development of more congestus-like 

convection, which in turn acted to help balance the deficit in heating and probably to restore the 

lapse rate so that it did not change significantly between Cg and Cb regimes (i.e. Figure 4.9a). 

The moderately deep convection moistened the lower troposphere as discussed in Section 4.5 

and then deep convection developed. Under strong subsidence, moderately deep (and even 

15km+ deep) cumulonimbi can still exist, but they apparently cannot efficiently moisten the 

troposphere. 

 Another interesting feature is the moistening of the upper-troposphere during Cb regimes. 

Figure 14a is a plot similar to Figure 4.12, except for a difference between Cb regimes and Cg 

regimes using the ω’ for the smaller filter (Figure 4.6a). Here we use ω’ from the smaller filter 

because we are interested in dry large-scale vertical motions in the upper-troposphere even if 

they are not wavenumber one structures. We then, assuming all else equal, find that the increase 

in VADV associated with the change in ω’ accounted for 15–25% of the difference in  at 

300–500 hPa between Cb and Cg regimes (not shown). Fig. 14b shows a profile of the fraction 

of the total positive moistening during Cb regimes (Fig. 10g) that can be explained by the 

increase in VADV associated only with the change in ω’ seen in Fig. 14a. At most levels  

was small during Cb regimes and the plot in Fig. 14b probably means little, but between 525 and 

350 hPa, where  was distinctly positive, changes in ω’ contributed to ~25–50% of the total 

moistening occurring during Cb periods. Thus, while deep convection could moisten the upper 

troposphere independently, the portion of the large-scale ω anomaly aloft that was not directly  
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Figure 4.14. a) As in Figure 4.12, but for ω’ difference between Cb and Cg periods using σx = 27 

and σy = 13. b) Fraction of total positive moistening during Cb periods attributed to the change in 

vertical motion shown in Figure 4.14a. 
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caused by the deep convection expedited the process, more rapidly making the large-scale 

environment favorable for stratiform regions of precipitation to develop. 

4.7 CONCLUSIONS 

 We have explored the propagation of anomalies of velocity potential and vertical motion 

into the Indian Ocean region during the DYNAMO/AMIE field campaign (October 2011–March 

2012). Chapter 3 documented periodicity of ~30 days in upper-tropospheric zonal wind above 

300 hPa and temperature and humidity anomalies between 200 and 500 hPa over and near Gan 

Island, which is located in the central equatorial Indian Ocean in the region where MJO-related 

convection was seen to occur first for three individual large-scale convective events (LCEs) 

observed by radar. The frequent vertical profiles of tropospheric dynamic and thermodynamic 

structure provided by rawinsonde data at Gan, however, do not provide any information about 

the evolution of such anomalies as they moved through the tropics. Nor do they tell whether the 

anomalies were directly caused by the anomalous convection over the Indian Ocean, existed 

prior to convective development and propagated into the region of convective onset, or, in the 

latter case, played a role in facilitating the convection.  

 Global reanalysis fields, however, show that velocity potential (χ) anomalies at 150 hPa 

propagated into the Indian Ocean from the west, and that these anomalies were dominated by 

anomalies in zonal wind [Gottschalck et al. 2013 and Chapter 3]. Negative anomalies of χ may 

have circumnavigated continuously during the period studied, thus indicating the possibility that 

all of the LCEs examined were successive MJO events (in the manner suggested by Matthews 

(2008). For the cases during which ground-based radar data were obtained, the negative χ 

anomaly arrived 0–2 days prior to observation of the first MCS near Gan. The negative anomaly 

also arrived over the Indian Ocean in January, suggesting that the area of precipitation then 



 

 

125 

observed south of the equator (Yoneyama et al. 2013) and outside of our analysis domain may 

have been linked to similar dynamics that forced previous LCEs. 

 Large-scale vertical motion fields in the tropics have been obtained by applying a spatial 

Gaussian smoother to the vertical velocity field from reanalysis. We obtain a large-scale 

structure that is consistent with most of the total velocity potential anomaly and one that appears 

to circumnavigate the globe several times. The wavenumber one 150 hPa velocity potential 

anomaly is consistent with a mass continuity response to wavenumber one patterns of upper-

tropospheric divergence and lower-tropospheric convergence given boundary conditions of zero 

vertical motion at the surface and the tropopause. The anomalous vertical motions even persisted 

over the Western Hemisphere, where widespread precipitation (and thus deep latent heating) was 

not usually present near the equator. Higher wavenumber westward propagating anomalies of 

large-scale vertical motion sometimes also originated over the Maritime Continent and west 

Pacific and moved over the Indian Ocean. Negative velocity potential at 150 hPa and large-scale 

upward motion anomalies at 300 hPa reached the longitude of Gan 0–2 days prior to onset of 

three LCEs observed by radar.  

 We have closely followed the approach of Kumar et al. (2014) to determine large-scale 

conditions present during periods in which moderately deep (3–7 km) cumulonimbi 

predominantly grew into deep (>9 km) cumulonimbi (Cb regime) and during periods in which 

they mostly did not (Cg regime), and periods during which some clouds developed into deep 

cumulonimbi, but not frequently enough to be classified as a Cb regime (transition regime). We 

show that static stability in the troposphere was the same during Cb and Cg regimes, but that 

relative humidity was 10–15% greater below 600 hPa during Cb regimes. Thus, deep convection 

was sensitive to low-tropospheric humidity. Gradual changes in large-scale tropospheric static 
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stability do not appear to play a major role in enhancing or suppressing convection in relation to 

MJO convective onset. Instead, the larger RH during Cb regimes was likely related to an 

enhanced number of congestus elements during transition regimes. We conclude that the ability 

of moderately deep clouds to grow unrestrictedly into deep cumulonimbi was related to large-

scale vertical motions via low-tropospheric moistening by these additional congestus. The clouds 

moistened the environment via evaporation and/or vertical flux convergence of moisture. A 

reduction in subsidence through a deep layer ahead of an upper-level velocity potential minimum 

acted to steepen the lapse rate in the lower troposphere (Figure 4.13), promoting more moist 

convection, which in turn stabilized the lower troposphere to maintain a near constant lapse rate. 

The resulting deep convection moistened the upper troposphere, and that moistening was 

reinforced by an increase in large-scale upward motion associated with the dry MJO signal 

(Figure 4.6, Figure 4.7, and Figure 4.14) as it advanced eastward into the Indian Ocean. The 

moistening accomplished by both allowed for deep convection to expand laterally into mesoscale 

systems with large stratiform regions within about 2 days. These resulting expansive stratiform 

regions are characteristic of MJO convection (Barnes and Houze 2013, Chapter 3 of this 

dissertation, Yuan and Houze 2013) and they contribute, perhaps largely, to latent heating 

through a deep layer, especially at upper levels, facilitating “top-heavy” heating profiles. 

 The above findings are consistent with several prior studies that have investigated the 

relationship between large-scale motions and deep convection. They illuminate how zonal wind 

anomalies, which are largest and most easily detected in the upper troposphere, may influence 

periods of enhanced convection that occurred about 30 days apart during DYNAMO/AMIE. Our 

efforts are not the first to attempt to relate upper-tropospheric dynamics or thermodynamics to 

MJO convective development. Many prior studies as early as the 1980s (Section 4.1) have 
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suspected such a connection. Some studies have suggested that a Kelvin wave excited by one 

MJO event can circumnavigate in the upper-troposphere and excite the next MJO (e.g. Seo and 

Kim 2003, Haertel et al. 2014), but no physical mechanism through which the Kelvin wave 

might excite convection has until now been provided. At least partially because of the low 

sample size used in this study (just two MJO cases), however, most of our results cannot yet be 

backed by statistical significance of at least 95% (Figs. 4.6–4.7, 4.9–4.10, 4.12–4.14). Such does 

not invalidate our results, but it means that uncertainty remains in our conclusions. The results 

we gain from our limited dataset nonetheless yield interesting insight about a plausible 

relationship between large-scale motions and MJO convective onset.  

 Figure 4.15 summarizes the relationship between large-scale vertical motion anomalies 

and convection preceding and during an active MJO as inferred from our analysis. The 

conceptual diagram illustrates our interpretation of how convection responds to the large-scale 

vertical motion associated with the eastward propagating low zonal wavenumber zonal wind 

structure. The latent heating profile on the left (right) of the figure is computed following 

Schumacher et al. (2004) using typical convective to stratiform rain ratios documented in 

Chapter 3 during suppressed (active) periods. The apparent moisture sink, Q2, and the Eulerian 

water vapor tendency are indicated within purple circles during suppressed, transition, and active 

periods in the lower troposphere (~600–850 hPa) and upper troposphere (~300–500 hPa). The 

red, white, and blue curve is a simplified representation of the anomalous large-scale vertical 

motion at 500 hPa. The convective population is mostly suppressed when the large-scale 

anomalous vertical motion is downward (red color on curve), and drying occurs throughout most 

of the troposphere. As the large-scale anomalous subsidence lessens (light color on curve), more 

deep convection begins to develop and the lower troposphere moistens over 3–7 days (Chapter 2  
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Figure 4.15. Diagram of moisture tendency, Q2, and large-scale vertical motion superimposed on 

the cloud population observed during the periods leading up to MJO convective onset during 

DYNAMO. Q2 and Eulerian water vapor tendency are indicated within purple circles for the 

lower and upper troposphere during suppressed, transition, and active periods. Large anvil clouds 

reaching near 300 hPa and above represent broad stratiform regions with embedded convection. 

Smaller clouds represent the presence of congestus mode clouds, medium cumulonimbus, and 

shallow precipitating clouds of various depths and widths. The red, white, and blue curve 

represents an approximation of anomalous large-scale vertical motion at 500 hPa associated with 

an eastward propagating wavenumber one circumnavigating feature, and its axis is found top-

right. Red (blue) indicates anomalous subsidence (upward motion). Blue curves on the left 

(right) of the figure represent latent heating profiles associated with the convective population 

during convectively suppressed (active) periods as estimated by the method described in the text. 
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and Chapter 3). Q2 is negative during the moistening, meaning moistening occurs via eddy 

convergence of moisture within congestus clouds and/or by detrainment and subsequent 

evaporation of cloud condensate. Large stratiform regions develop from deep convection and 

produce deep latent heating profiles during periods of large-scale upward motion (blue color on 

curve). Moistening of the upper-troposphere occurs, although Q2 is near zero. This requires that 

large-scale vertical advection of moisture, of which 50–75% is attributed to vertical motions 

within deep convection, moistens the troposphere above 500 hPa during active periods. The 

relative numbers of shallow, moderately deep, and deep clouds, as well as their widths during 

each period, are consistent with observations documented by Barnes and Houze (2013) and 

Chapter 2; however, the relative sizes of the different types of cloud icons shown in Figure 4.15 

should not be interpreted literally. Real stratiform regions are generally much larger laterally 

than any individual convective cores observed. 

 Additionally, we speculate that a mechanism similar to that summarized in Figure 4.15 

may be involved in enhancing or reducing the likelihood of tropical cyclone genesis on 

intraseasonal time scales throughout the tropics. Relationships between the MJO or velocity 

potential anomalies and number of tropical cyclones in various basins have been observed (e.g. 

Maloney and Hartmann 2000a, b; Klotzbach 2010, Sears 2011, Ventrice et al. 2013, Klotzbach 

2014). One additional open question involves whether the magnitudes of vertical motion 

associated with the dry structure illustrated in Figure 4.6 are actually large enough to cause 

moistening on the time scales that we observed. Other factors may be important as well. Another 

concerns why deep convection only sometimes develops when the lower troposphere is 

sufficiently moist. In Chapter 5, a regional modeling study attempts to quantify moistening 

caused by each term seen in Eq. 4.2–4.3. 
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 Our conclusions should not necessarily be generalized to all MJO cases, but rather they 

represent cases that occurred during DYNAMO/AMIE. Environmental conditions need to be 

favorable through a deep column to support development of mesoscale convective systems. Not 

all MJO cases are preceded by such an obvious upper-tropospheric velocity potential signal as 

that shown in this chapter. In such cases, the mechanism explained herein may not be responsible 

for exciting a large-scale convective event associated with an MJO. However for any MJO 

outbreak to occur, something must make the large-scale environment favorable for deep, 

widespread convection to spur MJO convective onset, and the mechanism described herein is 

one such way this may occur.  
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Chapter 5. UPDRAFT BUOYANCY WITHIN AND MOISTENING BY 

CUMULONIMBI PRIOR TO MJO CONVECTIVE ONSET IN A 

REGIONAL MODEL4 

Processes responsible for widespread development of moderately deep cumulonimbi during a 

transition period before onset of two large-scale convective events associated with the Madden-

Julian Oscillation in late 2011 are investigated. A regional model (WRF) is capable of rapidly 

producing a ~3-day long transition period prior to MJO convective onset similar to observed 

transition periods, during which moderately deep cumulonimbi were prevalent. During transition 

periods, evaporation in precipitating elements and horizontal advection of moisture away from 

the clouds in the nearby clear-air environment contributed to humidification below 400 hPa. 

Non-precipitating clouds were present in the model mostly between 900–950 hPa and had no 

major impact on tropospheric moistening. Whether non-precipitating cumuli grew into 

moderately deep cumulonimbi largely depended on the buoyancy of updrafts that extended into 

the 700–850 hPa layer. As mean environmental temperatures decreased, the mean cumulus 

updraft buoyancy in this layer became less negative. The start of two simulated transition periods 

were marked by rapid decreases in environmental temperature caused by reduction in 

environmental subsidence and/or increased cooling by advection or radiation. Small, widespread 

changes in the difference between 700–850 hPa environmental and updraft temperature—on the 

order of 0.1K and less than 0.4K—had important ramifications for whether shallow clouds grew 

vertically into moderately deep clouds that moistened the troposphere and made it conducive to 

MJO convective onset. 

                                                
4 Powell, S. W., 2016: Updraft buoyancy within and moistening by cumulonimbi prior to MJO convective onset in a 
regional model. J. Atmos. Sci., revised. 
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5.1 INTRODUCTION 

 A satisfactory explanation for the cause of the Madden-Julian Oscillation (MJO; Madden 

and Julian 1971, 1972) has long been elusive. Many theories have been proposed (summarized 

by Zhang 2005 and Wang 2011) to explain how convective onset associated with an MJO event 

occurs over the Indian Ocean or Tropical West Pacific and how the convection propagates. 

However, none have successfully generalized the dynamics governing the convective onset. The 

Dynamics of the Madden-Julian Oscillation field campaign (DYNAMO; Yoneyama et al. 2013), 

conducted over the Indian Ocean in late 2011–early 2012, sought to elucidate the physical 

mechanisms governing onset and propagation, but particularly those involved in convective 

onset. Extensive radar and rawinsonde datasets, as well as ship-based near-surface ocean data 

and estimated surface fluxes, were obtained. Through many papers already published since 

DYNAMO, the observations have helped describe the behavior and evolution of convection 

during convectively active and suppressed periods. They have also helped to begin solidifying 

ideas of how onset of several MJO convective events occurred over the Indian Ocean.  

 Two major types of hypothesized mechanisms for MJO convective onset were prevalent 

before DYNAMO and remain so currently. The first type presumes that convection responds to 

some external forcing. For example, convection might be excited by extratropical disturbances 

that transport energy equatorward (Hsu et al. 1990, Ray and Li 2013, Zhao et al. 2013). Another 

prominent idea is that equatorial waves promote or suppress convection by altering the large-

scale environment to make it more or less conducive to deep, moist convection. For many MJO 

convective outbreaks, the upward branch of a globally circumnavigating Kelvin-like wave 

approached the Indian Ocean as deep convection broke out (Knutson and Weickmann 1987, 

Gottschalck et al. 2013). Circumnavigating features of anomalous zonal wavenumber 1–1.5 
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velocity potential (Gottschalck et al. 2013) and vertical velocity (Chapter 4) continuously circled 

the globe during DYNAMO, and Chapter 4 proposed a possible mechanism relating the 

anomalous upward motions (associated with negative velocity potential anomalies) detected in 

reanalysis to MJO convective onset. Specifically, they showed how a small reduction in large-

scale subsidence on the order of 0.01 Pa s-1 acted to cause a slight increase in the lapse rate 

below 500 hPa prior to MJO convective onset, which made the environment more favorable for 

development of moderately deep cumulonimbi. The moderately deep convection then moistened 

the middle troposphere and apparently offset some of the destabilization, the former of which is 

essential to formation of deep convection because deep convection is highly sensitive to low- and 

mid-tropospheric moisture (e.g. Derbyshire et al. 2004, Kuang 2010, Wang and Sobel 2012, 

Takemi 2015). Maloney and Wolding (2015) recently demonstrated that the amplitude of the 

MJO in their aquaplanet simulation was dependent upon the location of the upward branch of a 

circumnavigating Kelvin wave in their model; however, the realism of the interaction between 

the simulated Kelvin wave and MJO convection was unclear. 

 The second type of mechanism invokes processes local to the region where widespread 

convection eventually breaks out. Essentially, heat and moisture fluxes from the warm ocean, 

which gradually gets warmer during convectively suppressed periods, support shallow 

convection, which over time gradually moistens the lower to middle troposphere. The idea that a 

slow build-up in column-integrated moist static energy occurs over the Indian Ocean/Tropical 

West Pacific prior to MJO convective onset was introduced by Bladé and Hartmann (1987) as 

the recharge component of  “discharge-recharge” and has since been interpreted as a gradual (10-

–20 day) positive feedback between cumulonimbus depth and tropospheric humidity (e.g. 

Benedict and Randall 2007). However, the time scale of convective build-up during DYNAMO 



 

 

134 

(the time between highly suppressed conditions and a convectively active MJO) was found using 

radar observations to be 2–8 days (Chapter 2 and Chapter 3), a transition period during which the 

cloud population was characterized by a large number of moderately deep (~5 km) cumulonimbi. 

There is no reason yet, however, to believe that both of the above mentioned types of processes 

do not play some combined role in the observed onset cases. 

 Rawinsonde-based budget analyses of heat and moisture have been computed for 

DYNAMO at 1º spatial resolution (Johnson et al. 2015, Ciesielski et al. 2014). They are useful 

tools for determining the contribution to tropospheric moistening by processes on a scale smaller 

than the grid spacing of the sounding network. Ruppert and Johnson (2015) and Chapter 4 both 

concluded that apparent processes on scales smaller than 1º (e.g. cloud processes) were 

responsible for most of the moistening during the 2–8 day transition period prior to two MJO 

onsets during October and November 2011. Both types of mechanisms for MJO convective onset 

mentioned above require moistening of the low- to mid-troposphere, and DYNAMO 

observations show definitively that clouds are involved in that moistening process. However, 

without cloud-permitting model experiments to supplement the spatially coarse observational 

dataset, determining how much moistening occurred as a result of net upward transport of water 

vapor by clouds and how much can be attributed to evaporation in or near clouds is difficult. 

 Some attempts at modeling the observed MJO cases during DYNAMO at “cloud-

permitting” scales have already been made. For example, Hagos et al. (2014a) conducted a 2-

month long simulation over the Indian Ocean with 2 km horizontal grid spacing using the 

Weather Research and Forecasting (WRF) model (Skamarock et al. 2008). Their simulation 

produced excessive precipitation in general but roughly captured the above referenced two 

eastward propagating convective events as well as the suppressed period between them. The 
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transition from shallow cumuli to deep cumulonimbi in their simulations took less than 6 days. 

The transition was highly sensitive to large-scale mid-tropospheric relative humidity, which itself 

was mostly controlled by large-scale vertical advection of moisture and meridional moisture 

advection. Ulate et al. (2015) ran numerous regional simulations with WRF at 1º horizontal 

resolution to test the impact of multiple forcing variables on the realism of their simulated MJO 

events. They found that the environmental humidity forcing was most important for a realistic 

simulation. Because clouds are essential for tropospheric moistening, their results suggest that 

whether the model produced widespread cloudiness depended primarily on whether or not the 

humidity in the boundary conditions forced the model to do so. Wang et al. (2015a) employed 

WRF to simulate the same MJO events as Hagos et al. (2014a). They used a horizontal grid 

spacing of 9 km after nudging horizontal winds to reanalysis for the first three days of their 

simulation. Their latitudinally averaged precipitation agreed extremely well with satellite-based 

estimates of precipitation. While they did not use a cumulus parameterization, they still 

reproduced onset and propagation of two MJO convective events, but their resolution was too 

coarse to represent most vertically growing clouds. Aside from DYNAMO, Chikira (2014) 

integrated a global climate model over 15 years with the cumulus parameterization of Chikira 

and Sugiyama (2010) to model MJO activity. Among other findings, he concluded that clouds 

are important elements for moistening via vertical motion. He noted that the enhancement of 

congestus cloudiness during the MJO mature phase was favored by a “marginally unstable” 

environment even over the large-scale convective center but did not further explore the evolution 

of tropospheric static stability as the cloud population evolved into deep, widespread cloud 

systems. 
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 Based on the above results, the importance of a transition period during which 

moderately deep cumulonimbi, but not deep clouds, are numerous is obvious. Some key 

questions concern how the transition period develops and why the evolution of the cloud 

population into such a transition period can occur rapidly—over as little as a couple of days as 

observed by Chapter 4. Ultimately at the scale of individual cloud updrafts, buoyancies within 

the parent clouds’ environments—partially determined by environmental moisture availability—

determine the depths of the clouds, and so the problem of MJO convective onset might be 

partially simplified to determining what factors control changes in the large-scale mean 

buoyancy of cumulus/cumulonimbus updrafts on timescales relevant to MJO variability. Three 

modes of cloud depth have been observed in the tropics (Johnson et al. 1999, Hollars et al. 2004, 

Posselt et al. 2008): A shallow non-precipitating mode, a moderately deep congestus/moderately 

deep cumulonimbus mode, and a deep cumulonimbus mode. Zuidema (1998) documented a 

minimum in tropical cloudiness between 600 and 800 hPa, or between the tops of the shallow 

and medium modes. The minimum is linked to a climatological increase in mean atmospheric 

stability above the non-precipitating cloud layer. Less stable regions are present above and below 

the relatively stable layer. Updrafts with enough buoyancy to penetrate the stable layer encounter 

a layer of decreased stability between about 600–700 hPa and can continue rising to the next 

stable layer near the 0ºC level to become moderately deep. Those clouds that can penetrate the 

0ºC stable layer, barring entrainment of dry air or other processes that would negatively impact 

updraft buoyancy, can rise freely to the tropopause and become deep cumuli/cumulonimbi. The 

mean lapse rate profile over the Indian Ocean during DYNAMO contains the same stable and 

conditionally unstable layers at similar levels as reported by Zuidema (Chapter 3). A key 

question addressed by this article concerns how and when shallow, often non-precipitating, 
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convection more frequently grows to penetrate the 600–800 hPa stable layer and become 

moderately deep convection, thus marking the beginning of a transition period into MJO 

convective onset. 

In this article, we will use a regional model configuration similar to that used by Hagos et 

al. (2014a) to explore the evolution of the cloud population prior to two MJO events in greater 

detail than can be done with observations alone. Specifically, our objectives are to determine 

1) the sources of moisture that are important for the onset of transition periods prior to 

MJO convective onset, 

2) whether total advection of vapor or evaporation within clouds is primarily responsible 

for mid-tropospheric moistening during transition periods, 

3) the model’s representation of the role of shallow non-precipitating convection in 

moistening the environment prior to MJO convective onset, and 

4) factors that impact cloud updraft buoyancy in a stable layer above the boundary layer 

such that moderately deep convection is more frequently permitted. 

5.2 MODEL DESCRIPTION 

 We employed version 3.5.1 of the non-hydrostatic Weather Research and Forecasting 

(WRF) model. Our domain was centered over Gan Island (0.69ºS, 73.15ºE) and was 3280 km 

(zonally) x 2240 km (meridionally) wide. The yellow box in Figure 1 outlines the full model 

domain. Horizontal grid spacing was 2 km, and 38 vertical levels, equally spaced in WRF eta (η) 

coordinates, were used. The model top was 50 hPa. European Center for Medium-Range 

Forecasting Reanalysis-Interim (ERA-I; Dee et al. 2011) with 0.75º horizontal grid spacing was 

used for initial and lateral boundary conditions. Boundary forcing was linearly interpolated to the  
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Figure 5.1. Map of the Indian Ocean containing the WRF model domain (yellow box), bounded 

by 9ºS, 9ºN, 58.4ºE, and 87.9ºE. The subdomain in which analysis in this article is performed is 

bounded by 2.5ºN, 2.5ºS, 65.6ºE, and 80ºE and is outlined by the red box. The subdomain is 

henceforth in the text referred to as the domain. 
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model state every 6 hours within 8 grid points of the lateral boundaries. Sea surface temperatures 

(SSTs) were updated daily with the real-time high-resolution global sea surface temperature 

(RTG_SST_HR) analysis (http://polar.ncep.noaa.gov/sst/rtg_high_res/description.shtml), which 

is provided at 1/12º spacing. The daily SSTs were interpolated between values available at 00 

UTC so that forcing was available to the model every 6 hours. Physics packages employed were 

Thompson microphysics (Thompson et al. 2008), RRTMG radiation (Iacono et al. 2008), the 

Mellor-Yamada-Janjic (MYJ; Janjic, 1994) planetary boundary layer (PBL) scheme, the unified 

Noah land surface model (Tewari et al. 2004), and Monin-Obukhov similarity for the surface 

layer. Prior studies (e.g. Powell et al. 2012, Hagos et al. 2014b, Rasmussen and Houze 2016) 

have shown that Thompson microphysics satisfactorily represent the structure of mesoscale 

convective systems and their anvil clouds; although many microphysics parameterizations, 

including Thompson’s, exhibit a high bias in cloud depth (Hagos et al. 2014b, Wang et al. 

2015b). The MYJ PBL scheme is used because it demonstrates the smallest positive precipitation 

bias over the Indian Ocean from available options (L. Berg, personal communication). Output, 

including moisture tendencies due to phase changes, is written every three hours. To permit 

model spin-up, the first 24 hours of output is not used in the following analysis. 

 We simulated the transition into two MJO convectively active events over the Indian 

Ocean. MJO convective onset was observed to occur near the equator during the middle of 

October and November 2011 (Johnson and Ciesielski 2013, Chapter 3 of this dissertation, Xu 

and Rutledge 2014). To capture the transition period prior to onset for both cases, we initialized 

the model during suppressed periods prior to each event. The initial dates for the two runs were 1 

October and 4 November. They were integrated with a 12 second time step for 19 and 16 days, 

respectively. The results presented in this paper are obtained from a subdomain (henceforth 
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referred to as the domain) near the equator bounded by 2.5ºN, 2.5ºS, 65.6ºE, and 80.0ºE and 

outlined by the red box in Fig. 1. Because mesoscale convective systems (MCSs) were present in 

the southernmost part of the yellow box, choosing an equatorially confined domain isolates our 

analysis (which is focused before MJO convective onset) to almost exclusively small and/or 

isolated convective elements that do not develop expansive stratiform precipitation regions. 

5.3 COMPARISON TO OBSERVATIONS 

 Domain-averaged relative humidity (RH) for both simulations is depicted on the top row 

of Figure 2. RH exceeds 80% at all levels below 900 hPa at most times during both control 

simulations. In October (Fig. 2a), RH from 400–800 hPa rapidly increases from 30–40% to 70–

80% around 10–13 October. A less pronounced increase in RH at the same levels—from 40–

50% to 70–80% occurs between 9–13 November (Fig. 2b). The apparent stepwise increase in 

moisture—first up to around 400 hPa, then to the tropopause—is especially prominent in 

October and is consistent with that first reported for these cases by Johnson and Ciesielski 

(2013). A diurnal cycle also appears in the RH field between 950 and 850 hPa prior to the 

humidity build-up periods and is likely related to shallow convection (Ruppert and Johnson 

2015).  

 Mean RH profiles derived from ERA-I reanalysis (shown to be consistent with 

rawinsonde humidity profiles in a similar domain by Chapter 3) within the simulation domain are 

illustrated in Figs. 2c (for October) and 2d (for November). In general, the simulated RH in 

October agrees with reanalysis profiles; however the model is too dry through the depth of the 

troposphere prior to 12 October. The depth of the 60% RH contour increases on 12 October in 

both the model and reanalysis. However, the simulated moistening between 850 hPa and 500 hPa 

appears to occur more rapidly than in reanalysis. Prior to 12 November, the  
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Figure 5.2. Time series of simulated domain-mean relative humidity from a) 2–20 October and 

b) 5–20 November. c) Same as (a) but using ERA-I. d) Same as (b) but using ERA-I. 
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Figure 5.3. Same as Fig. 2, but for zonal wind. 
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Figure 5.4. Same as Fig. 2, but for meridional wind. 
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simulated RH is again often lower than reanalysis values, and the model does not reproduce a 

short rain event that was observed on 9–10 November. Between 11 and 17 November, the model 

is excessively moist, particularly above 500 hPa. However, the timing of the rise in the depth of 

the 60% contour in the model again agrees with reanalysis, occurring on 11 November for both. 

The latter detail is important because it means that the build-up of humidity in WRF occurs at 

approximately the correct time in both simulations. 

 Simulated domain-mean profiles of zonal (Fig. 3a,b) and meridional (Fig. 4a,b) wind in 

October (panels on left) and November (panels on right) are similar to those computed over the 

same domain using ERA-I (panels c and d). Only occasional slight differences between 

simulated and reanalysis zonal or meridional wind are present during either month. Given the 

regional size of our domain and that the simulation was periodically forced by ERA-I, this is not 

surprising, but it is indicative that the model reproduced features of the large-scale circulation 

that were present during DYNAMO. The similarity between large-scale ERA-I fields and point 

observations during DYNAMO was established in Chapter 3.  

 The October simulation produced a time series of domain-mean precipitation rate that 

was closer to observed rates than the November simulation. Figure 5 illustrates domain-mean 

rain rates computed over the same area (red box in Fig. 1) and times using simulations (black) 

and the Tropical Radar Measurement Mission (TRMM) 3B42 (Huffman et al. 2007) dataset 

(magenta). Rain-rates from the ground-based S-Ka band dual-wavelength, dual-polarimetric (S-

PolKa) radar, whose observational domain spanned about 10% of the area of the model domain 

utilized for analysis, are shown in blue. In October (Fig. 5a), observed rain rates began to 

increase from near zero on 10 October (S-PolKa) or 11–12 October (TRMM). Simulated rain 

rate began to increase on 10 October, but by 13 October, the model was precipitating 
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Figure 5.5. Time series of simulated domain-mean rain rate (black) during the a) October and b) 

November simulations. Observed rain rate estimates from TRMM 3B42 within the same domain 

are shown in magenta. Rain rates derived from S-PolKa radar data are displayed in blue. 
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excessively. Then, the model failed to reproduce the high rain rates observed during observed 

convectively active periods after 15 October. In November (Fig. 5b), an increase in precipitation 

was observed on 9–10 November. S-PolKa (blue) detected significantly more intense 

precipitation than TRMM on 11 and 12 November, suggesting that the rain S-PolKa observed 

was not representative of conditions within a wider domain on those days. The model produced 

increasing rain rates when observed rain rates rose on 9 November, but the model rained 

excessively from 13–16 November. Again, the simulated domain-mean during the most 

convectively active day in observations (18 November) was much less than observed rain rates. 

The simulations were effective at reproducing the onset of enhanced rainfall that occurs near the 

beginning of observed transition periods, but the model transitioned into convectively active 

conditions too quickly in each simulation, and the model could not reproduce the largest rain 

rates observed during active periods. Part of the latter issue may simply be related to the exact 

timing and location of convection within our domain, but it may also be a consequence of using 

coarse horizontal resolution (4 km2) that does not completely resolve the most intense cloud 

updrafts. 

 Figure 6 is a time series of histograms of 20 dBZ echo top heights for deep and shallow 

convective precipitating grid columns during each control simulation. Grid columns were 

separated into convective and stratiform elements using the simulated reflectivity exactly 

following Appendix D. Simulated reflectivity was calculated during model integration using an 

S-band radar simulator coded by U. Blahak and implemented into WRF by G. Thompson. 20 

dBZ echo tops seldom appeared during suppressed periods prior to 8 October and 9 November, 

but brief exceptions occurred on 6 October and 6 November. A rapid increase in the number of 

20 dBZ echo tops between 3–8 km occurred on 8 October and 9 November. On 12  
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Figure 5.6. Time series of the histogram of simulated 20 dBZ echo top heights from a) 2–20 

October and b) 5–20 November. Suppressed, active, and transition periods are denoted along the 

top abscissa in this and later figures. These periods are described in the text. 
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October and 12 November, 20 dBZ echo tops between 8 km and 10 km and as high as 14–16 km 

became prevalent. The periods during which 3–8 km 20+ dBZ echo top heights were prevalent in 

the absence of deeper convection are denoted as transition periods along the top abscissa of Fig. 

6 and all subsequent figures with time on the abscissa. They were preceded (followed) by 

suppressed (active) periods.  

 Compared to TRMM radar observations over a larger domain (Chapter 3), the simulated 

echo tops were systematically too high. Particularly, during transition periods, observed 20 dBZ 

echo tops above 5 km were rare. Such a bias in modeled echo tops is also apparent in similar 

studies (Hagos et al. 2014b, Wang et al. 2015b). Model reflectivity, though, was simulated for 

the S-band frequency, and the echo top height distribution from S-Polka was similar to that seen 

by TRMM but shifted upward about 1–2 km (Chapter 3), so some bias is expected. A direct 

comparison of simulated echo top heights to those observed by S-PolKa, however, is difficult 

because of the latter’s small domain. Compared to TRMM and ground-based radar observations, 

and as seen above in Fig. 6, the transition periods started at the correct times but are about 3–4 

days too short. Nonetheless, and most importantly for this study, the model produced a distinct 

transition period prior to MJO convective onset, and the evolution of RH at the onset of 

transitions (Fig. 2)—both in terms of its time scale and depth—was similar to that seen in 

observations. Thus, our simulated MJO transition periods are not perfect representations of the 

real events, but they are realistic enough to explore the mechanisms responsible in WRF for their 

development prior to MJO onset and the roles played by shallow and moderately deep 

convection in tropospheric moistening during transition periods. 
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5.4 CALCULATING MOISTURE TENDENCIES FROM MODEL OUTPUT 

 In Section 5.5, we will investigate moisture sources and sinks into and out of the analysis 

domain. At each model output time, the total tendency of water vapor mass in the domain was, 

using available model parameters, 

  
∂ mw!" #$
∂t

= ub,x
k qb,x

k dPb,x
k

g
dx+ vb,y

k qb,y
k dPb,y

k

g
dx+Esfc + M

k!
"

#
$

%

&
'
'

(

)
*
*

k
∑

 (5.1)
 

in which k (not an exponent) represents the set of all vertical levels, mw is the water vapor mass, 

u and v are zonal and meridional winds, q is specific humidity, dP is the difference in pressure 

between the bottom and top of each grid box, dx is the horizontal grid spacing, Esfc represents 

total evaporation of surface moisture in the domain, and M is the total tendency in each grid box 

due to phase changes. Slanted brackets indicate that the value is on a grid that is staggered with 

the grid on which q is outputted; therefore such values sit on the domain boundary. Square 

brackets indicate a total summed over all grid locations in the domain. A subscript b indicates 

that only values on the lateral boundaries of the domain are considered, and subscripts x or y 

indicate, respectively, whether such values are considered along the west/east or north/south 

boundaries. For qb, the value just inside (outside) the domain is used if the horizontal flow is out 

of (into) the domain. The value for dPb just within the domain boundary is always used. 

Combined, the first two terms of Eq. 5.1 describe the change of water vapor mass attributed to 

horizontal flux of vapor through the lateral domain boundaries. Because Eq. 5.1 is a summation, 

it is, of course, highly sensitive to domain size and is intended to highlight relative magnitudes of 

each term rather than absolute differences between them. 

Section 5.5 explores the moisture tendency inside individual grid boxes. In each grid box, 

the vapor mass tendency is defined as 
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∂mgrid
∂t

= −
dP
g
dx2 (u ⋅∇q)+M

 (5.2)
 

in which mgrid is the mass of water vapor in a grid box and u is the vector wind on the six faces 

of each box. The first term in Eq. 5.2 can be decomposed into three terms that include moisture 

tendencies caused by apparent horizontal and vertical advection of moisture. 

5.5 MOISTURE SOURCES/SINKS IN THE DOMAIN 

 Figure 7 (a and b) contains time series of total moisture tendency  due to phase 

changes (magenta), horizontal fluxes of moisture across lateral boundaries (blue), and surface 

evaporation (gray) for both control simulations. The black line represents the sum of all terms in 

Eq. 5.1 and the green line depicts the sum of horizontal flux and phase change terms, which 

largely offset when convection was common. The total moisture tendency in the domain was 

negative for the first few days of the October simulation as moisture was fluxed out of the 

domain. The same occurred more periodically during the suppressed period in the November 

simulation. Then, the moisture tendencies became persistently positive for more than a day 1–2 

days after the beginning of the transition periods for each simulation. Variability in the domain 

moisture tendency was dominated by the relatively small imbalance between large horizontal 

flux and phase change terms. Relative to the other terms, domain-mean surface moisture flux 

was approximately constant (4 mm d-1 or about 115 W m-2); although locally, it is known to have 

varied significantly from its own mean during periods of high surface wind speed (Ruppert and 

Johnson 2015, de Szeoke et al. 2015). The range of single-point modeled values (not shown) 

corresponded to latent heat fluxes of about 75–150 W m-2 and agrees favorably with retrievals of 

surface flux based on observations (Ruppert and Johnson 2015, de Szeoke et al. 2015). 

Horizontal flux and phase changes largely balanced each other (green lines near zero in Fig. 7) 

∂ mw[ ] ∂t
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Figure 5.7. Time series of contributions to the total domain water vapor mass tendency by phase 

changes (magenta), horizontal fluxes through the domain boundaries (blue), surface evaporation 

(gray), the total of all terms (black), and the total minus surface evaporation (green) for a) 

October and b) November. 
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after the transition periods began, especially from 10–12 October, so their net effect to domain 

moistening was small. Thus, surface evaporation was essential for allowing domain-mean 

moistening (black lines greater than zero in Fig. 7) to occur. In summary, during transition and 

active periods, a major source of eventual cloud condensate was horizontal flux of moisture into 

the domain. At such times, when most of the vapor fluxed into the domain condensed inside 

clouds, the magnitude of the relatively constant domain-mean surface moisture fluxes often 

contributed largely to the total rate of moistening in the domain.  

 The values shown in Figs. 7a and b show instantaneous moisture tendencies associated 

with the terms in Eq. 5.1. However can these tendencies be used to estimate the moisture flux 

into/out of the domain during 3-hour long periods, i.e., are the tendencies too variable for 

instantaneous values to describe the evolution of humidity in the model? Figs. 7c and d address 

this question. The black line is the same as that in Figs. 7a and b. The blue line represents 

estimates of the moisture tendency calculated using first-order centered differencing in time at 

each output time. Magenta circles depict the magnitudes of the residuals between the two. The 

residual is small compared to both estimates of the moisture tendency during suppressed and 

transition periods. The residual then becomes relatively large during active periods; however, 

this study is primarily focused on the evolution of the cloud population leading up to and during 

transition periods; results during active periods are shown for completeness. 

5.6 CLOUD CONTRIBUTIONS TO VAPOR TENDENCY 

 Above, we showed that net moistening of the model domain began during transition 

periods prior to MJO onset. Moderately deep cumulonimbus clouds (Fig. 6) redistributed that 

moisture vertically throughout the domain. In this section, we investigate the processes through 

which such the environment is moistened. The total vapor tendency is primarily of interest at 
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model levels above 900 hPa and is shown in Fig. 8 for the control simulations. In Figs. 8–10 and 

12, the values of interest are separately averaged within the domain at each model level, creating 

a vertical profile of domain-means at each model output time. The values referenced below 

depict means at individual levels, not the cumulative sums of means across the several model 

levels. In October, moistening occurred for a short period between 750 hPa and 900 hPa on 8 

October. It was followed by a period of drying, then a longer period of moistening on and after 

10 October between 400–900 hPa with an apparent maximum between 700 and 800 hPa often 

exceeding 1 mm d-1. During the suppressed period in November, moistening occurred on 6–7 

November below 500 hPa but was followed by strong drying between 600–700 hPa on 8 

November. Moistening up to 500 hPa started on 9 November, was interrupted by drying as large 

as -2 mm d-1 in the 500–700 hPa layer on 10 November; then persistent moistening occurred 

between 500 and 800 hPa from 11–13 November. During both simulations, moistening was 

prevalent between 700–800 hPa even after the cloud population completes the transition into 

larger deep systems. 

 We separated grid cells into four categories that are roughly based on whether a cloud 

was present and the type of cloud that was present. Specifically, we categorize each model grid 

box as precipitating cloud, non-precipitating liquid cloud, non-precipitating cloud, or 

environment (no cloud). The separation is roughly based on the convective/stratiform 

classification in Appendix D in that any grid box with simulated reflectivity below (above) 7 

dBZ is classified as non-precipitating (precipitating). Non-precipitating ice cloud is defined as 

having a temperature less than 0ºC. All other grid boxes are classified as environment. Because 

ice clouds, by this definition, are restricted to above the 0ºC level, their direct contributions to 

moistening are restricted to the upper-troposphere and are of minimal  
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Figure 5.8. Time series of mean domain water vapor mass tendency at model levels above 900 

hPa for a) October and b) November. 
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importance to making the lower-troposphere conducive to deep convection. We will focus on 

moisture tendencies associated with the other three categories throughout the remainder of this 

article. 

 For each category, moistening can be separated into vertical and horizontal advective 

components and the vapor tendency due to phase changes following Eq. 5.2, generating a total of 

nine terms. Five of those terms dominate the vapor tendency: vertical and horizontal advection 

and phase changes in precipitating elements and vertical and horizontal advection in the 

environment. Figures 9 and 10 illustrate the time series of total moistening at each level 

attributed to some of the large terms for the October and November control simulations 

respectively. Vertical advection of moisture and phase changes both contributed to large, but 

oppositely signed moisture tendencies that largely balanced each other and are not displayed.  

Horizontal advection of moisture (Figs. 9a, 10a) in precipitating elements was generally negative 

with magnitudes less than 1 mm d-1. During suppressed and transition periods it was slightly 

positive between 750 and 850 hPa and slightly negative above 750 hPa. During active periods, 

the term was more negative, with magnitudes as large as 1.5 mm d-1 around 700 hPa. Figs. 9b 

and 10b show the mean total moistening in precipitating elements. Vapor tendency due to 

processes within precipitating clouds was generally ≤ 1 mm d-1 at model levels below 500 hPa 

after the transition periods began, but it was positive, meaning that the net effect of phase 

changes did not remove all of the water vapor that was vertically fluxed upward. Some of the 

condensed water evaporated (Figs. 9c, 10c), and evaporation rates below 600 hPa during 

transition periods commonly ranged from 0.25–0.75 mm d-1. Figs 9d and 10d represents the 

moisture tendency in precipitating elements attributed to vertical advection of moisture and 

phase changes minus that due to evaporation. They reveal that in-cloud vertical advection plus 
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Figure 5.9. Time series of the domain water vapor mass tendency attributed to mean a) 

horizontal advection of water vapor within precipitating elements, b) total tendency within 

precipitating elements, c) evaporation within precipitating elements, d) vertical advection plus 

phase changes minus evaporation within precipitating elements, e) horizontal advection in 

environmental grid boxes, and f) vertical advection in environmental grid boxes during October. 
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Figure 5.10. As in Fig. 9, except for November. 
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condensation had a net drying impact at almost all levels and all times. Thus, evaporation was 

the process through which precipitating elements directly contributed to a net moistening of the 

clear-air environment during transition periods. The moisture tendencies due to evaporation 

either reflect detrainment of vertically fluxed moisture into the cloud environment or dissipation 

of the cloud. 

 Positive vapor tendency due to horizontal advection of moisture in environmental grid 

boxes below 500 hPa was also important (Figs. 9e, 10e). Above 900 hPa in October, total 

domain averaged moisture tendencies of 0.25–1.25 mm d-1, generally decreasing with height, are 

depicted when moderately deep cumulonimbi were present during transition periods. In 

November, tendencies of ≤ 1 mm d-1 occurred. Vapor tendencies of up to 1.5 mm d-1 regularly 

occurred between 900–950 hPa during suppressed and transition periods. The moistening—

particularly that above 900 hPa—was probably associated with divergent flow away from clouds 

and into the environment. Thus, while this moistening occurred outside of clouds, it is still 

probably attributed to cloud-scale dynamics, and should be considered part of the sub-grid scale 

apparent moistening (or the negative Q2 term) derived from sounding budget analysis by 

Ruppert and Johnson (2015) and Chapter 4. As deep cumulonimbi became more prevalent during 

the middle of each month, horizontal vapor advection in the environment became slightly 

negative. This probably occurred because mesoscale convergence in the environment 

surrounding deep and large cloud systems followed the gradient of moisture from a dry 

environment to a saturated cloud; i.e., dry environmental air converges into MCSs in the middle 

levels (Kingsmill and Houze 1999). Environmental subsidence (Figs. 9f, 10f) that compensated 

for cloud updrafts had a strong drying effect and an obvious diurnal signal during suppressed and 

transition periods during both October and November. Vapor tendencies were frequently 
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between -1–-2 mm d-1 between 800–900 hPa during October and 700–900 hPa during 

November, and the drying by compensating subsidence outside clouds extended as high as 400–

500 hPa. Negative tendencies decreased in magnitude after the November transition period 

began. Because mean vertical motion in the clear-air environment was, of course, downward, 

weak drying via subsidence was nearly always experienced at all levels. 

 Figure 11 shows the mean magnitude of the environmental advective terms as a function 

of distance from the nearest precipitating cloud during transition periods only. Values are 

depicted at 4 discrete model levels in the lower half of the troposphere, and the average pressure 

along each level is noted in the legend. Solid (dashed) lines indicate horizontal (vertical) 

advection. Most importantly, the magnitude of either dramatically decreased within the first 6 

km from a cloud. In October (Fig. 11a), horizontal advection in the grid boxes next to a cloud 

averaged between 2–3 mm d-1 below 620 hPa. The value approached an asymptote slightly above 

zero at distances above 6 km. In November (Fig. 11b), similar behavior was simulated, although 

the values approached zero at distances greater than 8–10 kilometers at higher levels (green and 

black). Values of horizontal advection at 0–2 km in November were similar to or less than those 

at 2-4 km because an observed and simulated rain event developed in the domain around 10 

November and was associated with negative horizontal advection of moisture (Fig. 10e), during 

the time period included in Fig. 11. Any differences in values across various levels at the same 

distance (for example, the ~7 mm d-1 horizontal advection at 479 hPa in October) should not be 

interpreted as robust, reproducible results, but the systematic decrease of the values with distance 

at all pressure levels is important. Environmental subsidence drying (dashed lines) was also 

largest near clouds, and it approached zero at distances greater than 6 km from a cloud.  
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Figure 5.11. Mean horizontal (solid) and vertical (dashed) advection of moisture in 

environmental grid boxes as a function of distance from a cloud at mean pressure levels 

(constant η levels in WRF) of 811 hPa (magenta), 732 hPa (blue), 620 hPa (green), and 479 hPa 

(black). 
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Environmental subsidence drying at lower levels (magenta and blue) was around -0.5 mm d-1 

well away from a cloud. 

 Figure 12 is similar to Figs. 9 and 10, highlights the layer 800–1000 hPa, and depicts the 

total contribution to moistening within non-precipitating clouds. Non-precipitating clouds in 

WRF generally extended upward to around 880–900 hPa from their cloud base at the lifting 

condensation level (LCL), which remained around 950–970 hPa during both simulations. A 

vapor tendency as large as 0.5–0.6 mm d-1 was the same order of magnitude as the total tendency 

within precipitating elements below 900 hPa (Figs. 9b, 10b). However, compensating subsidence 

in the environment (Figs. 9f, 10f) offset some of the total contribution of the cumuli to total 

moistening. Figure 13 plots time series of the mean domain-mean vapor tendencies between 

three model levels (i.e. a mean of three domain-means) from 900–950 hPa attributed to processes 

in non-precipitating grid boxes (gray), the tendency caused by horizontal advection in 

precipitating elements (blue), the sum of the mean tendencies by vertical advection and phase 

changes in precipitating clouds (magenta), and total vapor tendency including that in 

environmental regions (black). As mentioned above, non-precipitating elements always had a 

moistening effect; however, the moistening was countered primarily by drying by horizontal 

advection inside the lower portions of precipitating elements and environmental subsidence 

(Figs. 9f, 10f). The cumulative mean total vapor tendency (integral of black line) was very close 

to zero (-0.007 mm d-1 in October and 0.015 mm d-1 in November) during both simulations, so 

while non-precipitating clouds persistently acted to moisten the environment, their moistening 

impact was too small to have any major extended impact on the total moisture tendency 

experienced in the layer where the clouds persisted. Such is consistent with observational results 

from Zermeño-Díaz et al. (2015), who concluded similarly that shallow (but not exclusively non- 
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Figure 5.12. Time series of total domain water vapor mass tendency attributed to non-

precipitating clouds for a) October and b) November. 
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Figure 5.13. Time series of total domain water vapor mass tendency attributed to non-

precipitating elements (gray), horizontal advection in precipitating elements (blue), vertical 

advection and phase changes in precipitating elements (magenta), and total tendency (black) in 

the layer 900–950 hPa during the period a) 2–20 October and b) 5–20 November. 
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precipitating) clouds had a constant but small moistening effect on the lower troposphere prior to 

MJO events at Manus in the Tropical West Pacific. Additionally, Bellenger et al. (2015) showed 

that moistening by shallow clouds during DYNAMO was preceded and followed by anomalous 

drying of approximately the same magnitude, so that net moistening in the shallow cloud layer 

was near zero. 

5.7 EVOLUTION OF CLOUD UPDRAFT BUOYANCY ENTERING TRANSITION PERIODS 

 In the previous sections, we demonstrated that WRF simulates clear transition periods 

prior to MJO convective onset. We also concluded that evaporation within moderately deep 

cumulonimbi that were present during the transition periods was responsible for tropospheric 

moistening that presumably made the environment conducive to development of deeper 

convection. But what drove the observed and simulated rapid shift from a suppressed period with 

mostly shallow clouds present to a transition period during which moderately deep cumulonimbi 

were prevalent? 

 Because clouds have long been suspected of being the agents that moisten the 

environment prior to MJO convective onset, much of the study of cloud populations’ evolutions 

on MJO-relevant time scales has focused on the evolution of the cloud depths. To a large degree, 

the vertical profiles of clouds’ updraft buoyancies control their depths. A positively buoyant 

updraft is one that is less dense than its environment as seen from 

  
B = −g ρ− ρ0

ρ0 , (5.3) 

in which B is the buoyancy, g = 9.81 m s-1, is the cloud updraft density, and is the 

environmental density. Buoyancy can be directly impacted by changes in humidity, temperature, 

or hydrometeor content. In particular, for a hypothetical non-entraining plume, the difference 

ρ ρ0
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between in-cloud and environmental temperature is generally the biggest contributor to updraft 

buoyancy. By using the ideal gas law for moist air in which the virtual temperature Tv is 

substituted for temperature, one can easily arrive at the following estimate of in-cloud buoyancy: 

  
B ≈ g T*
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in which subscript e represents a value in the environment surrounding a cloud updraft, and 

superscript * represents the difference between the in-cloud updraft value and the environmental 

value, T is temperature, p is pressure, w is mixing ratio, wH is the hydrometeor (liquid water for 

the purposes of this study) mixing ratio, and virtual temperature Tv is approximated as  

  
Tv ≈ T (1+ 0.608w−wl ) .

 (5.5)
 

 Figure 14 contains time series of mean buoyancy of cloud updrafts between 300 and 950 

hPa. Updrafts are identified here as contiguous grid boxes in three dimensions that share the 

following properties: 1) They were part of precipitating clouds, 2) the rain-type classification of 

the column in which the updraft was identified as convective or isolated convective (following 

Appendix D), and 3) vertical velocity in them was ≥ 0.3 m s-1. The second and third ensure that 

only fairly strong convective precipitation regions, and not stratiform or particularly weak 

convective regions are included, and the threshold is in the neighborhood of that used by 

LeMone and Zipser (1980) or Takemi (2015). In nature, strong convective updrafts have speeds 

that far exceed the threshold used herein; however, the use of 2 km grid spacing means that our 

simulations do not capture the most vigorous convective motions that occur on the order of tens 

to hundreds of meters. The updraft environment is defined as any environmental grid boxes  

 



 

 

166 

 
 
 
 
 
 
 
 
 

 
 
 
 
 
Figure 5.14. Time series of the domain-averaged updraft buoyancy (m s-2) as described in the 

text during a) October and b) November. 
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within 10 km of an updraft. Defining the updraft environment as any points (i.e. precipitating and 

environment) within as little as 2 km or as much as 100 km of an updraft had no visible impact 

on our results, except that for the smallest values, some updrafts had very few or no clear-air grid 

boxes nearby. Using a different vertical velocity threshold (e.g. 1 m s-1 instead of 0.3 m s-1) also 

caused no noticeable change. Mean updraft buoyancy was often or always positive in the mean 

between about 850–950 hPa and negative in the layer 700–850 hPa. Updrafts were weakly 

positively buoyant in the mean between 700 and 550–600 hPa. Updraft mean buoyancy was also 

sometimes negative in October between 400–550 hPa. The layers of mean positive and negative 

buoyancy correspond respectively with less and more stable layers as described in Section 1 and 

by Zuidema (1998).  

 At the beginning of the October transition period (9 October), and to a lesser extent near 

the start of the November transition period (9 November), the minimum mean negative buoyancy 

in the 700–850 hPa layer changed from roughly -0.015 m s-2 during suppressed periods to -0.005 

m s-2 during transition periods. This is important because 700–850 hPa is directly above the non-

precipitating cloud layer, which was ubiquitous during suppressed periods and is the layer from 

which moderately deep cumulonimbi form. For both control simulations, Fig. 15 plots the 

contributions of each term in Eq. 5.4 to mean updraft buoyancy after their values at each model 

level in the 700–850 hPa layer are averaged together. The pressure term (gray) was small 

(0.002–0.003 m s-2) in both simulations, and the hydrometeor term (magenta) hovered near -

0.006–-0.007 m s-2 during both simulations. The magnitudes of the negative temperature term 

(green) and the positive humidity term (blue) were both usually in excess of 0.0075 m s-2 and 

0.015 m s-1, respectively, prior to active MJO periods and largely balanced each other. Total 

mean updraft buoyancy in the 700–850 hPa layer (black) increased from roughly -0.005 m s-2 1– 
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Figure 5.15. Time series of the contributions to domain-mean updraft buoyancy in the 700–850 

hPa layer by the pressure (gray), temperature (green), humidity (blue), liquid water (magenta), 

and sum of all (black) terms following Eq. 4 during a) October and b) November. 
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2 days before transition period onset to near zero right at the beginning of the October transition 

periods, and from about 0 to about 0.025 m s-2 at the onset of the November transition period. In 

both months, mean updraft buoyancy in the layer remained slightly above zero throughout the 

transition period and after MJO convective onset. An increase in the domain-scale mean 

buoyancy suggests that updrafts entering the 700–850 hPa layer were more likely to penetrate 

through to the less stable layer above 700 hPa. 

 The particularly rapid increases in mean updraft buoyancy described above occurred on 

8–9 October and 9 November. The sharp increases were accompanied by sharp increases in the 

temperature terms (green), which were partially offset by lesser decreases in the humidity terms 

(blue). In other words, while the mean 700–850 hPa environmental temperature was, on average, 

always greater than mean updraft temperature in the same layer, the difference between the two 

temperatures decreased quickly at the beginning of transition periods. Examining the temperature 

term in Eq. 5.4, and presuming a typical environmental temperature in this layer of 290K, we see 

that an increase in mean updraft buoyancy of ~0.12 m s-2 (seen on 8–9 October) or ~0.007 m s-2 

(seen on 9 November) respectively could have arisen from just a ~0.4K or ~0.2K change in the 

mean temperature difference between cloud environments and updrafts.  

 To help investigate this change, we plot in Figure 16 the mean environmental (magenta) 

and updraft (blue) temperatures between 700–850 hPa, both of which exhibit significant diurnal 

variability. The environmental temperature decreased rapidly around 9 October after a slow 

warming trend. Updraft temperatures remained within the same range through the early portion 

of the October transition period.  In November, environmental and updraft temperature 

respectively trended slowly downward and upward for most of the simulation. The starts of both 

transition periods were accompanied by sharp decreases in environmental temperature (~0.7K in  
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Figure 5.16. Time series of domain-mean 700–850 hPa environmental (magenta) and cloud 

updraft (blue) temperatures during a) October and b) November. 
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each month) and less dramatic decreases in updraft temperature, which led to smaller differences 

between the two as discussed and shown above. 

 Temperature tendency can be described by the atmospheric thermodynamic equation as 

follows: 
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where uh is the horizontal component of wind, w is vertical velocity, is the lapse rate, and J is 

the heating per unit mass attributed to diabatic processes (e.g. latent or radiative heating/cooling). 

Figure 17 shows the mean values (smoothed as a 1.5-day running mean to reduce the magnitude 

of the diurnal cycle and highlight longer term changes) of the adiabatic (magenta), diabatic 

(blue), and advective (green) terms in Eq. 5.6 in the 700–850 hPa layer for the cloud 

environment during both control simulations. The total instantaneous temperature tendency at 

each 3-hour output time is shown in black. Significant diurnal variability is again seen in the 

largely offsetting adiabatic and diabatic terms, and thus also the total. Prior to 6 October (Fig. 

17a), a decrease in daily-mean total heating rate from about 1 K d-1 to near 0 is accompanied by a 

decrease in adiabatic warming from about 2 to 1 K d-1. The adiabatic heating rate gradually 

increased as the transition period began, possibly as subsidence intensified outside the deepening 

cloud population (Figs. 9f shows that the negative environmental vertical advection of moisture 

increased between 700–800 hPa when the October transition period initiated.) An increase in 

daily mean diabatic cooling from about -1.1 K d-1 on 6 October to -1.4 K d-1 on 10 October 

accompanied a decrease in advective cooling from about -0.2 K d-1 on 7 October to as low as -

0.7 K d-1 on 11 October. Furthermore, the sharpest decrease in environmental temperature on 8  
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Figure 5.17. Contributions to the domain-mean temperature tendency in cloud environments 

between 700 and 850 hPa, following Eq. 5, by adiabatic processes (magenta), latent plus 

radiative heating (blue), advection (green), and the total (black) during a) October and b) 

November. All time series are smoothed as a 1.5-day running mean to reduce the large 

magnitude of the diurnal cycle and highlight changes in each term over longer time periods.  
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October occurred during a diurnal minimum in diabatic heating, while the concurrent diurnal 

maximum in adiabatic warming barely recovered to 1.5 K d-1. All of these factors contributed to 

the extended period of total cooling that occurred at the beginning of the transition period on 8–9 

October. In November (Fig. 17b), adiabatic (diabatic) heating rates gradually decreased 

(increased) during the simulation. The advective heating term oscillated between 0 and -0.5 K d-

1. The strong cooling at the beginning of 9 November again occurs during a diurnal minimum in 

diabatic heating, but it was the gradual and steady decrease in daily-mean adiabatic heating that 

set the stage for negative total environmental heating rates in November. 

5.8 CONCLUSIONS 

 Previous recent studies have indicated that clouds drive moistening of the lower to 

middle troposphere, and it is presumed that because deep convection is sensitive to mid-

tropospheric humidity (Section 1), the development of these clouds is essential for MJO 

convective onset to occur. This article details the results of a modeling study that explores how 

cumulonimbus clouds moisten the troposphere below 400 hPa over the Indian Ocean prior to two 

MJO cases observed during DYNAMO in late 2011 and what processes cause cumulus clouds to 

more frequently deepen into moderately deep cumulonimbi during transition periods that occur 

in the days just preceding onset. 

 Our simulations perfectly replicated neither the timing nor location of convection over 

the ocean; however, they did produce three distinct modes of convection (shallow, moderately 

deep, and deep) that agree with observed distributions of real convection. The model also 

produced distinct transition periods (e.g. see Chapter 3 and Chapter 4) prior to MJO convective 

onset, during which moderately deep convection was prevalent. It was during these transition 

periods that the low- to mid-troposphere was moistened. Understanding MJO convective onset, 
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at least for cases with pre-onset changes in the cloud population similar to that seen during 

DYNAMO, requires understanding of what causes transition periods to occur. Of course, the 

forcing and physics used for our simulations are not perfect, and we do not claim to definitively 

quantify the exact processes that caused MJO convective onset during DYNAMO. However, the 

model results are consistent enough with recent observations of the large-scale circulation and 

cloud population leading up to MJO convective events (Section 3) to provide some insight into 

important mechanisms responsible for deepening the cloud population. 

 Our conclusions based on WRF are summarized as the following: 

1) The ceasing of net low-level moisture divergence that was present during suppressed 

periods, combined with moisture flux from the surface, ensured that net vapor 

transport into the domain was positive during transition periods. Without surface 

moisture fluxes, total moisture tendencies would have usually been near or only 

slightly above zero in the region of MJO convective onset. However, variability in 

mean surface moisture flux over large areas was negligible and plays no role in 

determining when MJO convective onset occurs (Fig. 7). 

2) During transition periods, a small positive residual of in-cloud moisture was present 

between 500 and 800 hPa. In other words, condensation did not completely cancel out 

in-cloud vertical flux of moisture. This residual was due to in-cloud evaporation, 

which was associated with either detrainment of moisture into the environment or 

eventual dissipation of clouds. Horizontal advection of moisture in the immediate 

environment of simulated clouds was an additional important moistening effect. 

3) Shallow, non-precipitating convection between 900–950 hPa played a minimal role in 

net moistening of the troposphere prior to MJO onset. While such shallow convection 
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had a moistening effect, its humidification was balanced by drying via subsidence in 

the environment and drying by horizontal advection in precipitating elements in the 

layer where non-precipitating clouds were present. In the model, clouds with tops 

higher than 900 hPa were at least lightly precipitating, but some such clouds that 

extended slightly above 900 hPa probably correspond to non-precipitating clouds in 

nature and may have small impacts on moistening at the levels where they exist. The 

potential impact of such clouds was not separately quantified in this study. 

4) Whether shallow cumuli developed into moderately deep cumulonimbi depended on 

the their updrafts’ buoyancies relative to their environments between 700–850 hPa. 

Reductions of mean environmental temperature and/or an increase in mean updraft 

temperature were the main factors that allowed an updraft to become more buoyant. 

Changes in the difference between the two of less than 0.4K were enough to have 

major effects on the ultimate depth of an updraft. Environmental temperature rapidly 

decreased at the beginning of transition periods prior to MJO onset because of an 

increase in cooling driven by advection and radiation (in October) or a decrease in 

large-scale subsidence (in November). While the onset of transition periods appeared 

to be episodic and abrupt, the gradual reduction of large-scale subsidence near the end 

of suppressed periods was first essential for reducing the environmental heating rate 

and slowing warming of the 700–850 hPa layer. 

 Our fourth point above is at least roughly consistent with Tulich and Mapes (2010), who 

also demonstrated a strong sensitivity of tropospheric heating response to similarly small 

perturbations of tropospheric heating below the 0ºC level in a cloud-resolving model. It may also 

be related to one of the major conclusions of Raymond and Fuchs (2007). They showed two 
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types of unstable modes in a model for convectively coupled tropical disturbances. One of those 

was a “gravity mode” that propagated at about 18–19 m s-1 and had a similar zonal structure to 

an equatorial Kelvin wave. Precipitation in that mode was controlled by changes in the 

convective inhibition in the 700–850 hPa layer, just like in this article. Its eastward propagation 

speed also fell in the range of observed propagation speeds for a Kelvin wave-like circulation 

anomaly associated with the MJO as shown in Chapter 4.  

 By quantifying changes in cloud updraft buoyancy prior to MJO onset, we have only 

explored one important factor that determines the ultimate depth of clouds. Entrainment of dry 

environmental air and in-cloud diabatic processes also contribute to updraft acceleration in 

individual clouds. However, our argument is not one that depends on the behavior of individual 

updrafts but rather is one that depends on the aggregate behavior of an ensemble of cloud 

updrafts over a large area and the relationship of updrafts to the environment in which they grow. 

Changes in the large-scale environment represent one means through which such aggregate 

behavior evolves. What we have argued herein is a method through which large-scale processes 

feedback onto cloud-scale processes. The cloud-scale dynamics are not quantified at the detail 

needed to evaluate the behavior of individual cloud elements, but our conclusions strongly 

suggest that the sum of cloud-scale processes over many cumuli scattered throughout the central 

Indian Ocean interact with large-scale dynamics, and that such an interaction is necessary for 

MJO convective onset. 

 Tropospheric moistening is one major process that directly leads to MJO convective 

onset. This study takes another step back and explores the mechanisms responsible for the 

moistening. Our current results highlight the likely importance of processes occurring in the 

large-scale environment to deepening of clouds, agents of the tropospheric humidification. This 
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is critically important because, while we can roughly hindcast an MJO using forcing that is 

somewhat anchored to observations, our ability to forecast future MJO events is currently 

inadequate. Our results suggest that the ability of a free-running model to simulate a 

convectively active MJO would depend on its ability to forecast large-scale environmental flow 

and perhaps boundary layer temperature accurately over the tropical warm pool. Our results 

stress the importance of evaporation of cloud condensate in tropospheric humidification, so for 

models that include a cumulus parameterization, interactions between clouds and the large-scale 

environment (e.g. cloud entrainment and detrainment) become critically important. Previous 

studies (Del Genio et al. 2012, 2015) have already shown the sensitivity of MJO predictability in 

a general circulation model to cumulus entrainment. Large-scale and cloud-scale dynamics are 

inseparable because the environmental flow impacts the properties of the air being entrained into 

updrafts. Also, the clouds themselves detrain moisture into their environments, a process that can 

be implied by this study but not directly quantified because of our coarse spatial resolution. 

 Not all MJO events are preceded by transition periods with durations like the ones 

observed during DYNAMO. Many others have been preceded by longer periods of time during 

which several episodic and temporary increases in convective depth were observed (Xu and 

Rutledge, submitted to GRL). It is likely nonetheless that some of our results can be generalized 

to all MJO convective events. Particularly, something must always occur to allow mean updraft 

buoyancy above the non-precipitating cloud layer to increase before widespread deep convection 

can occur. What cannot yet be generalized is what “something” is. Chapter 3 proposed a 

mechanism for convective deepening associated with circumnavigating disturbances that drives a 

reduction in large-scale subsidence—thus allowing clouds to deepen. Results for both 

simulations agree that gradual decreases in large-scale subsidence enhance vertical cloud 
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development, but our October simulation especially suggests that processes occurring on shorter 

time scales might be important to trigger exactly when vertical development of a cumuliform 

population occurs. In general, any mechanism that allows for extended periods of favorable 

large-scale environmental conditions might lead to MJO convective onset. The range of such 

potential mechanisms should be explored further using reanalysis for past cases, and if possible, 

extensive observations of the outside-of-cloud large-scale environment in future field 

experiments.  
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Chapter 6. SYNTHESIS OF CONCLUSIONS 

 For nearly half a century after its discovery in tropical rawinsonde data, the dynamics 

governing the dominant mode of intraseasonal variability in tropical precipitation, now known as 

the Madden-Julian Oscillation (MJO) have not been well understood. However, cloud 

moistening of the lower troposphere has been hypothesized to be instrumental in MJO 

convective onset. The Dynamics of the Madden Julian Oscillation (DYNAMO) and Atmospheric 

Radiation Measurement (ARM) Madden-Julian Oscillation Investigation Experiment (AMIE) 

was conducted to obtain observations of the large-scale environment and the cloud population 

over the central, equatorial Indian Ocean, part of the tropical warm pool and the western portion 

of the region in which MJO convective onset has been observed to occur. During 

DYNAMO/AMIE, three distinct MJO events were captured in radar and rawinsonde data, and 

based largely upon observations of the cloud population and samples of the large-scale 

environmental profiles of temperature and moisture leading up to the observed cases, a newly 

proposed mechanism for MJO convective onset has been established. 

 Radar and rawinsonde observations indicate that 1) tropospheric humidity above the 

boundary layer and 2) the depth of convective echoes increase over a 2–8 day long period prior 

to MJO convective onset. This contradicts the longer 10–20 day time scale of build-up as 

proposed in papers that support “discharge-recharge” as a mechanism for MJO convective onset. 

A composite of radar data, specifically the areal coverages of convective or stratiform echo as 

observed by the ground-based S-band radar S-PolKa, for just three events during 

DYNAMO/AMIE suggest that the time scale of convective build-up was nearly three weeks. 

Closer examination of each case individually, however, reveals that the build-up time scales 

were each about one week, if not less. It is evident, then, that processes acting on time scales 



 

 

180 

shorter than previously thought are fundamental to MJO convective onset. Studies that use 

filtering techniques to isolate intraseasonal components of any signal, therefore, risk smoothing 

out important higher-frequency events that are important. This fact has contributed to making the 

MJO a difficult phenomenon to study: Its own variability is irregular and spans fairly long time 

scales, but high-frequency signals are also apparently important in order for the intraseasonal 

variability in convection to occur. What exactly the high frequency signals are remains to be 

determined, but they may include features such as inertia-gravity waves as depicted in Zuluaga 

and Houze (2013), and changes to the convective environment induced by such signals may 

serve as “triggers” for MJO convective onset when superimposed onto favorable environmental 

conditions that are more slowly dictated by larger-scale and lower-frequency variability in the 

tropical circulation. 

 The observed time scale of convective build-up at isolated ground-based locations is 

corroborated by satellite-based observations from the precipitation radar (PR) aboard the now 

nonexistent Tropical Rainfall Measuring Mission (TRMM) satellite. Over a large region within 

the central Indian Ocean, the TRMM PR observed two distinct modes in the vertical depth of the 

cloud population that correspond with two known modes of the cumuliform depth (as in Johnson 

et al. 1999) in the tropics. The PR also observed two distinct changes in the cloud population 

prior to MJO convective onset. First, the areal coverage of moderately deep cumulonimbus 

clouds increased rapidly over just a couple of days. Such clouds remained the dominant cloud 

type for about a week, and then the areal coverage of deeper convection that extended as high as 

the tropopause rapidly increased while the moderately deep clouds became less prevalent. The 

time period between the two build-up periods was about one week. In this dissertation, that 

approximately week-long period of time is referred to as a transition period.  
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 Prevalence of deep convection is sensitive to water vapor content in the lower and middle 

troposphere because clouds entrain environmental air into their updrafts as they grow vertically. 

As such, a moist troposphere—at least up to 500 hPa—is probably a requirement for MJO 

convective onset. Although, the observed time scale of convection was shorter than promoted by 

the “discharge-recharge” hypothesis, many results herein nonetheless support the conclusion that 

clouds themselves were responsible for the moistening that allowed for MJO convective onset 

during DYNAMO/AMIE. Specifically, the moderately deep cumulonimbus clouds that were 

present during transition periods were responsible for the moistening that apparently allowed 

deeper convection and mesoscale convective systems to subsequently occur across a widespread 

region over the central Indian Ocean. The following results support that conclusion: 

1) Lag-correlations between positive humidity anomalies detected via rawinsonde above 

Gan Island and areal coverage of convective echoes in the area around Gan were 

statistically significant. The convective echoes led the humidity anomalies by a few 

hours. Humidity anomalies in the lower levels led stratiform areal coverage, but 

stratiform areal coverage led or was concurrent with upper-tropospheric humidity 

anomalies. This suggests that convective moistening occurs prior to development of 

large stratiform precipitating regions (Table	  2.3). 

2)  Apparent moisture sink, Q2, derived from gridded rawinsonde analysis throughout 

the Indian Ocean basin (Johnson et al. 2015) is negative between 650–850 hPa during 

transition periods. The apparent heat source, Q1, minus the apparent moisture sink is 

positive at these levels, implying that the eddy vertical flux convergence of moist 

static energy (i.e. essentially the vertical flux of moisture inside clouds) is the process 

that at least indirectly causes moistening during transition periods (Figure	  2.1). 
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A regional modeling study (Chapter 5) confirms the results and furthermore shows that 

evaporation of in-cloud water (via detrainment or cloud dissipation) and horizontal advection of 

moisture into the area immediately surrounding a cloud were the primary moistening 

mechanisms during the transition periods.  

 An MJO-like circulation persisted over the Western Hemisphere in the absence of any 

deep convection. Upper-tropospheric anomalies of divergence (Figure 4.2 shows negative 

velocity potential anomalies, which correspond with positive anomalies of large-scale 

divergence) are one component of a deep tropospheric circulation anomaly that circumnavigated 

the globe during DYNAMO/AMIE. The magnitudes of wind anomalies in the upper troposphere 

were simply large enough to be easily observed, while the lower-tropospheric component of the 

signal is much weaker. Specifically, the anomalous circulation has a structure that is very similar 

to a wavenumber 1 equatorial Kelvin wave: It has a distinct zonal wind component and its 

meridional wind component is zero. The magnitude of the zonal wind anomaly at 200 hPa is 

about five times its magnitude at 1000 hPa, where air density is five times greater (Figure 4.7). 

Anomalous upward (downward) motion occurs beneath the region of large-scale divergence 

(convergence) in the upper-troposphere. The vertical motion anomalies also retained a 

wavenumber 1 structure (Figure 4.6). Such anomalies are particularly difficult to directly observe 

because we do not yet have a reliable method with which to measure clear-air vertical motions. 

Furthermore, moist convective motions usually dominate the values of vertical motions in 

spatially coarse datasets such as reanalysis. Spatial Gaussian smoothing (Appendix C) was 

required to capture the low wavenumber component of the signal that corresponded with the 

upper tropospheric velocity potential signal that was easy to observe. Importantly, the circulation 

described above represents one that is associated with the MJO when it is not convectively 
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coupled. The description and visualization of the anomalous non-convectively coupled 

circulation pattern associated with the MJO that existed prior to onset of individual MJO 

convective events that occurred during DYNAMO/AMIE might be the most novel and important 

finding of this dissertation. 

 For the first time, a physical mechanism relating the observed circumnavigating, global-

scale, upper-tropospheric anomalies of tropical divergence and velocity potential to the vertical 

growth of convection that is rooted in a warm, moist marine boundary layer has been proposed in 

the context of MJO convective onset. As observed during MJO events prior to DYNAMO/AMIE 

(Chapter 1), the timing of MJO convective onset corresponded with the arrival of large-scale 

upper-tropospheric divergence anomalies over the tropical warm pool. Those anomalies are 

accompanied by large-scale vertical motion anomalies of order 0.01 Pa s-1, which correspond to 

velocities with magnitudes on the order of a few millimeters per day. As the upward branch of 

the circumnavigating wavenumber 1 signal described above entered the Indian Ocean, it caused 

large-scale subsidence there to be reduced. This reduced adiabatic warming throughout the 

troposphere, and the maximum reduction in subsidence heating associated with the signal 

occurred at about 500 hPa (Figure 4.13). As a result, the lapse rate in the lower troposphere 

(1000–500 mb) was increased and a net cooling of the environment occurred as transition 

periods in the cloud population began. It is proposed that this was the mechanism that allowed 

for moderately deep convection, the elements responsible for moistening the middle troposphere 

prior to MJO convective onset, to develop.  

 The transition periods prior to MJO events during October and November were simulated 

using the Weather Research and Forecasting (WRF) model. The model, run with a grid spacing 

of 2 km, is able to roughly resolve cloud-like elements—at least certainly more thoroughly than 
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can be done with reanalysis. The boundary conditions of each simulation are anchored to 

reanalysis, and the simulation results themselves are used as a sort of spatially high-resolution 

reanalysis. Each simulation successfully produced distinct transition periods in the cloud 

population that abruptly developed, much like those seen in TRMM PR observations. Since 

individual cloud elements and their environments can be discretely identified in the model, the 

evolution of cloud updraft properties and those in updrafts’ environments can be examined. It 

was determined that variability in temperature between 700–850 hPa is important for 

determining when transition periods begin. This particular layer is important because it 

represents a climatogically stable layer in the tropics through which convection will naturally 

struggle to penetrate. The presence of the stable layer is one reason that shallow convection is so 

prominent throughout the tropics. Generally, most convective updrafts will never penetrate the 

stable layer immediately above the boundary layer. However widespread changes to boundary 

layer entropy or changes to the large-scale environment in the stable layer could impact how 

many convective elements penetrate the layer. Specifically, cooling of the 700–850 hPa layer 

with a magnitude of 0.1–0.4K dramatically increased the average buoyancy (really, it decreases 

the negative buoyancy) experienced by modeled updrafts in the layer. Transition periods rapidly 

began in the simulations when such cooling was experienced with the process requiring no more 

than a couple of days. In both simulations, a reduction in large-scale adiabatic heating caused by 

subsidence reduced the mean total clear-air environmental heating rate prior to the beginning of 

transition periods. In one simulation, a rapid cooling associated with horizontal advection 

marked the start to the transition period; in the other, a rapid decrease in subsidence warming 

triggered the transition period. Both coincided with diurnal maxima in environmental diabatic 

cooling. Also interestingly, the 0.1–0.4K temperature change corresponds with a decrease in 
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subsidence on the order of 0.1 Pa s-1
, which is, perhaps not coincidentally, the magnitude of the 

vertical motion anomaly in the MJO-related circulation reported in Chapter 4.  

 With regard to the two types of proposed mechanisms for the role of cloud in MJO onset 

(Chapter 1), the mechanism proposed above is a blend of both. Clouds are actively responsible 

for making the large-scale environment conducive to deep convection; moderately deep clouds, 

through their moistening of the low- to mid-troposphere, ultimately promote formation of deep 

convection. However, the cloud population also passively responds to external tropical forcing, 

which is responsible for the initial growth of the cloud population from one consisting of mostly 

shallow non-precipitating clouds into one composed of many more moderately deep 

cumulonimbi. Reconciling the newly proposed process with the observed time scale of 

convective build-up remains a topic for additional study. If the large-scale circulation was solely 

responsible for the build-up, we might expect to see a gradual build-up in the cloud population 

more along the lines of that proposed by the “discharge-recharge” hypothesis. Many results in 

this dissertation, however, support the idea that, as stated above, high frequency disturbances 

may act as triggers for initiating convective onset. The state of the large-scale environment may 

simply determine whether such high-frequency events are able to set off a widespread convective 

event that can persist after the disturbance leaves the area and the environmental state returns to 

whatever is imposed by the large-scale circulation. 

 The conclusions herein, although convincing, are limited by the fact that they are 

representative of only a couple of well-observed MJO events. Recent work by Xu and Rutledge 

(submitted) extends upon the work completed in Chapter 3; specifically, they show that only 

about 25% of MJO events observed during the operation of the TRMM satellite were preceded 

by a build-up period of one week or less. About 50% of events were preceded by a 10–20 day 
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build-up period; however, prior to those vertical growth of the cloud population and moisture 

fields may have still occurred in a few discrete events with durations of ~1–3 days during that 

period. Understanding the full range of possibilities for how long the convective build-up prior to 

MJO convective onset persists is necessary for acquiring a holistic understanding of MJO 

dynamics. Differences may also exist between “primary” MJO events and “successive” ones, 

those preceded by a clear precursor circulation signal like the wavenumber 1 structure described 

above.  

 Another outstanding question involves the identity of the non-convectively coupled deep 

tropospheric circulation identified in Chapter 4. Its structure is consistent with that of a Kelvin 

wave; however, its phase speed is substantially less than a theoretical free (not coupled) Kelvin 

wave. It is hypothesized that the wave is actually coupled to radiative heating anomalies where 

deep convection is not prevalent. This idea will be explored in greater detail with another study 

in the near future.  

 The conclusions herein provide a unique perspective on MJO convective onset that is 

consistent with many ideas that had previously existed in literature. They represent a unique 

synthesis of a vast number of observations combined with reanalysis and modeling datasets that 

were used to extend observational analysis to a much larger spatial domain. A comprehensive 

understanding of MJO dynamics remains elusive, but the observations gained during the 

DYNAMO/AMIE campaign provided an excellent opportunity for advancing research on 

questions that have long persisted. As dynamics governing MJO onset and propagation become 

even clearer in coming years, a sensible goal is to improve the representation of intraseasonal 

variability in tropical precipitation in global models of the atmosphere and ocean. Now that the 

role of clouds and low-wavenumber tropical circulations on MJO onset are better understood, 
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their representations and the relationship between the two can be more closely evaluated in such 

large-scale models. Eventually, the improved representation of the MJO in global models will 

improve our understanding of its impacts of non-tropical weather events. Because the MJO is the 

dominant cause of intraseasonal variability of weather around the globe, medium range weather 

forecasts will likely experience improvement when they include more realistic simulations of 

MJO events. The work in this dissertation represents one recent important contribution to this 

quest. 
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APPENDIX A: SENSITIVITY OF QUANTITIES DERIVED FOR 

“RAINY” AND “DRY” PERIODS IN PRECIPITATION THRESHOLD 

 The selection of a rainfall threshold to separate “rainy” and “dry” periods during an 

active LCE is a somewhat subjective process. If the threshold is too low (i.e. 0 mm), then an 

insufficient amount of the time series will be classified as a dry period to make any meaningful 

statistical comparison of echo-top PDFs during rainy and dry periods. If the threshold is too high, 

then dry periods are biased wet by times when a significant amount of rainfall is falling over 

some portion of the radar domain. An hourly domain-averaged precipitation estimate of 0.25 mm 

(or 6 mm day-1) typically occurs during the beginning or end of a short-term (1- to 2-day long) 

precipitation event (Fig. 2), and the precipitation echo during such times is classified either by 

many isolated convective echo clusters or stratiform in some part of the radar domain. Thus, any 

threshold above 0.25 mm is likely too high. Figure A.1 shows two panels: They are duplicates of 

Figs. 6c and 9, except using a rainfall threshold of 0.25 mm. The peak of the PDF for rainy 

periods in Figure A.1a is at the same location as that in Figure 2.6c, though the probability is 

about 0.01 higher. The PDF for dry periods in Figure A.1a is shifted upward by 0.5 km or less, 

which is less than the resolution of the interpolated radar dataset. Figure A.1b reveals RH 

profiles for rainy and dry periods using a threshold of 0.25 mm. Both profiles are shifted toward 

moister conditions than in Figure 2.9, but the difference in RH between 850 hPa and 500 hPa 

remains about 10-15%. Additionally, the dry period RH profile maintains its shape and remains 

between the profiles for phases 8-3 and phases 4-7. The RH profiles below 800 hPa for dry 

periods and phases 4-7 remain nearly identical. Thus, we determine that our main conclusions 

are not unduly influenced by the choice of rainfall threshold given in separating times during an 

active LCE into rainy and dry periods. 
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Figure A.1. a) Same as Figure 2.6c, but using a precipitation threshold of 0.25 mm to separate 

rainy and dry periods (see text). b) Same as Figure 2.9, but using a precipitation threshold of 0.25 

mm. 
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APPENDIX B: TESTING STATISTICAL SIGNIFICANCE FOR 

ECHO-TOP PDFS 

 Statistical significance among differences in echo-top PDFs described in Sec. 5 and RH 

profiles shown in Section 2.6 is determined using a Mann-Whitney U-test with a 95% confidence 

level. For echo-top PDFs, each separate contiguous echo object observed by S-PolKa 

theoretically represents a separate degree of freedom (DOF). Determining the exact DOF would 

thus require a complicated radar echo tracking algorithm or determining spatial and temporal 

autocorrelation of radar data at each data point for three and a half months. Instead we make an 

unrealistically conservative assumption that very few individual echo objects exist. For a rainfall 

threshold of 0.1mm, the number of convective echoes detected during wet periods is greater than 

that observed during dry periods by a factor of about 12. Suppose we assume that only one new 

contiguous convective echo is observed each hour, and we assume that 12 times that amount is 

observed during wet conditions. The DOF for dry periods in Figure 2.6c is equal to the number 

of hours classified as falling within a dry period, or 133; and the DOF for wet periods is 

12*(number of hours classified as wet period), or 12*190 = 2280. 

  



 

 

212 

APPENDIX C: SMOOTHING VELOCITY POTENTIAL, VERTICAL 

VELOCITY, AND ZONAL WIND 

 To isolate the large-scale divergence and vertical velocity, we apply a Gaussian filter at 

each data point in the two fields. The window for the filter is 240 data points wide longitudinally 

by 60 points wide latitudinally, corresponding to 180 degrees of longitude by 45 degrees of 

latitude. A filter f is applied to each discrete grid point, which we locate at (x,y) = (0,0), with 

each model grid point corresponding to one unit in x or y such that 

 f (x, y) = g(x, y)
g(x, y)

y∈[−30,30]
∑

x∈[−120,120]
∑

 (C.1) 

where 

  (C.2) 

In Eq. C.2, σx and σy control the flatness of g zonally and meridionally. σx and σy are chosen such 

that they suppress the high-frequency component of the unsmoothed field. Suppose we suppress 

all signals with zonal half-wavelength less than 60º and meridional half-wavelength less than 

30º by 90%. To do so, consider that g is constructed of the product of two Gaussians: one in x, 

and one in y. For example, 

  

Its Fourier transform, G(k), in frequency space is  
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To suppress all signals with wavelengths less than L by 10%, one can straightforwardly 

determine σx to be 

 σ x =
−2 ln(0.1)
2k

, k = 2π
L

 (C.4) 

The same exercise may be carried out meridionally, and for the wavelengths described above, σx 

= 27, and σy = 13. The filtered field f is obtained by taking the matrix sum of the dot product of 

the filter and the corresponding points in the unfiltered field within the filter window 

immediately after the seasonal cycle is removed. The denominator in f is only included to 

normalize the function so that its sum is equal to 1.  
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APPENDIX D: UPDATED RAIN-TYPE CLASSIFICATION 

ALGORITHM5 

 An algorithm used to classify precipitation echoes by rain-type without interpolating 

radar data to a constant height is detailed. The method uses reflectivity data without clutter along 

the lowest available scan angle so that the classifications yield a more accurate representation of 

the rain-type observed at the surface. The algorithm is based on that of Steiner et al. (1995) but is 

executed within a polar-coordinate system. An additional procedure allows for more small, 

isolated, and/or weak echo objects to be appropriately identified as convective. Echoes in the 

immediate vicinity of convective cores are included in a new transition category, which consists 

mostly of echoes for which a convective or stratiform determination cannot be confidently made. 

The new algorithm more effectively identifies shallow convection embedded within large 

stratiform regions, correctly identifies isolated shallow and weak convection as such, and more 

often appropriately identifies periods during which no stratiform precipitation is present.  

D.1 INTRODUCTION 

 Atmospheric precipitation falls from a spectrum of cloud types, and radar is commonly 

used to characterize the nature of the precipitating clouds. Precipitation echoes seen on radar are 

broadly categorized as convective and stratiform. These categories imply the nature of the 

vertical air motions producing the precipitation. Convective echoes are produced by localized 

intense updrafts capable of advecting precipitation particles upward, while stratiform echoes 

arise from areas where the air motions are generally weaker and precipitating particles drift 

downward from aloft. In cases where vertical velocity is known, such as in an atmospheric 

                                                
5 Powell, S. W., R. A. Houze, Jr., and S. R. Brodzik, 2016: Rainfall-type categorization of radar echoes using polar 
coordinate reflectivity data. J. Atmos. Oceanic Technol., in press. 
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modeling framework, the profiles of vertical velocity are the direct way of separating model grid 

points into “convective” and “stratiform” elements. Observations of vertical air motions, 

however, are rare, whereas radar reflectivity data are commonplace, and texture analysis applied 

to radar observations can serve as an alternative way to separate rain areas into convective and 

stratiform components. Such analysis makes use of the fact that regions of convective echoes 

have a heterogeneous character in the horizontal with maxima in the form of vertically oriented 

cores while stratiform echoes are more horizontally homogenous and in the vertical often have a 

bright band in a horizontally extensive melting layer. A technique based on criteria of these 

horizontal and vertical structural characteristics has evolved over the past four decades (Houze 

1973; Churchill and Houze 1984; Steiner and Houze 1993; Steiner et al. 1995, hereafter SHY95; 

Yuter and Houze 1997; Awaka et al. 1997; Biggerstaff and Listemaa 2000). A version of the 

technique is used as part of the algorithm set routinely applied to satellite radar data (Awaka et 

al. 1997). However, as pointed out by Biggerstaff and Listemaa (2000), the method has a 

shortcoming in that the precise boundary between convective and stratiform echoes is often 

ambiguous. Another shortcoming that is encountered especially over tropical oceans is the 

difficulty of distinguishing shallow, isolated, weakly raining convective elements from fragments 

of stratiform echo. Schumacher and Houze (2003) addressed this problem for the rain-type 

classification of shallow, isolated rain using data from the Tropical Rainfall Measuring Mission 

(TRMM) precipitation radar, and the problem was rectified in the version 6 release of the 2A23 

product (Awaka et al. 1997). However, methodology applied to the downward-looking satellite 

data cannot be effectively applied to the data of a conically scanning earthbound radar. 

 The problem in identifying shallow convective elements is especially important in the 

tropics because shallow convective radar echoes are an important part of the tropical oceanic 
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cloud population. Shallow convective clouds, both non-precipitating and precipitating, are 

numerous over the low-latitude oceans where they are critical in the transition from shallow to 

deep convection regimes. They act as a source of lower tropospheric heating and through them, 

moisture can be deposited at higher levels than might be achieved through large-scale advection 

alone. Shallow cumulus clouds are often the predominant cloud type present prior to 

development of larger and deeper convective echoes and broad stratiform regions, and such an 

evolution of the cloud type is typical during transition from a shallow to deep convective regime 

(Mapes et al. 2006; Zuluaga and Houze 2013; Barnes and Houze 2013). Shallow convection is 

present not only during extremely suppressed periods as isolated objects, but during highly active 

periods, both as isolated convective entities and shallow convective cells embedded within much 

larger stratiform regions. For tropical studies it is therefore vital to be able to identify the 

shallow, isolated convective echoes.  

 Types of algorithms other than ones based on texture analysis of the reflectivity field 

exist for the purpose of separating convective and stratiform components of precipitation. Each 

possesses its own strengths and weaknesses. Penide et al. (2013) compare a texture-based 

SHY95-like method to a method introduced by Bringi et al. (2009) that separated radar data into 

classifications based on the estimated drop size distribution (DSD) derived from polarimetric 

data (particularly Zdr and Kdp) at Darwin. The benefit of the DSD-based algorithm is that it 

introduces a new “mixed” precipitation category that includes echoes that contain both 

convective and stratiform characteristics. Its separation between convective and stratiform is 

made by a line in the log10(Nw)–D0 space (see Bringi et al. 2009), in which Nw is the normalized 

number concentration and D0 is a median volume diameter. Roberto et al. (2015) expand upon 

the Bringi et al. (2009) approach by using a line in the Zh-ZDR space. However, such lines of 
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separation may vary significantly depending on the environmental regime (Thompson et al. 

2015). Furthermore, strong stratiform echoes might have similar DSDs to weak convective 

echoes; stratiform echoes in excess of 40 dBZ were occasionally observed in the field during 

DYNAMO. Statistical methods can also be employed to make rain-type classifications. For 

example, Yang et al. (2013) used a fuzzy logic algorithm to classify convective and stratiform 

components. The algorithm is more objective than traditional texture-based algorithms and 

benefits from providing a measure of the confidence in its classifications, but so far it only 

allows for two classification categories. Anagnostou (2004) trains a neural network to identify 

convective and stratiform components observed by a scanning precipitation radar. The network 

is trained using reflectivity observations from TRMM and the 2A23 convective/stratiform 

classifications. Because TRMM views precipitation in the vertical, it can easily resolve 

brightbands and classify precipitation with brightbands as stratiform. The neural network learns 

the typical reflectivity signal in columns below brightbands and uses this information to make an 

informed classification using low-elevation scanning radar data. However, in the absence of a 

clear bright band, the TRMM 2A23 algorithm simply reverts to a texture-based algorithm to 

make its classification (Awaka et al. 1997). A major limitation of the SHY95 algorithm that was 

noted by several of the above papers was the excessive classification of echoes as convective. 

We address this problem in Section D.5. 

 The objective of this appendix is to introduce and detail a convective/stratiform 

classification algorithm based on texture analysis of the reflectivity field that is an improvement 

in two respects: This new procedure can more accurately identify shallow convective elements, 

and, in addition, it can more definitively separate the echoes that are ambiguous as to whether 

they are convective or stratiform. To demonstrate these improvements, we use an extensive 
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oceanic tropical radar dataset collected during the Dynamics of the Madden-Julian Oscillation 

(DYNAMO; Yoneyama et al. 2013) field campaign. From 1 October 2011 through 15 January 

2012, the NCAR S/Ka-band, dual polarimetric radar system (S-PolKa) was stationed on an 

island in the central equatorial Indian Ocean. Specifically the radar was in Addu City, Maldives, 

(0.63ºS, 73.10ºE) at 10 m elevation. It nearly continuously sampled oceanic hydrometeor and 

non-meteorological echoes during that period. Zuluaga and Houze (2013) have described the 

scanning strategy, which consisted of surveillance scans at several elevation angles and range-

height indicator (RHI) scans, which yielded radar data with higher vertical resolution for parts of 

the radar domain not affected by beam blockage. Rain-type maps consisting of convective and 

stratiform echo classifications based on the algorithm of SHY95 applied to the most recent 

quality-controlled dataset have been publicly released. Chapter 2 discusses rainfall observed 

during DYNAMO in detail. Figure 2.2 is a time series of convective, stratiform, and total radar-

estimated rainfall during the field campaign. Figure D.1 is derived from that time series and 

shows the percentage of total rainfall attributed to convective and stratiform elements in parts of 

the S-PolKa domain not affected by beam blockage and using the SHY95 algorithm to determine 

rain-type. Of particular interest are the relative rainfall amounts during January 2012. Though 

little rain fell at all, most of the rainfall was classified as stratiform. However, conditions were 

nearly clear during that period, and the predominant cloud type during the first half of January 

was shallow cumulus (Chapter 3). This highlights one limitation of the SHY95 algorithm during 

convectively suppressed periods. We will use the S-PolKa reflectivities during DYNAMO as the 

dataset on which we initially test and evaluate the new algorithm, which will identify shallow, 

weak convection accurately and isolate those echoes that are most ambiguous as to their 

convective or stratiform character.  
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Figure D.1. Fraction of total rainfall observed by S-PolKa during DYNAMO that was classified 

as convective or stratiform using the SHY95 algorithm. 
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D.2 AMBIGUITIES AND DIFFICULTIES IN CLASSIFYING CONVECTIVE AND 

STRATIFORM ECHOES 

 In many cases, identification of radar echoes as convective or stratiform is obvious. For 

example, cumulonimbi containing intense updrafts have large hydrometeors that yield high 

values of reflectivity. Some stratiform regions can often be easily identified by their robust 

brightbands and weak echoes at lower altitudes. However the identification of some echoes are 

more ambiguous. For instance, a transition zone between convective cores and stratiform regions 

of squall line system is sometimes characterized by a deep layer of subsidence and a low-level 

reflectivity minimum (Biggerstaff and Houze 1993). Biggerstaff and Listemaa (2000) suggest 

that such echoes are more appropriately classified as convective because the rain rate in 

transition regions is high despite a decrease in reflectivity (Atlas et al. 1999).  

 The SHY95 algorithm and similar methods often classify the fringes of precipitation echo 

associated with isolated, and often shallow, cumulonimbi as stratiform because reflectivity there 

is low. However hydrometeors in such regions do not necessarily grow within an upper-

tropospheric mesoscale updraft via aggregation before falling through the 0ºC level, melting, and 

continuing downward through a mesoscale downdraft. Rather, they are smaller hydrometeors 

generated within a convective core that fall out a short lateral distance away from an updraft. 

Thus, the microphysical growth processes associated with such hydrometeors are distinctively 

and exclusively convective in nature. A third area of ambiguity occurs in regions of heavy 

stratiform precipitation. Biggerstaff and Listemaa (2000) argue that SHY95 tends to incorrectly 

classify heavily precipitating stratiform as convective; however, they do not attempt to adjust a 

threshold reflectivity above which an echo is considered to be a convective core in their dataset. 

Furthermore, many vertical cross sections of reflectivity within a broad stratiform region show a 
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feature resembling a brightband near the 0ºC level, which would indicate stratiform kinematics. 

However, they also show a secondary maximum of reflectivity in the lowest 1–2 km, which 

could indicate that shallow In many cases, identification of radar echoes as convective or 

stratiform is obvious. For example, cumulonimbi containing intense updrafts have large 

hydrometeors that yield high values of reflectivity. Some stratiform regions can often be easily 

identified by their robust brightbands and weak echoes at lower altitudes. However the 

identification of some echoes are more ambiguous. For instance, a transition zone between 

convective cores and stratiform regions of squall line system is sometimes characterized by a 

deep layer of subsidence and a low-level reflectivity minimum (Biggerstaff and Houze 1993). 

Biggerstaff and Listemaa (2000) suggest that such echoes are more appropriately classified as 

convective because the rain rate in transition regions is high despite a decrease in reflectivity 

(Atlas et al. 1999).  

 The SHY95 algorithm and similar methods often classify the fringes of precipitation echo 

associated with isolated, and often shallow, cumulonimbi as stratiform because reflectivity there 

is low. However hydrometeors in such regions do not necessarily grow within an upper-

tropospheric mesoscale updraft via aggregation before falling through the 0ºC level, melting, and 

continuing downward through a mesoscale downdraft. Rather, they are smaller hydrometeors 

generated within a convective core that fall out a short lateral distance away from an updraft. 

Thus, the microphysical growth processes associated with such hydrometeors are distinctively 

and exclusively convective in nature. A third area of ambiguity occurs in regions of heavy 

stratiform precipitation. Biggerstaff and Listemaa (2000) argue that SHY95 tends to incorrectly 

classify heavily precipitating stratiform as convective; however, they do not attempt to adjust a 

threshold reflectivity above which an echo is considered to be a convective core in their dataset. 
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Furthermore, many vertical cross sections of reflectivity within a broad stratiform region show a 

feature resembling a brightband near the 0ºC level, which would indicate stratiform kinematics. 

However, they also show a secondary maximum of reflectivity in the lowest 1–2 km, which 

could indicate that shallow embedded convection is present below the base of the stratiform 

cloud deck. 

 In this appendix, we follow SHY95 by using reflectivity to classify echoes as convective 

if the primary microphysical growth processes of the precipitation associated with the echoes 

likely were associated with an active convective updraft capable of advecting precipitation-sized 

particles upward. By this definition, stratiform echo consists of hydrometeors that exited a 

convective core and grew via deposition, aggregation, and possibly some riming as they drifted 

down to the 0ºC level (Rutledge and Houze 1987; Braun and Houze 1994). Echo columns 

occuring close to convective cores are difficult to separate into convective and stratiform entities 

using reflectivity only because they may contain characteristics of both. Our updated algorithm 

will categorize separately echoes whose most likely appropriate classification is highly uncertain. 

D.3 THE RAIN-TYPE CLASSIFICATION OF SHY95 

 Convective-stratiform classification of radar echoes has evolved, and the version of the 

scheme frequently referred to as SHY95 is just a step in that evolution. SHY95 was an 

improvement of Steiner and Houze (1993), which was an update of the algorithm introduced by 

Churchill and Houze (1984), which in turn was based on a method that Houze (1973) applied to 

high-resolution rain gauge data. Churchill and Houze (1984) were the first to apply the method to 

fields of radar reflectivity. They converted the reflectivity to rain rate based on a simple Marshall 

and Palmer (1948) relationship in order to work in units of rain rate. They then classified as 

convective the radar echo areas that exceeded some rain rate threshold or those in which local 
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peaks of rain rate were significantly greater than the nearby background rate. Steiner and Houze 

(1993) also applied the method to reflectivity field but used thresholds of reflectivity instead of 

rain rate in order to avoid the large uncertainty involved in radar-estimated rainfall rates. Yuter 

and Houze (1997) made some further refinements to SHY95 to be able to apply the scheme to 

airborne radar data. Awaka et al. (1997) adapted features of the scheme to satellite radar data. 

This appendix is the latest step in the evolution of this methodology. 

SHY95 implemented a threshold reflectivity value above which any echo is automatically 

considered convective and identified echoes as convective based on their reflectivity relative to 

the background intensity of echoes. They further tested the reflectivity-based method for 

consistency with dual-Doppler derived vertical velocity data. For any echoes classified as a 

convective core using the threshold or the background intensity as criteria, neighboring grid 

points would also be classified as convective. The number of grid points classified as such was 

related to the intensity of the echo in the convective core—more intense convective cores would 

be assigned wider radii. Yuter and Houze (1997; see their Appendix B) made an additional 

adjustment to how a single echo is compared to the background reflectivity. While their change 

to the scheme did not result in many new classifications compared to SHY95, they allowed the 

scheme more flexibility for use with a variety of datasets by introducing two additional 

parameters that the user can “tune” to best classify convection for a dataset of specific resolution 

or from a particular radar system or setup. The algorithm we refer to as SHY95 in this appendix 

contains the adjustment by Yuter and Houze (1997). Its use is complicated by the inclusion of a 

number of parameters that must be tuned by the user. These parameters are adjusted for 

particular environmental regimes, radar platforms, dataset resolutions, and scanning strategies. 

Even in the same environmental regime, for two radar systems having beams of different  



 

 

224 

  
 
 
 
 
 
 
 

   
 
Figure D.2 a) Sample RHI radar cross-section of S-band reflectivity (dBZ) at 2053 UTC, 21 

October 2011. b) Same, but at 2253 UTC, 21 October 2011. 
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frequencies or widths, for example, one must alter the input parameters for proper rain-type 

classification.  

As traditionally written, the SHY95 algorithm is applied on a field of reflectivity that has 

been interpolated from the native polar coordinates of a scanning radar onto a Cartesian grid at a 

single altitude. The interpolation degrades data close to the radar and creates data to fill in gaps 

in the grid near the edges of the domain of the radar’s observations. For most radar platforms, the 

method is applied to the reflectivity field at a height between 2 and 3 km. Thus, the method does 

not classify echoes close to the surface, and it sometimes fails to identify shallow precipitating 

convection as convective because such elements generally have low reflectivities, do not stand 

out significantly from the background reflectivity, are too short, and/or are too narrow.  

 For example, Figure D.2a illustrates an RHI cross-section from S-PolKa of non-gridded 

reflectivity data at 2053 UTC on 21 October 2011. The cross section is taken through a 

developing stratiform region that, at the time, consisted primarily of convection of various 

depths. After the data is interpolated, SHY95 identifies much of the convection seen in this 

figure; however, many of the short and narrow echoes that were obviously convective, such as 

the 40+ dBZ echoes near 50 km, are not classified as such. Another motivating example is seen 

from a nearby RHI cross-section ~2 h later, as seen in Figure D.2b. A small convective element 

was present on the edge of a larger stratiform region, and its 40 dBZ contour only extended 

upward to about 2 km. SHY95 treats the echo as part of the stratiform region if interpolated data 

at an altitude above 2 km is used for the classification.  

When many small, and frequently shallow, echo objects are present, SHY95 often classifies the 

edges of such echo objects as stratiform. Figure D.3a–b shows the gridded reflectivity field at 2.5 

km and the corresponding convective/stratiform classification on 1 January 2012 at 0131 UTC. 
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SHY95 detects many convective cores but also depicts about half of the total precipitating echo 

as stratiform. In reality, during the suppressed conditions prevailing at that time, no mechanism 

was operative that could have produced deep stratiform precipitation of the type discussed in 

Section D.2. To demonstrate, a cross-section through one of the convective elements is shown in 

Figure D.3e. A green line indicates the location of the cross-section in Figure D.3b. Convection 

extends vertically to 4–6 km, and no brightbands were present. SHY95 makes the stratiform 

classification because the reflectivities on the edges of the echo objects were far lower than the 

reflectivities within the convective echo cores; hence, their reflectivities are neither significantly 

larger than the background reflectivity nor large enough to exceed the threshold for convective 

classification.  

D.4 CLASSIFICATION IN A RADAR’S NATIVE SPHERICAL COORDINATE GRID 

  A scanning precipitation radar has a fixed beam width and usually scans azimuthally at a 

constant elevation angle. Data are averaged and recorded at selected azimuthal intervals. The 

distance between adjacent range gates along any radial is also an interval of adjustable size. For 

example, the S-PolKa radar during DYNAMO used 1º azimuthal spacing and a beam width of 

0.91º. Range gates were 150 m apart. Along a radial, hydrometeors or other objects within the 

beam volume between range gates influence reflectivity, and a single reflectivity value is 

recorded for each range bin and azimuth interval in the range-azimuth coordinate system 

centered on the radar antenna. The rain-type classification of SHY95 is applied after the data 

recorded at points in range and azimuth are interpolated onto a Cartesian grid. For research 

purposes, a horizontal grid spacing of 2 km and vertical spacing of 500 m is often used for the 

Cartesian grid. However, small and shallow precipitating convective elements are often narrower 

than 2 km wide, and interpolating the original radar data onto the Cartesian grid omits details 
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Figure D.3 a) S-band reflectivity (dBZ) and b) convective/stratiform classifications using SHY95 

from the interpolated S-PolKa dataset at an altitude of 2.5 km on 1 January 2012 at 0131 UTC. 

In b), red (purple) denotes stratiform (convective). The green line in (b) denotes the cross-section 
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of reflectivity seen in (e). c) S-band reflectivity (dBZ) along the 0.5º elevation scan and d) rain-

type classifications using the new algorithm. Red, purple, green, blue, light blue, and pink 

respectively represent stratiform, convective, uncertain, isolated convective core, isolated 

convective fringe, and weak echo. e) Cross section of S-band reflectivity (dBZ) through the 

green line seen in (b).  The cross section runs from north (point A) to south (point B). 
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about such echoes close to the radar, where the native spatial resolution is high enough to detect 

such features. Additionally, SHY95 generally uses the reflectivity field interpolated along a 

constant height 2–3 km above the surface. Thus, shallow echoes with tops below this level are 

missed altogether.  

 Alternatively, the SHY95 algorithm can be run on a curvilinear grid. It can be applied to 

radar data in the native, polar coordinate system on which it is collected. The radar centered 

polar coordinates may be represented by azimuth angle ϕ, elevation angle θ, and radius r from 

the center. By working in these polar coordinates, we take advantage of the high spatial 

resolution of the radar data along a radial, and we avoid eliminating small features that are 

spatially resolved close to the radar, where the distance between adjacent radials is small. Instead 

of using data along a constant height, we use data along one sweep at a constant elevation angle 

and map the data onto regularly spaced (r, ϕ) coordinates. In particular, we use the lowest 

available elevation angle. This approach preserves sharp changes in reflectivity that may occur 

from range bin to range bin or between neighboring azimuthal bins. It is ideal for classification 

of the precipitation echoes close to the surface and gives us the best estimate of surface rain-type 

that can be retrieved from a scanning radar. In addition, classification of the echoes closest to the 

surface is more compatible with rain rate estimates derived from relationships between 

reflectivity, differential reflectivity (ZDR), and/or specific differential phase (KDP). Such 

relationships are often derived from disdrometer data, if it exists, at the surface or radar data 

along the lowest available tilt angle (e.g., Ryzhkov et al. 2005). As such, radar estimates of 

rainfall using such relationships are best computed using the lowest elevation angle not under the 

strong influence of clutter; therefore, a rain-type classification for the same echoes is preferable. 

Clutter in the dataset we used for testing the algorithm was present mostly near the radar site, and 



 

 

230 

a clutter removal algorithm (Steiner and Smith 2002; Hubbert et al. 2009a,b) was executed on 

the reflectivity field before rain-type classifications were made. One limitation of our approach is 

that more shallow echoes will be omitted as one uses data further from the radar site. Even at low 

θ = 0.5º elevation angles, the center of a radar beam 150 km from the radar is about 2 km above 

the surface. However, we gain the advantage of not losing valuable information close to the 

radar. 

 Our method of classification treats a dataset collected on a conical surface by a full radar 

sweep (on a single plane in spherical space) as if it was obtained on a single plane at constant 

altitude. Local to a single data point, such treatment is approximately valid. The relative altitude 

at which an echo is observed is only important when considering the background reflectivity as 

in SHY95. The radius of influence for any grid point, or the distance at which neighboring 

reflectivities are considered in determining the background reflectivity, is typically about 5–10 

km. A typical base elevation angle for scanning precipitation radar is 0.5º. Within 150 km of a 

radar for such an elevation angle, and depending on the distance of a beam from the radar, a 

typical increase in altitude along a radial over a horizontal distance of 10 km is between 100 and 

250 m after accounting for upward refraction of the beam by water vapor (Liebe 1985). Thus, the 

variation in the altitudes along such a radial of data points used to determine the background 

reflectivity is less than the typical vertical resolution (500 m) of gridded, interpolated datasets. 

In view of the above information, a polar coordinate based algorithm can run much like 

the classification scheme of SHY95 but with better spatial resolution. Table D.1 lists and 

describes all of the parameters in the polar coordinate algorithm that can be tuned by a user, 

including several that will be described in Section D.5. As in SHY95, a threshold reflectivity, Zth,  
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Table D.1. List of input parameters in algorithm that can be adjusted by the user. Descriptions of 

each parameter are provided. Values for each used in this study are listed. They are not 

intended for universal use across different datasets. Input should be tuned appropriately 

for a user’s specific environment and radar platform before using the algorithm. 

 
Parameter (Units) Description Value 
Zth (dBZ) Reflectivity threshold at or above which 

echoes are classified as convective  
42 

Rbg (km) Radius within which background 
reflectivity is computed. 

5 

a (dBZ) Factor for comparing echo to background 
reflectivity. See Eq D.1. 

20 
 

b (dBZ) See Eq. D.1.  40 
Rconv (km) Maximum radius around convective core 

for possible uncertain classification 
10 

Zconv (dBZ) Minimum dBZ required for Rconv to apply 48 
Zweak (dBZ) Minimum dBZ for classification as not 

weak echo 
7 

Zshallow (dBZ) Minimum dBZ for classification as 
convective for objects with area less than 
Amed 

28 

Alow (km2) Minimum areal coverage of echo object for 
classification as convective or stratiform 

6 

Amed (km2) Maximum areal coverage of echo object for 
allowing Znewth  = Zshallow 

50 

Ahigh (km2) Minimum areal coverage of echo object for 
assigning Znewth = Zth 

2000 

 

above which all echoes are considered convective, is applied. In convective elements, reflectivity 

often decreases with height, which might necessitate that Zth decrease with increasing range. We 

have implemented a variety of Zth values close to the one currently used (Table D.1) that are a 

function of range (not shown), and none significantly changed the classifications.  Therefore a 

constant Zth is sufficient for the dataset used here. Echoes that are sufficiently higher than 

background reflectivity are also classified as convective following Yuter and Houze (1997). The 

background reflectivity is simply the mean equivalent reflectivity (converted to dBZ) of all 

echoes within a radius of influence Rbg. Distances between radar data points can be found by 
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remapping the data onto a rectilinear grid. Then we use the Pythagorean distance formula to find 

all points within Rbg of the data point under evaluation. Differences in altitude across the grid are 

ignored because they are negligible in the distance calculation over small lengths on the order of 

10 km. Because the original grid is curvilinear, only one such remapping is required for each ring 

of radar data. For a grid point to be considered convective, its reflectivity (in dBZ), if not equal 

to or greater than Zth, must exceed the background reflectivity Zbg by Zcc, such that   

  Zcc = acos
πZbg
2b

!

"
#

$

%
&  (D.1) 

in which a and b are user defined parameters that require adjustment based on the spatial 

resolution of the radar data (Yuter and Houze 1997). SHY95 also classified echoes immediately 

surrounding those identified as convective cores as convective based on the intensity of the 

convective core echo relative to its environment. The maximum distance from convective cores 

within which such echoes could be classified as convective was Rconv. Such echoes could only be 

classified as convective if they were within a radius Radj of the convective core; the value of Radj 

was determined based on the reflectivity of the convective core and could not exceed Rconv. 

However, as we will show in Section D.6, such echoes often contain some stratiform heating 

characteristics. We will instead classify echoes surrounding convective cores as “uncertain” 

regions. Some such echoes may include convective or stratiform echoes as well as transition 

regions as described in Section D.1. The radius Radj is small for echoes in regions of weaker 

background reflectivity to minimize erroneous classification of surrounding weak or stratiform 

echo, such that 
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  Radj =

Rconv , Zbg ≥ Zconv
Rconv −1km,   Zconv > Zbg ≥ Zconv −5dBZ 

Rconv − 2km,    Zconv -5dBZ>Zbg > Zconv −10dBZ
Rconv −3km,  Zconv -10dBZ>Zbg > Zconv −15dBZ
Rconv − 4km, Zbg ≤ Zconv −15dBZ

"

#

$
$
$

%

$
$
$

   (D.2) 

and Zconv is the minimum reflectivity a convective core echo may have so that all surrounding 

echoes within a radius Rconv are classified as uncertain. In Table D.1, we also include the values 

for each parameter used in this appendix. Again, the values used in this appendix are not 

intended for universal use across different datasets. Input must be tuned appropriately before 

using the algorithm. 

D.5 A SIMPLE METHOD FOR IDENTIFYING SHALLOW, ISOLATED, AND WEAK 

CONVECTION  

 The resolution of S-PolKa data along a radial is fine enough to resolve most small 

precipitating elements, and the algorithm described in Section D.4 effectively detects fairly 

intense shallow convection—particularly that embedded within stratiform regions—because it 

uses the lowest sweep of data available instead of data from a fixed height. However, weakly 

reflective shallow and isolated convective echo objects, which may consist of relatively small 

hydrometeors, do not produce a reflectivity that exceeds Zth, nor do large parts of many such 

echo objects sufficiently exceed the background reflectivity. As discussed above, SHY95, which 

runs on an interpolated grid, is not well suited to simultaneously identify shallow and deep 

convection. Generally, wider convective echo objects are associated with stronger or more 

numerous updrafts, either of which causes higher reflectivity by means of suspending larger or 

more numerous hydrometeors. Small, isolated echo objects tend to be associated with young 

convection, convection in unfavorable environments, or convection with weak updrafts; their 
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maximum reflectivities and echo/cloud top heights are, on average, observed to be less than 

those of wider and sometimes isolated but more robust convective entities such as cumulus 

congestus clouds (i.e. Fig. 8 of Hagos et al. 2014a). As suggested by Schumacher and Houze 

(2003), version 7 of the TRMM 2A23 algorithm (Awaka et al. 2009) now classifies small echo 

objects as convective; echo objects that consist of only 1 or 2 contiguous pixels are classified as 

convective based on the premise that isolated entities are usually shallow convection. 

 For echo elements with small areal coverage, we adjust the minimum reflectivity 

threshold required for convective classification to some value less than or equal to Zth. The new 

minimum threshold, Znewth, is a function of the areal coverage of an echo object. Here, we define 

a two-dimensional echo object as any contiguous area of reflectivity on the (r, ϕ) plane in 

exceedance of a minimum echo threshold, Zweak, which represents the minimum reflectivity value 

an echo must have to be classified by our algorithm. Znewth  then is defined as not exceeding Zth 

and has the property: 

  Znewth =

Zshallow , Alow ≤ A≤ Amed

Zshallow +
A

Ahigh - Amed

!

"
##

$

%
&& Zth - Zweak( ) , Amed ≤ A≤ Ahigh

Zth , A> Ahigh

'

(

)
)

*

)
)

 (D.3) 

where A is the area of an echo object, Alow is a user-specified minimum area that echo objects 

must achieve to contain a convective core, Amed is the user-specified area below which 

sufficiently large echo objects are assigned a convective threshold of Zshallow, and Ahigh is a user-

specified area above which all echoes are assigned a convective threshold equal to Zth. Any 

echoes that exceed a reflectivity Znewth (or Zth) are first assigned to the “isolated convective core” 

(or convective) category; the grouping contains mostly echoes that are at or near the center of 

small echo objects. In other words, an echo must have a minimum reflectivity of Zshallow to be 
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classified as isolated convective core. The value of Znewth varies between Zshallow and Zth based on 

the areal coverage of the parent echo object: Echo objects with areal coverages between Amed and 

Ahigh are assigned a Znewth that is linearly interpolated between Zshallow and Zth based on the 

difference between that object’s area and Amed. Echoes that are part of an echo object area with 

area between Alow and Ahigh and with reflectivity less than Znewth are classified as “isolated 

convective fringe”. Per the definition in Eq. D.3, isolated convective fringe mostly contains 

echoes surrounding convective cores in shallow, isolated convection, but some decaying 

convection no longer associated with an active convective core is also included in the category. 

Any echo object with areal coverage less than Alow is considered weak echo, a category which 

also contains, for example, biological echoes or Bragg scatter echoes that are not meaningful in 

studies of precipitating clouds. Table D.2 contains a summary of the six different rain-type  

 

Table D.2. List of echo classifications made by the updated algorithm 
 
Category Description 
Convective Strongest echoes or those with reflectivity much larger 

than the background. Usually contain positive latent 
heating. 

Stratiform Weak precipitating echoes, often associated with large 
systems. Bright band often present near 0ºC level. Latent 
heating maximum (minimum) in upper (lower) 
troposphere usually present. 

Uncertain Surrounds convective cores. Contains echo columns that 
have heating characteristics of either convective or 
stratiform echoes, and sometimes both. Confident 
classification extremely difficult using only reflectivity. 

Isolated Convective Core Strongest echoes in small, echo objects. Often represent 
the cores of developing shallow and isolated convection. 

Isolated Convective Fringe Weaker echoes in small, echo objects. Includes weak, 
decaying convection and echoes surrounding isolated 
convective cores. 

Weak Echo Mostly consists of non-meteorological echo or, 
otherwise, very small, weak features that have little 
implication for latent heating. 
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classification categories discussed above. The portion of the algorithm described in this 

paragraph can be executed on data in any grid, as long as the user knows the area covered by 

each grid cell.  

 Figure D.3c–d shows the 0.5º reflectivity and convective/stratiform classification for the 

same echoes seen in Figure D.3a–b using the new algorithm. Only the eastern half of the domain 

is displayed because the low-elevation radar beam was blocked by vegetation and man-made 

structures west of the radar. Note that we switch from a Cartesian grid in Figure D.3a–b to a 

polar grid in Figure D.3c–d. All of the echoes are now classified, probably more accurately, as 

either weak echo (pink), or isolated convective core (blue)/fringe (light blue). Several instances 

of such improvement occur in particular during convectively suppressed periods or a few days 

prior to the development of large stratiform regions associated with a large-scale convective 

event of the Madden-Julian Oscillation. Such are times when weak, isolated convective elements 

are most likely to be the most common echo object present (Chapter 3).  

 Another example of the new classifications is seen in Figure D.4. The cumulonimbi were 

observed around 0231 UTC, 16 October 2011 (Figure D.4a). At that time, some isolated 

convection and deep and wide convection were present, and stratiform regions of precipitation 

were beginning to develop within the radar domain. As viewed in Figure D.4b, weak echoes 

around the isolated convective cores are classified as isolated convective fringe, and large areas 

around echoes classified as convective (purple) are considered to have uncertain classifications 

(green). In this case, convective cores are generally located near other convective cores such that 

uncertain areas are regions within a larger stratiform region (red) in which convective cores are 

somewhere located. Using a gridded dataset, dividing the uncertain regions more finely into 

convective and stratiform areas might be possible. Biggerstaff and Listemaa (2000) attempted to 
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do so in a Cartesian framework by using the vertical gradient in reflectivity to detect brightbands 

in columns of data. However this approach is not practical when using a polar-coordinate based 

dataset whose data is not stacked vertically, and it requires a volume scan consisting of several 

closely spaced elevation angles to be effective even on an interpolated dataset.  

 Figure D.5 provides a visual representation of the algorithm described in the previous two 

sections. Rectangles represent steps in the algorithm, and ovular shapes depict categorizations of 

echoes.  
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Figure D.4 Same as Figure D.3c–d but at 0231 UTC, 16 October 2011.  
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Figure D.5 Decision tree diagram illustrating the steps of the new convective/stratiform 

classification algorithm. Text inside rectangles depicts decision-making steps, and ovals 

represent final classifications. 
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D.6 EVALUATION OF THE ALGORITHM USING WRF 

 In consideration of the definitions of convective, stratiform, and transition 

precipitation/precipitation of uncertain type, and their related subcategories discussed above, we 

evaluate the accuracy of our classifications using a regional cloud-resolving model to simulate a 

cloud population on which we can test the algorithm. We use version 3.5.1 of the Weather 

Research and Forecasting (WRF; Skamarock et al. 2008) model with a domain located over the 

Indian Ocean. The domain was centered at 0º, 73.15ºE and was 3280 km long zonally by 2240 

km wide. The Mellor-Yamada-Janjic (MYJ) planetary boundary layer scheme (Janjic 1994), 

Rapid Radiative Transfer Model for GCMs (RRTMG) radiation physics (Iacono et al. 2008), 

unified Noah land-surface physics (Ek et al. 2003), and Thompson microphysics (Thompson et 

al. 2008) were used, and cumuli were explicitly resolved. The model resolution was 2 km, and 38 

vertical pressure levels were used with a model top at 50 hPa. The simulation period was 1–20 

October 2011.  

 The run simulated a convectively suppressed period over the central Indian Ocean and a 

build-up of convection into a large-scale convective event of the Madden-Julian Oscillation 

(Chapter 5). Reflectivity output from the model is computed during model integration based on 

hydrometeor concentrations and assumed size distributions output by the microphysics scheme. 

We have run the new algorithm on the simulated reflectivity field. Because S-band radiation is 

not heavily attenuated by water vapor or liquid water, the simulated reflectivities (also at S-band) 

should be similar to reflectivities obtained from greater distances along a radial that starts at a 

point near the surface. 

 The advantage of using a model framework to test the algorithm is that the model 

provides profiles of vertical motion and latent heating, whereas these variables are difficult to 
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obtain using contemporary observational techniques. We can thus verify whether the columns 

classified as convective or stratiform based on the simulated reflectivity field are correctly 

classified. This test is analogous to the test performed with high-resolution dual-Doppler radar 

observations in SHY95. However, dual-Doppler observations were not available in DYNAMO. 

The model output grid is Cartesian, like an interpolated dataset of radar reflectivity. This is not 

problematic because the portion of the algorithm described in Section 4 is essentially that of 

SHY95, which was originally run on a Cartesian grid, and the algorithm in Section 5 can be 

implemented on any type of grid. 

 Figure D.6a–b shows the mean profiles of vertical motion and latent heating in columns 

classified as stratiform (red), convective (purple), uncertain (green), isolated convective core 

(blue), and isolated convective fringe (light blue). Each profile is divided by the absolute value 

of the maximum magnitude of vertical motion or latent heating in the profile, so that the profiles 

shown have magnitudes between –1 and 1 at all pressure levels. In general, vertical motions have 

the same sign and relative magnitudes as latent heating. Stratiform regions have a maximum in 

upward motion near 300 hPa and a maximum in downward motion near 600 hPa. The profile 

indicates near zero or slightly positive vertical motion and a small peak in stratiform heating 

below 800 hPa. This possibly occurred because shallow convection was frequently produced by 

the model below 2.5 km, and weak convection embedded within large stratiform regions will 

often be classified by our algorithm as stratiform because the echoes above the shallow 

convection are weak, horizontally uniform, and consistent with stratiform precipitation echoes. 

The stratiform category may also erroneously include a small number of echoes that are 

structurally and microphysically part of isolated convective entities but are still connected to 

larger systems via contiguous precipitation echoes.   
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Figure D.6 Mean profiles of a) vertical motion and b) latent heating in stratiform (red), 

convective (purple), uncertain (green), isolated convective core (blue), and isolated convective 

fringe (light blue) echo as simulated in WRF using the new rain-type classification algorithm. 

Each profile is normalized by dividing the entire profile by the absolute value of the largest 

magnitude of vertical motion in the profile. c–d) Same as a–b, but for stratiform and convective 

elements when using the SHY95 algorithm.   



 

 

243 

 Convective echoes consist of a deep layer of upward motion, with a maximum between 

500 and 600 hPa. Downward motion is seen below 800 hPa, and it may be related to downdrafts 

occurring in the most heavily precipitating convective cores. Low-level upward motion is more 

likely to occur outside of the convective precipitation cores in transition regions. Uncertain 

regions, which sometimes represent transition regions of the type described by Biggerstaff and 

Houze (1993), demonstrate upward motion throughout the column on average, but with two 

maxima. One maximum is located between 700 and 800 hPa, and is likely related to updrafts into 

nearby deep convective cores. A minimum occurs around 550 hPa, and the other maximum 

occurs near 300 hPa, where the maximum in stratiform upward motion was located. Thus, the 

uncertain category contains some echoes that possess heating and vertical motion profiles 

consistent with convective elements and others with stratiform regions. Isolated convective cores 

associated with horizontally smaller echo objects have profiles that are distinctly different from 

those of stronger convective cores. Upward motion and heating extend up to 400–500 hPa with 

maxima near 700 hPa, indicating that, on average, the echoes classified as isolated convection 

are, as we expect, usually shallower than more intense convective cores. Profiles for isolated 

convective fringe are similar to those for isolated convective cores, but with maxima near 800 

hPa and downward motion/cooling in clear air above 700 hPa. Most of these echoes are therefore 

probably echoes surrounding those classified as isolated convective cores, and the two categories 

can probably be combined in cases for which large amounts of decaying convection are not 

obviously present. 

 Panels c and d in Figure D.6 depict the profiles of vertical motion and heating in model 

columns classified as stratiform (purple) or convective (red) using the SHY95 algorithm and the 

same input parameters as in Table D.1 (except Rconv = 5 km).  Convective vertical motion and 
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heating are similar to that determined using the updated algorithm, with a maximum in upward 

motion and heating between 500 and 600 hPa. Most strikingly, the stratiform category contains 

heating and upward motion that peaks near 300 hPa, but it also contains a secondary peak—with 

nearly the same magnitude—around 800 hPa, not far from the level of peak vertical motion and 

heating in isolated convection as classified by the updated algorithm. The low-level “stratiform” 

heating as depicted by the model when using the SHY95 algorithm is present because SHY95 

erroneous classifies most of isolated echoes as stratiform (e.g. Figure D.3). Clearly, the inclusion 

of additional rain-type categories for isolated convection vastly improves the classification.  

 Above when using the updated algorithm, we used the same value for Rconv as seen in 

Table D.1. In other words, any echo within 10 km of a convective core that was not itself a 

convective core was placed into the uncertain category. Ideally, our goal should be to minimize 

the areal coverage of echo classified as uncertain. We repeated the above procedure, instead 

setting Rconv = 5 km, the value used originally by SHY95. The resulting profiles of vertical 

velocity are shown in Figure D.7. Two small, but important, changes are noted. First, a 

maximum in normalized upward motion of almost 0.2 is seen in stratiform regions near 850 hPa. 

In other words, the mean vertical motion at 850 hPa is 20% of the mean vertical motion at the 

level (300 hPa) at which stratiform upward motion is maximum. Second, the normalized vertical 

velocity at 300 hPa in uncertain regions drops from over 0.9 to slightly above 0.7. These results 

are not surprising. When Rconv is reduced, the frequency of stratiform echo being placed into the 

uncertain category decreases, and the uncertain category assumes a slightly more convective 

profile. However, more convective echo is also allowed into the stratiform category, and so we 

see appreciable low-level vertical motion. In other words, setting Rconv to 5 km probably 

overstates our confidence in how close to a convective core we can differentiate between  
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Figure D.7. Same as Figure D.5a, but for Rconv = 5 km. 
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convective and stratiform entities. A value of Rconv = 10 km minimizes the low-level stratiform 

heating and upward motion, while larger values (not shown) have little additional effect other 

than making the profile of vertical motion in uncertain regions more like what we expect in 

stratiform regions. 

 Although our classification improves upon the SHY95 rain-type, some problems remain. 

Because distributions of vertical motion or latent heating between all categories overlap, it is 

therefore probably not a good idea to use any convective/stratiform classification algorithm, 

including this one, to confidently classify any particular single echo. Instead, one can apply the 

algorithm to large datasets and determine differences between the various categories of 

convection on average. We have shown here that, on average, significant differences in vertical 

motion and latent heating do exist for the categories used in our new classification algorithm. 

Therefore, we advocate inclusion of the new features for identifying weak echo, isolated 

convection, and uncertain echoes in addition to the basic convective and stratiform categories. 

D.7 RAINFALL ESTIMATES USING THE UPDATED ALGORITHM 

 Rainfall estimates are obtained using a hybrid rain rate algorithm 

(http://www.eol.ucar.edu/projects/dynamo/spol/parameters/rain_rate/rain_rates.html) with data 

from the 0.5º elevation scans. The estimated daily-averaged rain rates for each category in the 

eastern half of the S-PolKa domain are shown in Figure D.8. The stacked bar chart shows the 

relevant contributions of each category to the total precipitation estimated for each day. The 

color scheme is consistent with that displayed in Figures D.3, D.4, and D.6–D.8. Most of the 

precipitation that occurred during convectively suppressed periods, such as in early October and 

early November, fell within isolated convective entities. On such days, the total rainfall amount 

was usually 10 mm or less. During more convectively active days, the contribution of convective  
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Figure D.8. Stacked bar chart showing the cumulative daily-averaged precipitation amounts 

(mm) during DYNAMO classified as convective (purple), stratiform (red), uncertain (green), 

isolated convective core (blue), and isolated convective fringe (light blue). Rainfall estimates are 

made using reflectivity along the 0.5º elevation angle in the eastern half of the radar domain as 

described in the text. 
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and stratiform precipitation was frequently at least 10–20 mm. The contribution of rainfall with 

uncertain classification during such periods often exceeds the contribution of precipitation more 

confidently classified as convective or stratiform. While much of the uncertain precipitation 

could be classified into convective or stratiform categories if the associated profile of vertical 

motion or diabatic heating were known, our results highlight the fact that the use of the 

reflectivity field alone requires that a large fraction of the total precipitation on convectively 

active days cannot be classified into either rain-type category. 

 Figure D.9, like Figure D.1, shows a time series of the relative percentages of 

precipitation classified as convective or stratiform, but in this instance the results are based on 

the algorithm detailed in this appendix. In this figure, convective precipitation includes 

contributions from the isolated convective core and fringe categories. In Figure D.1, at least 10% 

of precipitation was attributed to stratiform elements at all times—even when stratiform was 

obviously not present. The relative percentage of stratiform depicted in Figure D.9 is usually 

near 0% for very suppressed days during DYNAMO (first halves of October and November, and 

late December through mid-January) and the large relative amount of stratiform precipitation 

depicted in Figure D.1 in January is mostly eliminated. Most of the echoes occurring in January 

that had been classified as stratiform are now classified as isolated convective core or fringe. 

During convectively active periods when large stratiform regions are present (particularly the 

second halves of October and November and mid-December) the percentage of precipitation 

classified as convective, stratiform, or uncertain, is typically 30–60%, 10–25%, and 30–50%, 

respectively. 
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Figure D.9. Fraction of total rainfall observed by S-PolKa during DYNAMO that was classified 

as convective, stratiform, or uncertain using the updated algorithm and reflectivity along the 0.5º 

elevation angle. Isolated convective categories are included into the convective rainfall fraction. 
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D.8 CONCLUSIONS 

 We have adapted a radar-based classification of convective and stratiform rain type from 

Steiner et al. (1995) and Yuter and Houze (1997) for use in the polar coordinate system in which  

radar data is naturally obtained. By doing so, we do not require interpolation of radar data, and 

we can take advantage of the accuracy and high resolution of the reflectivity as it is measured 

along a radial beam. By using data along beams at a low elevation angle, we obtain a more 

accurate and detailed classification of the rain type likely observed at the surface beneath an echo 

object. Importantly, we are able to more effectively detect particularly shallow convective 

elements embedded within large stratiform regions. However because our algorithm uses data 

along the lowest available scan angle, it will detect more of the shallowest convection closest to 

the radar site and less near the edges of a radar domain. The severity of such bias depends on the 

value of the lowest elevation angle available. In any case, one should use caution when 

considering statistics of the isolated convective echoes over an entire radar domain. 

In addition, we have created a simple, yet effective, way of classifying echo objects based 

on their apparent lateral size, such that smaller echo objects are more likely to have convective 

origins even if they have fairly low reflectivities. A shallow, isolated convection algorithm 

prevents the erroneous classification of convective echo as stratiform, a problem that occurs 

when using the SHY95 algorithm in conditions where shallow cumuliform clouds are the 

dominant cloud type present. Large majorities of precipitation observed during convectively 

suppressed periods are attributed to such weak, and often isolated, convective echoes. Additional 

categories further divide convection based on the implicit uncertainty of convective/stratiform 

classification in the area surrounding convective cores. We find that a large portion of 

precipitation near convective cores classified by SHY95 as either convective or stratiform should 
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not actually be confidently included in either category. Within as much as 10 km of a convective 

core, echoes may take on vertical motion and latent heating characteristics of either convective 

or stratiform regions and sometimes both.  

 Using the lowest scan angle for the convective/stratiform classification can also allow for 

identification of echoes much closer to the radar than SHY95 allows on a Cartesian grid at fixed 

height. In the absence of clutter, or after running an algorithm designed to eliminate clutter, the 

convective/stratiform algorithm herein can be run using data at each tilt angle to provide high 

temporal resolution of small echo objects passing within a few kilometers of a radar. Such may 

be particularly useful for identifying small convective elements that pass over a nearby vertically 

pointing instrument. For example, during DYNAMO, a vertically pointing Ka-band cloud radar 

(KAZR) was located a few kilometers southeast of S-PolKa (see Figure 2.1). 

 Future methods to identify rain-type will likely take into account polarimetric variables 

not used in this appendix in order to make classifications of echoes based on the microphysical 

process(es) most likely occurring within each. A rain-type classification using only reflectivity, 

such as described herein will remain important as a first guess that can be refined by multi-

polarimetric observations.  Also, as of writing this dissertation, some currently used research 

radars and many operational radars around the world do not yet have polarization capabilities. 

Furthermore, the method can be used retroactively on data from non-polarized radar such as 

WSR-88D radars in the U. S. prior to deployment of dual-polarization capabilities on those 

platforms.  

 Finally, we note that the methodology detailed herein is optimized for use in tropical 

environments where the 0ºC level is well above the beam on the lowest elevation angle out to 

150 km, and where stratiform precipitation is that associated with mature or developing 
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mesoscale convective systems. One should use caution when identifying convective and 

stratiform elements using such a method in other environments. In wintertime frontal situations, 

the stratiform precipitation is produced by frontogenetic mechanisms, and the snow layer may be 

close to or in contact with the ground or ocean. In tropical cyclones, stratiform precipitation may 

be due to the secondary circulation of the vortex. Algorithms for identifying these other types of 

stratiform precipitation may need to emphasize different aspects of the radar observations. They 

are beyond the scope of this appendix.  
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